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S U M M A R Y
Volcanic eruptions in Iceland generally start with an increase in tremor levels. These signals
do not have clear onset, like many earthquakes. As the character of the tremor signal is variable
from one volcano to another, locating the source of the tremor signal may require different
techniques for different volcanoes. Continuous volcanic tremor varied considerably during
the course of the Eyjafjallajökull summit eruption, 14 April to 22 May 2010, and was clearly
associated with changes in eruptive style. The tremor frequencies ranged between 0.5 and
10 Hz, with increased vigour during an effusive and explosive phase, in comparison with
purely explosive phases. Higher-frequency tremor bursts early in the eruption were caused by
processes at the eruption site. Location of the tremor using a method based on differential
phase information extracted from interstation correlograms showed the tremor to be stable
near the eruption vent, through time, for signals between 0.5 and 2 Hz. Analyses of power
variations of the vertical component of the tremor with distance from the eruption site are
consistent with tremor waveform content being dominated by surface waves in the 0.5–2 Hz
frequency range. The tremor source depth was argued to be shallow, less than about 1 km.
The attenuation quality factor (Q) was found to be on the order of Q = 10–20 for paths in
the area around Eyjafjallajökull and Q = 20–50 for paths outside the volcano. The pattern of
radiated wave energy from the tremor source varied with time, defining ten different epochs
during the eruption. Thus the tremor-source radiation did not remain isotropic, which needs
to be considered when locating tremor based on amplitude, that is azimuthally variable source
radiation.
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1 I N T RO D U C T I O N

Understanding the mechanics and behaviour of a volcano forms
the basis for managing the risk associated with it. Although both
geophysical and geochemical monitoring methods have advanced
substantially in recent years, detailed understanding of signals emit-
ted by active volcanoes, is still limited. Elevated levels of seismicity
beneath volcanoes have long been interpreted as evidence of magma
accumulation or migration (e.g. Hidayati et al. 2007; Pedersen et al.
2007; Woods et al. 2018). Accurate locations of seismic signals
originating within an active volcano are important to track move-
ments of magma at depth as well as the propagation of shallow
magmatic dikes and sills (e.g. Tarasewicz et al. 2012b; Ágústsdóttir
et al. 2016; Eibl et al. 2017a, and references therein).

An abrupt decrease of propagating volcano-tectonic seismicity
at the initiation of continuous volcanic tremor has been repeat-
edly observed at the beginning of volcanic eruptions in Iceland,

for example Surtsey 1963, Heimaey 1973, Krafla during 1975–
1984, Hekla 1970, 1980, 1991 and 2000, Bárdarbunga-Gjálp 1996,
Grı́msvötn 1998, 2004 and 2010 and Holuhraun 2014 (Sigtryg-
gsson & Sigurdsson 1966; Thorarinsson et al. 1973; Einarsson
et al. 1997; Soosalu et al. 2005; Vogfjörd et al. 2005; Pedersen
et al. 2007; Jakobsdóttir 2008; Tarasewicz et al. 2012a; Ágústsdóttir
et al. 2016; Eibl et al. 2017b; Einarsson 2018; Ágústsdóttir et al.
2019). While earthquakes have been clearly related to both lat-
eral and vertical dike propagation, the physical origin of volcanic
tremor is not well understood. Eibl et al. (2017b) speculate that
a swarm of temporally overlapping microseismic events are the
cause of the pre-eruptive tremor associated with the 2014 Holuhraun
eruption.

Volcanic tremor is a signal recorded at seismic stations in the
vicinity of volcanoes and hydrothermal areas. The characteristics
of volcanic tremor vary, not only from one volcano to another,
but also between eruptions of the same volcano (e.g. Hofstetter &

C© The Author(s) 2021. Published by Oxford University Press on behalf of The Royal Astronomical Society. 1015

D
ow

nloaded from
 https://academ

ic.oup.com
/gji/article/228/2/1015/6373928 by guest on 10 April 2024

http://orcid.org/0000-0003-4633-106X
http://orcid.org/0000-0002-1402-8341
http://orcid.org/0000-0001-6430-1062
mailto:ab@isor.is
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Malone 1986). For a comprehensive overview of volcanic tremor,
see Konstantinou & Schlindwein (2003).

Konstantinou & Schlindwein (2003) defined volcanic tremor as
‘a persistent seismic signal that is observed only near active volca-
noes, lasting from several minutes to several days, preceding and/or
accompanying most volcanic eruptions’ (Fehler 1983; Julian 1994;
Ripepe 1996; Métaxian et al. 1997). Volcanic tremor is usually at-
tributed to fluid movement within the volcano. Such signals have
been modelled as: fluid-filled tensile-cracks (Aki et al. 1977), in
which tremor is produced by an excess pressure in the magma that
results in a jerky opening of the crack; as a non-linear excitation by
fluid flow (Julian 1994); as an acoustic resonance of a fluid-filled
volcanic pipe triggered by excess gas pressure (Chouet 1985); as a
continuous bursting of small gas bubbles in the upper part of the
magmatic column (Ripepe 1996); and as repeating occurrence of
long-period or stick-slip events (e.g. Neuberg et al. 2000; Hotovec
et al. 2013). Although the cause of volcanic tremor is not always
the same, it is usually attributed to magma movement related to on-
going processes at a volcano at any given time. Therefore, analyses
of tremor can give valuable insights into magma dynamics within a
volcano.

The character of tremor signals varies; it can be characterized
by a fundamental frequency and its harmonics (e.g. Mt Semeru,
Schlindwein et al. 1995), a monochromatic peak (e.g. Mt Ruapehu
Hurst 1992), tremor bursts with quiescence in between (e.g. Mt
Miyakejima Fujita 2008), continuous tremor with varying ampli-
tude (e.g. Mt Krafla Brandsdóttir & Einarsson 1992) or by a series
of long-period earthquakes that occur so densely in time that they
merge into a continuous tremor signal (Neuberg et al. 2000; Bap-
tie et al. 2002). Also, tremor signal from the same eruption can
have different sources like Eibl et al. (2017b) found in the 2014
Holuhraun eruption, Iceland. These are only a few examples of how
volcanic tremor has been classified.

Locating volcanic tremor is not possible using standard arrival
time methods as it does usually not have a clear onset. There are a
few exceptions (Aki et al. 1977; Fehler 1983). Also, the heterogene-
ity of volcanoes and potentially strong site effects (e.g. topography)
add to the complexity of the location problem. Therefore, other
techniques have been developed to locate the tremor sources. These
include analysis of amplitude decay of the signal with distance from
the source (e.g. Gottschämmer & Surono 2000; Battaglia & Aki
2003; Di Grazia et al. 2006), where the source is assumed to radiate
isotropically. If the source behaves as such, the method works well.
However, this is not always the case, as in the 2010 Eyjafjallajökull
summit eruption, reported in this paper.

Exploiting differential-phase information by waveform-
semblance and beam-forming methods across a dense array of seis-
mographs (e.g. Furumoto et al. 1990, 1992; Wassermann 1997; Eibl
et al. 2017a) or by cross correlating adjacent recordings of tremor
(Gudmundsson & Brandsdóttir 2010; Ballmer et al. 2013; Droznin
et al. 2015; Li et al. 2017b, a; Sgattoni et al. 2017) has proven to
work well in several areas in order to locate tremor sources. In the
former, the direction to the source and wave velocity or slowness are
determined. In the latter, the time series from two seismographs in
the vicinity of the tremor source(s) are cross-correlated to reveal the
signal at the time delay that corresponds to the differential distance
from the dominant source to the two receivers. If the tremor contains
significant surface wave energy and a suitable surface wave speed
is used, the correlograms can be back projected two dimensionally
and stacked to reveal an image map of possible source locations (Li
et al. 2017a).

Here we analyse tremor associated with the 2010 Eyjafjallajökull
summit eruption. First, tremor is located with a probabilistic in-
ference method based on interstation correlograms (Section 5.2).
Secondly, the power-spectral amplitude of the tremor is analysed to
estimate wave attenuation (Section 6.1), the geometrical spreading
of the tremor waves (Section 6.2) and station corrections combin-
ing propagation and site effects (Section 6.3). Spectral amplitudes
relative to a fixed reference station vary with time indicating that
the power-radiation pattern of the source varies with time.

2 E Y JA F JA L L A J Ö K U L L V O L C A N O

Eyjafjallajökull is a 1651 m high east–west oriented stratovolcano
(Fig. 1), partly covered by a glacier. It is located in southern Iceland,
next to the subglacial Katla volcano. It extends 25 km in the east–
west direction, 15 km in the north–south direction, and its southern
cliffs lie only a few kilometres from Iceland’s southern coastline.
Its caldera is small, only 2.5 km wide, and ice filled.

Four known eruptions have occurred in Eyjafjallajökull during
the past 1200 yr, including the most recent in 2010. In the 10th
century a trachytic lava eruption with mafic and silicic tephra com-
ponents formed the NW trending Skerin ridge (Óskarsson 2009)
about 2 km WNW from the caldera. A poorly described eruption
took place in 1612 or 1613 (Jónsson 1774; Larsen et al. 1999). A
summit eruption between December 1821 and January 1823 pro-
duced highly silicic magma (Larsen et al. 1999; Gudmundsson et al.
2010).

In the past 30 yr, four periods of unrest have taken place in Ey-
jafjallajökull. In 1994 and 1999–2000 earthquakes and uplift were
recorded and modelled as two horizontal sill intrusions (Dahm &
Brandsdóttir 1997; Sturkell et al. 2003; Pedersen & Sigmunds-
son 2004, 2006; Hooper et al. 2009) and in 1996 a deep earth-
quake swarm at 20–25 km depth was detected (Hjaltadóttir et al.
2015). Two eruptions took place in 2010, first an effusive eruption
at Fimmvörduháls on the eastern flank of the volcano (F in Fig. 1),
then a mostly explosive eruption in the summit caldera of Eyjafjal-
lajökull (E in Fig. 1). Prior to the two eruptions uplift and enhanced
seismicity were recorded (Sigmundsson et al. 2010; Tarasewicz
et al. 2011, 2012a, 2014).

Gudmundsson et al. (2012) divided the 2010 Eyjafjallajökull
eruption into four phases based on a combination of various data
sets, including tephra fallout data, tephra dispersal outside Iceland
and plume height (Table 1).

3 DATA

The data used in this study come from 12 seismographs (see Fig. 1),
six of which (bas, esk, god, mid, hvo, hau) are a part of the SIL
network operated by the Icelandic Meteorological Office (IMO)
and six (bar, fag, fim, gig, sel, nup) were temporarily deployed by
the Institute of Earth Sciences, University of Iceland. The station
locations are listed in Table 2 together with their distance and az-
imuth from the summit eruption site. All stations were equipped
with Lennartz 5 s seismometers except for station god that had a
broad-band GURALP CMG-3ESPC seismometer. The SIL stations
record continuous data, with some short gaps due to data transmis-
sion problems, to a central recording facility. The temporary stations
were all deployed before the beginning of the eruption, except for
station bar that was deployed on 9th May. Short gaps occurred at
most of the temporary stations due to power outages. Fig. 2 shows
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Figure 1. Observation sites and setting of Eyjafjallajökull. Red inverted triangles are seismic stations, green and blue triangles are the Markarfljót and
Gı́gjökulsárlón flood gauges, respectively, and solid and hatched lines are outlines of central volcanic systems and calderas, respectively. E = Eyjafjallajökull,
F = Fimmvörduháls, K = Katla, G = Gı́gjökull. Yellow stars indicate locations of the eruption sites of the flank eruption on Fimmvörduháls and the summit
eruption of Eyjafjallajökull. Orange and green lines are eruptive fissures and faults, respectively [data compiled by Einarsson & Hjartardóttir (2015), see
references therein].

Table 1. Phases of the eruption as described by Gudmundsson et al. (2012).

Phase Duration Description

I April 14–18 First explosive phase including several hours of jökulhlaups (meltwater floods) on April 14–15.
II April 18–May 4 Effusive-explosive phase. Weak explosive activity and lava effusion as a 3-km-long lava flow

formed when magma flowed towards the north out of the caldera
III May 5–17 Second explosive phase. A new explosive phase with a change in melt composition.
IV May 18–22 Final phase. The power from the eruption steadily decreased.

Table 2. Station locations, distances and azimuths relative to the summit eruption site at (–19.6365,63.629, Magnússon et al. 2012).

Station Longitude Latitude Elevation Dist. from eruption site Azimuth from eruption site
[m] [km] Degrees east of north

bas 63.67570 −19.47592 300 9.5 56
bar 63.71702 −19.77526 130 11.9 326
esk 63.52503 −19.45080 100 14.7 140
fag 63.67951 −19.59486 200 6.0 21
fim 63.60665 −19.43766 860 10.1 102
god 63.65976 −19.32236 1200 15.9 77
gig 63.68388 −19.65865 162 6.2 350
hau 63.52610 −18.84781 200 40.6 337
hvo 63.96851 −19.96471 100 41.1 106
mid 63.65833 −19.88573 130 12.7 286
nup 63.57787 −19.85037 30 12.0 243
sel 63.55901 −19.62575 70 7.8 175
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the recording history of the stations in vertical component spec-
trograms covering the eruption period. All stations were operated
at 100 samples per second with GPS timing. All records were cal-
ibrated in physical units (μm s–1) and the response of the single
broad-band instrument replaced by that of a Lennartz 5 s sensor.
Further processing steps were taken in some parts of the analyses
and they are described where applicable in subsequent text. In the
body of this paper we present results based on the vertical (Z) com-
ponent recordings of 11 seismographs. We do not use station gig
in other than the initial analyses as it was dismantled 2 d into the
eruption. Results based on the horizontal components are presented
in Appendices.

4 T H E E Y JA FA L L A J Ö K U L L T R E M O R

Tremor associated with the 2010 Eyjafjallajökull summit eruption
was first recorded at the onset of the eruption. The tremor con-
tinued throughout the eruption (14 April to 22 May 2010) with
variable intensity and faded towards its end. It was characterized by
a broad frequency range up to 10 Hz at stations close to the source
(Fig. 2). Tremor levels at stations, 40 km away from the eruption
site, exceeded the background noise during the first two phases of
the eruption (Table 1). Time invariant spectral peaks appear as hor-
izontal bands in the spectrograms in Fig. 2, sometimes extending
throughout the eruption period, for example spectral peaks between
0.8 and 2 Hz at most of the near-field stations. Variations in the
tremor intensity at different stations are dependent on attenuation
along the propagation path. Spectral peaks become less clear when
the power of the eruption declines, and do not correlate in frequency
for all stations. This may be due to resonances in the propagation
process

The temporal evolution of tremor amplitude spanning the four
phases of the eruption is shown at two seismic stations (fag and nup)
in Figs 3(a) and (b). Here the amplitude is the rms amplitude over 1-
hr time windows, without any overlap. The time evolution displays
a distinct character within each phase of the eruption. During the
first explosive phase (I) the tremor amplitude was highly variable.
In particular two distinct and short-lived (≈2 hr) peaks are apparent
in Figs 2, 3(a) and (b) that occurred on 14 April and late on 15 April
(see details in Fig. 4).

During the 17-day-long effusive-explosive phase II the amplitude
of the tremor was high and relatively stable. The lava advanced
slowly within the summit region (<100 m d–1) during April 18–26,
thickening to 80–100 m under ice that was initially 150–200 m
thick (Oddsson et al. 2016). During April 30 to May 4 a more rapid
advance (up to 500 m d–1) formed a thinner (10–20 m) lava flow on
the slopes outside the caldera where the ice was 60–100 m thick
(Oddsson et al. 2016). Interestingly, during the slow advance of
the lava the tremor in the 0.5–1 Hz band decreased gradually, but
during the faster advance of the lava, the tremor slowly increased
again with time.

During the explosive phase III the tremor amplitude decayed
steadily and during phase IV it dropped rapidly after an initial,
short stable period.

The temporal evolution of the tremor during the first 2.5 d of
the eruption is shown in Fig. 4. The first signs of an imminent
eruption was an intense microearthquake swarm at 22:30 on 13th
April (Tarasewicz et al. 2012a; Karlsdóttir et al. 2012, 1 in Fig. 5),
with earthquake locations clustered at 4–5 km depth within the
caldera (Tarasewicz et al. 2012a). Shortly after that, at 23:00, an-
other microearthquake swarm started at about 1 km depth followed

by elevated tremor levels (1a in Fig. 5). As microearthquake activity
ceased tremor levels became steady at approximately 1:10 on 14th
April (2 in Fig. 5). As stated in the introduction, character such as
this, ceasing microearthquake activity and increasing tremor levels,
are a signs of the start of an eruption. Therefore, we assume that the
eruption started at this time.

Magnússon et al. (2012) compiled the detailed course of events
during the first few days of the eruption using SAR images, includ-
ing observations of jökulhlaups (meltwater floods) associated with
glacier melting. Four main tremor peaks are observed (T1, T2, T3
and T4 in Figs 4a–c). These can also be seen in spectrograms (Fig. 2)
at the very beginning as two vertical bands. Discharge data (Ice-
landic Meteoroglogical Office 2019b) from a gauge in Markarfljót
(see location of the gauge in Fig. 1) shows four main flood peaks
(Fig. 4d). The first two flood peaks occurred on 14th April, at about
11:20 and 19:10 for the first and second flood peaks, respectively.
The third flow peak occurred at about 20:00 on 15th April and the
fourth one near midnight on 16th April. A more detailed discussion
on the tremor during the first 2.5 d is in the discussion section.

5 T R E M O R L O C AT I O N

5.1 Locating tremor with probabilistic inference

Earthquakes have a clear onset, which is used to locate them.
Tremor-like signals do not have a clear onset and several methods,
using differential-phase information, have recently been presented
in the literature to locate such signals. A number of the methods are
variations of the same theme that exploits the correlation of pairs of
recordings of the tremor signal. This yields information about dif-
ferential distance to the tremor source (Haney 2010; Gudmundsson
& Brandsdóttir 2010; Ballmer et al. 2013; Droznin et al. 2015; Sgat-
toni et al. 2017). A common feature of these methods is that some
attribute of the correlograms (e.g. their envelope functions) is back
projected in two-dimensions and stacked to construct an image of
the source (distribution). These methods can be regarded as imaging
methods (imaging apparent back-projected energy emission) and do
not provide direct information about uncertainty.

Li et al. (2017b) introduced double correlation to suppress corre-
lated noise in the correlograms. They simulated test tremor from the
Katla volcano (Sgattoni et al. 2017) in terms of a primary source and
multiple scattered phases (with random orientation, random ampli-
tude, random scattering width). The correlogram envelopes appear
as a distributed signal with oscillatory decay away from a central
maximal peak at the time shift of the primary source. The scattered
content of the tremor constitutes noise in the correlograms from
the perspective of locating the source(s) that is partially correlated
from one correlogram to another. They also showed, by a synthetic
study, that if the back projection is done with a suitable surface wave
velocity, it suffices that the tremor contains a significant amount of
energy in surface waves, that is it need not be dominated by sur-
face waves. This is because any potential body wave component of
the tremor signal will not be back projected coherently and there-
fore does not stack constructively. Li et al. (2017a) went further to
introduce higher-order products of correlograms (than the second
order of double correlation), thereby achieving further suppression
of correlated noise in the correlograms.

Li & Gudmundsson (2020) further verified that tremor at Katla
volcano could be simulated in terms of a primary source and mul-
tiple scattered phases and cast the location task in probabilistic
terms. They applied Bayes Rule to map the correlogram envelopes
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Figure 2. Z-component spectrograms spanning the entire eruption period for all eleven stations used. The station name and distance from the eruption site is
given in each frame. The spectrograms were calculated using hour-long windows. The secondary microseisms are visible in the spectrograms with a peak at
0.2 Hz. The phases of the eruption (I–IV) are separated with a black dashed line.

D
ow

nloaded from
 https://academ

ic.oup.com
/gji/article/228/2/1015/6373928 by guest on 10 April 2024
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Figure 3. Semi-log plots of normalized 1-hr-RMS amplitudes during the
2010 Eyjafjallajökull summit eruption for stations nup (a) and fag (b) for
three different frequency ranges [0.5–1 Hz (black), 1–2 Hz (red) and 2–4 Hz
(blue)], normalized by the maximum amplitude of the 0.5–1 Hz frequency
range. They are normalized for a better comparison between stations. (c)
Ratio between the 1-hr-RMS for the 0.5–1 and 2–4 Hz during the course of
the eruption for nup (red) and fag (blue). Note that the scales for the two
stations are different. (d) A 6-hr average of the top height of the eruption
plume (km a.s.l.). The bars represent one standard deviation. Data from
Arason et al. (2011). Four different phases, as defined by Gudmundsson
et al. (2012), are indicated (I–IV).

into a probability density based on the distribution of its noise.
Subsequently, they mapped this probability density into a likeli-
hood function for location of the primary source of the tremor
given a single correlogram. Finally, the product of all such single-
correlogram likelihood functions yields the total likelihood for the
tremor location assuming that different correlograms give indepen-
dent information. Their method can be seen as an inference method
since it yields a location estimate as well as an indication of its
uncertainty.

We find that correlograms of the Eyjafjallajökull tremor have sim-
ilar characteristics to those of tremor at nearby Katla and applied the
method of Li & Gudmundsson (2020) to locate the primary source
of the Eyjafjallajökull tremor. Before calculating cross correlations
the mean of each seismogram was removed and the data were low-
pass filtered at 4 Hz and then decimated from 100 to 10 samples per
second. Data were corrected for instrument response and a 1-bit,
time-domain normalization was applied. Seismograms were then
correlated. The frequency content of the tremor signal overlaps with
the secondary microseisms that peak at roughly 0.2 Hz (Fig. 2). The
lower limit of the lowest frequency band to be analysed was chosen
at 0.5 Hz in order to avoid overlap with the microseisms. The cor-
relograms were filtered in three frequency bands; 0.5–1 Hz, 1–2 Hz

Figure 4. Course of events during the first 2.5 d of the eruption. (a) Spec-
trogram from the station gig, calculated from 2-min-long windows. Dashed
boxes outline time-span of parts A and B of Fig. 5. Black boxes outline the
four tremor pulses observerd, T1–T4. B Root mean square amplitude over 2
minutes for stations gig. Black, red and blue are the 0.5–1 Hz, 1–2 Hz and
2–4 Hz frequency bands, respectively, normalized by the maximum ampli-
tude of the 0.5-1 Hz at station gig. Shaded areas indicate four tremor pulses
observed, T1–T4. 1 and 2 refer to the onset of an microearthquake swarm
and the onset of the eruption (Karlsdóttir et al. 2012) when tremor levels
increased considerably. C Same as B at station god. D Flow data from a
gauge in Markarfljót (Icelandic Meteoroglogical Office 2019b) (blue) and
water level at a gauge just north of Gı́gjökull (black) (Icelandic Meteorog-
logical Office 2019a), see gauge locations in Fig. 1. The gauge just north
of Gı́gjökull washed away with the first flood. Flow peaks T1–T4 correlate
fairly well with the corresponding tremor peaks. See text for detail.

and 2–4 Hz. Examples of the temporal evolution of the envelopes
of daily correlograms are shown in Fig. 6 for two station pairs. The
character is different for the three frequency bands shown, with the
signal becoming more complex as frequency increases. The signal
is very stable for the 0.5–1 Hz band (Figs 6a and b) during the
course of the eruption. This is also the case for the 1–2 Hz band
(Fig. 6c) for the majority of the station-pairs, although a few pairs
exhibit a little more complexity (e.g. mid-fag, Fig. 6d) where a shift
to larger negative differential time is suggested at the very end of
the eruption. In the 2–4 Hz band, the signal spans a broader range of
time shifts, which we attribute to enhanced scattering with increased
frequency. Again, the correlograms for station pair mid-fag suggest
a shift to larger negative time shifts at the end of the eruption. It is in
this highest frequency range that the temporal changes in the signal
correlate best with the eruption history as defined by Gudmundsson
et al. (2012, Figs 6e and f).

The stations used for locating the tremor were the ones closest to
the eruption site (bas, esk, fag, fim, god, nup, mid, sel) as the signal
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Volcanic tremor of the 2010 Eyjafjallajökull eruption 1021

Figure 5. (a) Amplitude spectra on 14th April for the first few hours of the eruption at station gig (top panel), normalized RMS for station gig (colours and
normalization as in Fig. 4b); (middle panel) and depth of earthquakes in the caldera (from Tarasewicz et al. (2012a)). Note decrease in hypocentral depth at 1a
and diminishing seismic activity prior to the onset of the eruption at 2. (b) Spectrogram of station gig during tremor pulse T3 (black box) on 15th April. The
spectrograms were computed using 2-min-long windows. See text for details.

in the cross correlations for pairs including stations farther away
(>40 km) was weaker and less distinct. A homogeneous velocity
distribution was used for the back projection. In the method of
Li & Gudmundsson (2020) the envelopes of the correlogram is
back projected in two dimensions. Therefore, the appropriate choice
of velocity is group velocity of a surface wave. We used group
velocities of v = 1.4, 1.3 and 1.2 km s–1 for the 0.5–1 Hz, 1–
2 Hz and 2–4 Hz frequency bands, respectively. These velocities are
smooth extrapolations of the phase-velocity measurements reported
by Benediktsdóttir et al. (2017) from Eyjafjallajökull and from
nearby Katla and their group-velocity measurements (Jeddi 2018,
personal communication). These choices of velocity also focus the
location-likelihood functions optimally for the respective frequency

bands. Varying the velocity by 0.1 km s–1 changed the outcome less
than by a few hundred metres for the two lower frequency bands,
but the change of the outcome for the 2–4 Hz frequency band was
greater, on the order of a kilometre.

5.2 Tremor location: results

We experimented with locating the tremor with single-day correl-
ograms at the high-resolution end to correlograms for the whole
duration of the eruption at the other extreme. The likelihood of
the tremor location from eruption-long correlograms is shown in
Figs 7(a)–(c). The same method was applied to daily correlograms
for all the days of the eruptions. The difference between the daily
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1022 Á. Benediktsdóttir et al.

Figure 6. Correlograms for station pairs bas-esk (a, c, e) and mid-fag (b, d, f) at 0.5–1 Hz, 1–1 Hz and 2–4 Hz, during the course of the eruption. Each colour
represents a different phase of the eruption as defined by Gudmundsson et al. (2012); phases I, II, II and IV are purple, red, blue and green, respectively. Ten
time intervals defined in Section 5 based on power ratios at the different stations are grey shaded and indexed on the right hand side (see also Table 3).
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Volcanic tremor of the 2010 Eyjafjallajökull eruption 1023

Figure 7. Location likelihood and its stability. Panels (a, b, c) show the location likelihood of the tremor source for eruption-long correlograms filtered between
0.5–1 Hz, 1–2 Hz and 2–4 Hz, respectively. White and dashed lines depict the outline and caldera of Eyjafjallajökull, respectively. The red circle shows the
eruption site (Gudmundsson et al. 2012). The colour palette on the right defines the location likelihood. Panels (d)–(f) show the location of daily peak likelihood
for the three frequency intervals, relative to the long-term average location. Red colours denote days near the beginning of the eruption, blue colours denote
days at its end according to a subdivision of the eruption history into 10 epoch defined in Section 5. Circular grid lines define 1 km distance increments.

locations and the location in Figs 7(a)–(c) is shown in Figs 7(d) and
(e), colour coded with time. The location of the tremor, as predicted
by daily cross correlations, varies by less than 1 km in the 0.5–1 Hz
frequency range, less than 2 km in the 1–2 Hz frequency range, but
by as much as 3–4 km in the 2–4 Hz frequency range. The inferred
location is the same in the two lower frequency ranges and very
close to the eruption site, while the average location in the highest
frequency range is 2 km to the NNE from the main eruption site
and outside the caldera.

The width of the likelihood peak is about 0.5 km in the low-
est frequency range and 0.7 km in the intermediate range. At the
highest frequencies the width approaches 1 km and significant sec-
ondary peaks begin to appear. The inferred locations can not be
clearly distinguished from the eruption site. The scatter diagrams in
Figs 7(d)–(f) suggest that the uncertainty of daily locations is less
than 1 km at 0.5–1 Hz, but larger than 1 km at 1–2 Hz. Note how
stable the correlograms are in Fig. 6, also suggesting a stability of
the tremor location.

The scatter of the daily locations is comparable to the width of the
location-likelihood peak in the lowest-frequency range. One clear
outlier is present at the end of the eruption in the 0.5–1 Hz frequency

range (Fig. 7d). This relates to the falling levels of power in the
tremor at the end of the eruption. In the intermediate-frequency
range the scatter is considerably bigger. Some of the outliers of the
distribution occur near the beginning of the eruption (red dots), but
most of them towards the end (dark blue dots). Many of the daily
locations between epochs 3 and 8 lie within 1 km of the average
location, which is comparable to the width of the location-likelihood
peak of the eruption-long location estimate.

The daily-location scatter is higher yet in the highest-frequency
range. The most likely location in this case is about 2 km NNE of the
locations in the lower frequency bands. Most of the daily locations
fall between W and S of the most likely location. The most likely
location over the whole eruption is not a linear combination of the
daily locations, which can explain the uneven distribution of the
daily locations around the likelihood peak in Fig. 6(c). The scatter
to the south and west suggests locations closer to the most likely
locations in the two lower frequency bands. One cluster of locations
spanning epochs 3–7 is found about 2–3 km SW of the average
location. This corresponds to the secondary peak in the likelihood
in Fig. 6(c). Daily locations for epoch 10 behave differently, which
can be attributed to declining power in the eruption. We cannot

D
ow

nloaded from
 https://academ

ic.oup.com
/gji/article/228/2/1015/6373928 by guest on 10 April 2024
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discuss the uncertainties of these locations with confidence. It is
likely that a scaling of a factor of two is conservative for these
frequencies due to a more vigorous scattering process at the higher
frequencies.

We applied the Li & Gudmundsson (2020) method to surface
waves in two dimensions. Consequently, we cannot say much about
depth. With better station density, good enough traveltime infor-
mation, and sufficient body-wave content in the tremor the method
could potentially be applied to body waves in three dimensions.
This might provide useful constraints on the depth of the source
of the tremor. We were not able to do that with the data here. We
can, however, say something about the depth based on the excitation
efficiency of surface waves. At 1 Hz and with a phase velocity of ap-
proximately 1.5 km s–1 (somewhat higher than the group velocity)
the wavelength will be 1.5 km. Eigenfunctions of fundamental-
mode surface waves with that wavelength have energy concentrated
in the top 0.5–1 km [extrapolating eigenfunctions from Benedik-
tsdóttir et al. (2017) and Jeddi et al. (2017)]. Thus, if these surface
waves are fundamental mode, they are most effectively excited quite
near the surface, that is approximately within he top kilometre. Note,
that if the source is at depth in a layered structure, that would cause
a common phase shift to the surface waves at two stations, which
would cancel in the correlation.

In conclusion, we argue, based on the stability of correlograms
between 0.5 and 2 Hz over time, and the narrowness and stability
of the location likelihood over time that the tremor source at these
frequencies is very localized and stable in location over the entire
5–6 weeks of the eruption. The map location of the source cannot
be distinguished from the eruption site (Fig. 7a). The source of the
surface waves in the tremor most likely lies within the top kilometre
of the volcano.

6 A NA LY S E S O F P OW E R VA R I AT I O N S

The stability of the source location allows for a simplification in the
analysis of the amplitude or power behaviour with distance.

The decay of the amplitude of a wave with distance, r, can be
described as

A = A0g(r )s(r ), (1)

where A0 represents the source strength, g(r) is a geometrical
spreading function and s(r) describes attenuation (e.g. Battaglia
& Aki 2003; Battaglia et al. 2005). For a homogeneous medium
(velocity), the effect of geometrical spreading is given by

g(r ) = r−a, (2)

where the exponent is a = 1 for body waves and a = 0.5 for
surface waves. The uniform attenuation factor is given by

s(r ) = exp

(−π f r

Qv

)
, (3)

where Q is an attenuation quality factor, v is the velocity of the
wave, r is distance from the source and f is frequency.

When velocity and attenuation are not uniform the factors g(r)
and s(r) become path or station dependent. For the ith station we
write

gi = γi ri
−a (4)

introducing a station amplitude correction γ i. The attenuation
term becomes

si = exp

(
−π f

∫
pathi

dr

Qv

)
= exp(−π f qi ), (5)

where

qi =
∫

pathi

dr

Qv
. (6)

This simple formulation has been commonly used in analyses of
tremor amplitude (e.g Battaglia & Aki 2003; Battaglia et al. 2005).

In the presence of noise, n(t), the amplitude recorded at the ith
station can then be described with

Ai (t) = hi A0(t) + ni (t), (7)

where hi = gisi describes a decay factor incorporating both geo-
metrical spreading and attenuation along the path from the tremor
source to the ith station. This factor depends on the properties of
the path between the receiver and the source. If the source is sta-
tionary, then the path between the receiver and the source remains
unchanged with time and this station dependent amplitude coeffi-
cient also remains unchanged.

In Section 5.1 we showed that the map location of the tremor
source was stationary during the entire duration of the eruption for
frequency intervals 0.5–1 Hz and 1–2 Hz. If the noise source is also
stationary in time and if the tremor source and the noise source are
independent with zero mean, then

pi (t) = hi
2 p0(t) + mi (t), (8)

where pi, p0 and mi are the power of the time series recorded at
station i, the tremor source, and the background noise at station i,
respectively. The same formulation is used for a reference station, i
= r,

pr (t) = hr
2 p0(t) + mr (t). (9)

Combining the two power equations we get

pi (t) = hi
2

hr
2

pr (t) + mi (t) − h2
i

h2
r

mr (t). (10)

Thus, if the noise process is stationary in time, and we plot the
power at the ith station against the reference station, we should get
a straight line with slope

αi = hi
2

hr
2

(11)

and intercept

βi = mi − h2
i

h2
r

mr . (12)

With the above description the slope of this line will be unchanged
with time if the source location is stationary and the velocity and
attenuation in the medium do not change significantly. We have
plotted the power-spectral density for each station versus that of a
reference station within the two frequency ranges that resulted in
a stable location using the probabilistic inference method. We use
station fag for reference because it lies closest to the source and has
the least disrupted recording throughout the eruption. Examples of
results are presented in Fig. 8 and a full range of similar figures for
all components are in Appendix A2.

Before calculating the power-spectral density we clipped earth-
quakes that exceed the continuous tremor in amplitude by calculat-
ing the standard deviation of the time-series over hour-long windows
and setting values larger than 2 standard deviation to that value. This
was then iterated several times. The power-spectral density was cal-
culated within three hour windows throughout the eruption period
(Fig. 8). Station fag is 7 km from the eruption site, station bas 10 km
and station god 17 km (Figs 1 and 2). The temporal variation of the
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Figure 8. Power of stations bas and god versus station fag during the entire eruption of Eyjafjallajökull, filtered in two frequency bands. Colour code is by
epochs of the eruption (see Table 3). Each point on the plot is the mean power calculated over 3 hr.

Table 3. Epochs of the Eyjafjallajökull eruption as defined by the power-
ratios analyses.

Epoch # Duration

1 14th−18th April
2 18th−20th April
3 20th−23rd April
4 23rd−29th April
5 29th−2nd April
6 2nd−4th May
7 4th−6th May
8 6th−9th May
9 9th−14th May
10 14th−21st May

ratio between the stations’ power clearly arranges itself into time
periods when the slope is relatively stable, while it changes signifi-
cantly from one period to the next. This leads us to define 10 epochs
(Table 3) spanning the eruption during each of which the power
ratio is apparently constant, and measure the slopes in each case

by linear regression. Each measurement of slope is associated with
an uncertainty estimate based on the scatter around the best line in
each case. If the uncertainty of the slope exceeded 30 per cent of
its value, that measurement was not considered. Also, 10 or more
points were required to define a line.

The slopes become progressively smaller with increasing fre-
quency at station god which is a clear attenuation effect. The slopes
are high (>1) for station god despite the fact that it is about twice as
far away from the eruption site than station fag suggesting signif-
icant site amplification at station god. The same does not hold for
station bas as the difference in distance is small and the differential
attenuation between stations bas and fag is in fact negative as will
become apparent later.

From these observations we can extract information about the
attenuation quality factor. We also must introduce some aspect
of the source that varies with time to produce varying slopes.
We will come back to this point later where we propose that
the power-radiation pattern of the source may have changed with
time.
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Figure 9. Differential quality factors as a function of distance from the
eruption site. Data for all stations (red circles) except hau and hvo (black
circles) lie on a line with a slope 0.042 and intercept with the y-axis at –0.33.
Numerical values for the differential attenuation parameters (qr − qi) and
inferred path-averaged attenuation parameters (Q) to individual stations are
listed in Table 5.

6.1 Estimates of attenuation

Concentrating on the attenuation effect, we can write the amplitude
factor at the ith station as

hi = gi exp(−π f qi ). (13)

Inserting eq. (13) into eq. (10) for the slopes in Fig. 8 and taking
the logarithm we get

ln(αi ) = 2(ln(hi ) − ln(hr )) = 2(ln(gi ) − ln(gr )) + 2π f (qr − qi ).

(14)

Calculating the difference between the natural logarithm of mea-
sured slopes at different frequencies during the same epoch at the
same station we get

ln(αi ( f1)) − ln(αi ( f2)) = 2π ( f1 − f2)(qr − qi ). (15)

This assumes that a, γ i and Q are not frequency dependent. We
can now estimate the difference �q = qr − qi, that is a measure
of differential attenuation between two paths. We use only the two
lowest frequency ranges to do this as we are not confident that the
source location is stationary in time for the third and highest fre-
quency range. We simply take the mean frequency of each frequency
range as our measure of frequency. For each station we have several
measurements of the differential attenuation, one measurement for
each epoch if there was data available. Their average (weighted) is
our measure of differential attenuation and their scatter defines their
uncertainty. The results are shown in Fig. 9 as a function of the dis-
tance to the eruption site of the ith station in each case. The stations
define two groups. The stations close to the eruption site, that is
stations around the periphery of Eyjafjallajökull (red), fall close to
a line, while the distal stations hvo and hau (black) fall off the line.
This suggests that this measure of attenuation is a linear function of
horizontal distance from the eruption site within the volcano, that
is that the attenuation quality factor, Q, is more or less constant.

Table 4. Regression parameters for attenuation.

Z T R

Slope 0.043 ± 0.022 0.078 ± 0.014 0.067 ± 0.012
Intercept − 0.34 ± 0.26 − 0.79 ± 0.17 − 0.60 ± 0.15
Q from slope 16 ± 8 9 ± 2 10 ± 2

Assuming this, the slope of the line in Fig. 9 is a measure of Q
inside the volcano and its intercept is a measure of the attenuation
along the path to station fag. The regression parameters are shown
in Table 4. Assuming a uniform phase velocity of v = 1.5 km s–1 we
find a quality factor of Q = 16 ± 8 for the volcanic region and from
the intercept we get Qfag = 12 ± 9. Using this value for Qfag we can
calculate a path averaged Q for the distal stations to be Qhau = 39 ±
15 and Qhvo = 48 ± 22. Individual Q values were evaluated using
the same calculation and the results are shown in Table 5. Q values
for paths within the volcano are relatively low (high attenuation) but
reasonable, nevertheless, in comparison with estimates in a similar
frequency range at other volcanoes (e.g. Gudmundsson et al. 2004;
Del Pezzo et al. 2006; Kumagai et al. 2018; and references therein).
These Q values are also similar to those estimated by Gudmundsson
& Brandsdóttir (2010) at Hengill volcano in SW Iceland and those
proposed by Jeddi et al. (2016, 2017) in order to reconcile unrealis-
tic Vp/Vs values inferred by comparing Vp from body waves to Vs
from lower-frequency surface waves around nearby Katla volcano.

We note that the lowest point in Fig. 9 represents station bas. The
differential attenuation is negative despite the fact that station bas is
further away from the eruption site than station fag. This was evident
from the slope analyses (Fig. 8) where the slope of the power ratios
for station bas increased with increasing frequency, opposite to the
character of other stations (Fig. A7). This is also observed for the
two horizontal components of bas (Figs A8 and A9). We conclude
that the attenuation along the path from the source to station bas is
low and when Qbas is calculated directly from the Q value for fag
(from the intercept) the result is Q = 34 ± 47, which is substantially,
but not significantly higher than the average, Q = 16 ± 8, for paths
within the volcano.

The lateral source location is uncertain to within a kilometre
for the lowest frequency band. Topography has a lesser effect on
the lateral error of the source as does the unknown depth to the
source. We argue that the tremor consist mainly of surface waves
and the depth to the source is therefore much smaller than the lateral
distance.

The same analysis was carried out for the radial and transverse
components, rotated according to the direct (straight) path between
the station and the eruptive site (Figs A10 and A11). In the volcanic
region we find a quality factor of Q = 10 ± 2 and Q = 9 ± 2
for the radial and transverse components, respectively. Results for
individual Q values for the horizontal components are shown in
Table 5.

6.2 Estimates of geometrical spreading factors

We can now use the estimates of attenuation and estimate the geo-
metrical spreading factors, a and station corrections, γ i,

λi = ln(αi ) − 2π f (q̂r − q̂i ) = 2(ln(gi ) − ln(gr ))

= 2(ln(γi ) − ln(γr ) − a(ln(ri ) − ln(rr )). (16)

We have multiple redundant data to estimate these. However,
the equations are not all independent. Obviously, the geometri-
cal spreading exponent, a, cannot be determined with independent
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Table 5. Attenuation parameters evaluated for each station-source path.

Station qr − qi Q
Z T R Z T R

bas − 0.16 ± 0.06 − 0.23 ± 0.16 − 0.10 ± 0.11 34 ± 47 11 ± 5 13 ± 5
bar 0.39 ± 0.08 0.24 ± 0.21 0.13 ± 0.16 11 ± 4 8 ± 2 10 ± 3
esk 0.23 ± 0.06 0.32 ± 0.13 0.35 ± 0.10 17 ± 8 9 ± 2 10 ± 2
fag – – – 12 ± 9 5 ± 1 6 ± 2
fim 0.14 ± 0.07 0.08 ± 0.15 0.16 ± 0.10 14 ± 8 8 ± 2 9 ± 2
god 0.35 ± 0.06 0.42 ± 0.14 0.45 ± 0.10 15 ± 6 9 ± 2 10 ± 2
hau 0.23 ± 0.04 − 0.09 ± 0.21 0.08 ± 0.09 39 ± 15 22 ± 3 24 ± 4
hvo 0.35 ± 0.05 0.46 ± 0.10 0.51 ± 0.07 48 ± 22 39 ± 15 40 ± 10
mid 0.06 ± 0.06 0.22 ± 0.15 0.29 ± 0.11 21 ± 14 9 ± 2 10 ± 2
nup 0.29 ± 0.06 0.23 ± 0.14 0.34 ± 0.12 13 ± 5 8 ± 2 8 ± 2
sel 0.07 ± 0.06 − 0.18 ± 0.14 − 0.08 ± 0.09 13 ± 8 9 ± 3 10 ± 3

station corrections. A common strategy is to use regional events
(Battaglia & Aki 2003) to estimate the station corrections, γ i. This
is not obviously appropriate. As these station-amplitude corrections
must include both focusing or defocusing effects along each path
and site amplification. Therefore, the geometry of the calibrating
wave must be the same as that of the tremor waves. The radiation
pattern of the event must also be similar to that of the tremor and the
correction needs to be evaluated at the same frequency as the tremor.
Calibration with a single phase from a regional event will include
effects of energy transfer (in time) in the seismogram by scattering
which may differ from the power-spectral density of the tremor. We
looked for regional events in the vicinity of the eruption site with
sufficiently high signal-to-noise ratio in the frequency range of the
analysed tremor and found none. We are, therefore, left with no
means of estimating geometrical spreading parameters other than
from our tremor-power observations. We do this by applying Oc-
cam’s razor. We estimate the geometrical spreading exponent, a, so
as to minimize the quadratic size of the station correction terms,
ln(γ i). This yields the simplest possible parameter model in just
that sense. To do this, we set up a quadratic regression for the sta-
tion corrections using the linear expression in eq. (16) in terms of
reduced (by attenuation) logarithmic station corrections, λi, fixing
a. Then, we estimated a so that the quadratic sum of the correc-
tion terms was minimized. This is a straight forward least-squares
problem. We have ten stations, that is 10 unknown differential sta-
tion corrections, ln(γ i) − ln(γ r). We have 160 reduced measures
of logarithmic slopes, λi, that is a highly redundant problem. We
add one constraint, namely that the logarithmic station corrections
are evenly distributed around zero (i.e. the station corrections them-
selves are evenly distributed around unity according to logarithmic
distance). We find a = 0.53 ± 0.05 using a jack-knife approach to
estimate the uncertainty. This value is very close to the theoretical
value for surface waves emanating from a point source. Thus, the
power-spectral decay with distance suggests that the tremor at the
analysed frequency band consists mostly of surface waves. There-
fore, we simply fix a = 0.5 and compute the station corrections
accordingly. The results are shown in Fig. 10 and Table 6 in terms
of their azimuthal and distance variation.

Most of the relative station corrections lie in the range 0.7–
2. They do not exhibit any simple azimuthal pattern. Neither is
there a systematic behaviour with distance. Station god sticks out
with its high value (5.3). It is at 1200 m above sea level in the
highland region called Godaland. The site is close to the edge of
the highland facing Eyjafjallajökull rising some 1000 m above its
surroundings and with a very rugged outline eroded by small outlet
glaciers from Mýrdalsjökull that cover Katla volcano to the east. It

is conceivable that this rather extreme topography cause significant
site amplification for waves from the west.

6.3 Residual analyses

Having estimated a and the γ i we can reduce our measured slopes
or power ratios. According to our above description of amplitude
and power the residuals should be

dλi = λi − 2(ln(γ̂i ) − ln(γ̂r ) + 2â(ln(ri ) − ln(rr )) = 0, (17)

that is trivial. But, the quadratic norm of these residuals nor-
malized by the remaining number of degrees of freedom was on
the order of 6 � 1. This model of attenuation and spreading does
not account for the observed variability and is, therefore, missing
something. The residuals still contain information about the vari-
able power ratios with time, a temporal variation that has not been
accounted for. We argue that it can be accounted for by adding a
temporal variation to power radiation. This can be done by adding
a temporal term in the description of the source term in eq. (7).

Ai (t) = hi A0(t)B(φ, t) + ni (t), (18)

where φ stands for azimuth from the source and the added term,
B(φ, t), represents relative amplitude-radiation variations with az-
imuth, φ, and time. B does not vary within each epoch. We can
therefore absorb the temporal variation of B in its epoch index, k,
that is Bk

i = B(φi , tk). The logarithm of measured power-spectral
ratios would then be described as

ln
(
αk

i

) = 2 ln

(
γi

γr

)
− 2a ln

(
ri

rr

)
− 2π f (qi − qr ) + 2 ln

(
Bk

i

Bk
r

)

(19)

and the residuals after correction for attenuation and geometrical
spreading become

dλi = λi − 2(ln(γ̂i ) − ln(γ̂r ) + 2â(ln(ri ) − ln(rr ))) = ln

(
Ck

i

Ck
r

)
,

(20)

where Ck
i = (

Bk
i

)2
, that is the relative power radiation. We now

have a relation to estimate the variable relative power-radiation pat-
tern at each station for each epoch. In eq. (20), we have assumed that
the power-radiation patterns do not depend on frequency. But, we
need not do that as we can group our residual measurements within
each frequency range. This, however, involves no redundancy. Such
estimated relative power-radiation patterns, Ck

i /Ck
r , are shown in

the left and middle columns of Fig. 11 for the 0.5–1 Hz and 1–2 Hz
frequency ranges, respectively. The right column of Fig. 11 shows
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Figure 10. Estimates of relative station coefficients for each station (γ i/γ r) in a rose diagram (a) and as a function of distance from eruption site (b). Black
point represents the reference station fag. The grey point for station god plots off scale in (a). Numerical values of the logarithm of the relative station correction
parameters and the inferred station correction parameters themselves are displayed in Table 6.

Table 6. Station correction parameters evaluated for each station-source path.

Station ln(γ i/γ r) γ i

Z T R Z T R

bas − 0.31 ± 0.24 − 0.30 ± 0.69 0.17 ± 0.42 0.48 ± 0.12 0.62 ± 0.43 0.72 ± 0.30
bar 1.00 ± 0.32 0.17 ± 0.79 0.06 ± 0.50 1.78 ± 0.56 0.99 ± 0.78 0.65 ± 0.32
esk 0.80 ± 0.25 0.59 ± 0.52 0.78 ± 0.44 1.46 ± 0.37 1.50 ± 0.78 1.33 ± 0.53
fag – – – 0.65 ± 0.50 0.83 ± 1.59 0.61 ± 0.74
fim 0.54 ± 0.28 0.00 ± 0.61 0.42 ± 0.36 1.13 ± 0.32 0.83 ± 0.51 0.93 ± 0.34
god 1.68 ± 0.25 1.59 ± 0.58 1.90 ± 0.38 3.53 ± 0.88 4.08 ± 2.36 4.09 ± 1.5
hau − 0.54 ± 0.18 − 1.55 ± 0.74 − 0.92 ± 0.32 0.38 ± 0.07 0.18 ± 0.13 0.24 ± 0.08
hvo 0.48 ± 0.19 1.28 ± 0.37 1.32 ± 0.27 1.06 ± 0.20 2.99 ± 1.10 2.29 ± 0.62
mid 0.03 ± 0.23 0.45 ± 0.58 0.68 ± 0.37 0.68 ± 0.16 1.30 ± 0.76 1.21 ± 0.45
nup 0.72 ± 0.21 0.39 ± 0.52 0.97 ± 0.42 1.35 ± 0.18 1.23 ± 0.64 1.61 ± 0.68
sel 0.20 ± 0.25 − 0.59 ± 0.53 0.03 ± 0.34 0.80 ± 0.20 0.46 ± 0.24 0.63 ± 0.21

the weighted average of the other two with weight inversely pro-
portional to the error estimate in each case. The reference station,
fag, is shown as a black circle, located 55◦ east of north. Relative
power-radiation patterns for the horizontal components are shown
in Figs A14 and A15.

It is important to note that the definition of the ten different epochs
was exclusively based on the tremor data, that is independent of any
other data. Fig. 6 shows how the ten epochs, defined here, and the
four intervals of Gudmundsson et al. (2012) compare.

The resulting power-radiation patterns relative to station fag
(Fig. 11) generally show a marginally significant difference be-
tween the two analysed frequency bands (with several exceptions,
for example station hau in epoch 2 and station hvo in epoch 6).
In some cases, the estimated patterns differ significantly from one
epoch to another, for example epochs 7 and 8, but in others the
epochs are almost the same, for example epochs 8, 9 and 10. Some
apparent inconsistencies are present and station hvo sticks out in
that regard. Stations hvo and fim are at very similar easterly azimuth
and are not always comparable.

Epochs 1, 8, 9 and 10 exhibit a nearly isotropic power-radiation
pattern. These epochs are synchronous to phases I, III and IV, where
the tremor had lower amplitudes and the activity was primarily
explosive. It is mainly within phase II (epochs 2–7) that there is
variation in the power-radiation pattern. Phase II was the only phase
that included effusive eruption. Perhaps the explosive source is most
isotropic and the effusive part is more dependent on the orientation
of the fissure/cauldron making it non-isotropic. Some of the epochs

are poorly defined, because of lack of data (e.g. epoch 3) while others
show a wide scatter of points with large error bars (e.g. epochs 2
and 6).

6.3.1 Addendum

In the appendix, we present results of parameter estimation based on
the horizontal components of data. We note that the time behaviour
of power is similar on all components on all stations. The power ratio
between the horizontal components and the vertical component is
consistently on the order of 1 (varies in general between 0.3 and
1.7). In the linear regression for power-spectral ratios the slope is
the datum we seek, but the intercept is an indicator of power in the
noise process in each case. We find that the intercepts range from
equal to higher by up to a factor of 10 on the horizontal components
than on the vertical. This indicates that the noise on the horizontal
components is often higher than that on the vertical. We rotated the
horizontal components into the radial and transverse for each path
from the inferred source location. From the horizontal components
(R and T) we estimate parameters that are quite similar to those
determined from the vertical component (Z).

The path-averaged attenuation coefficients are estimated to be Q
= 10 ± 2 and 9 ± 2 for the volcanic region and Qfag = 6 ± 2 and
5 ± 1 from the R and T components, respectively, as opposed to
Q = 16 ± 8 and Qfag = 12 ± 9 from the Z component. For the
distal stations, hau and hvo, we estimate a path averaged Q to be
Qhau = 24 ± 4 and 22 ± 3 and Qhvo = 40 ± 10 and 39 ± 15, for
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Figure 11. Estimates of the power-radiation pattern relative to station fag for 0.5–1 Hz (left-hand panel), 1–2 Hz (middle panel), and a weighted mean of the
two frequency intervals (right-hand panel). Where only one measurement was available for one frequency interval, that value was taken as the weighted mean.
The error bars are the estimated errors of power-spectral ratios (slope). fag is plotted as a larger black circle without an error bar.
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Figure 11. continued

the R and T components, respectively. The Q estimates from the
horizontal components are comparable, but somewhat lower than
the estimates based on the Z-component. This may indicate that
the attenuation of Love waves is greater than for Rayleigh waves.
Figs A11 and A10 show the differential quality factor for the R and

T components as a function of horizontal distance from the eruption
site. Numerical values for the differential attenuation parameters (qi

− qr) and the attenuation parameters (Q) are displayed in Table 5.
Estimates of station corrections are also similar based on the

horizontal components as those based on the vertical component.
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The two stations that stick out are station god and hvo with a high
relative station correction (≈3−4). The estimated relative radiation
patterns are also similar (Figs A14 and A15). We refer the reader to
Figs A12 and A13 and Table 6 for numerical values of the station
correction parameters for the horizontal components.

7 D I S C U S S I O N

We have measured the time-space variation of tremor associ-
ated with the 2010 Eyjafjallajökull summit eruption based on
differential-phase information. In the following, we discuss the spa-
tial and amplitude variation of this tremor and our results in a wider
context.

The beginning of the 2010 Eyjafjallajökull is similar to the
prelude to eruption at other volcanoes in Iceland, that is Krafla
(Brandsdóttir & Einarsson 1992), Grı́msvötn (Vogfjörd et al. 2005)
and Bárdarbunga (Einarsson & Brandsdóttir 1984; Eibl et al.
2017b). An intense and short microearthquake precursory volcano-
tectonic swarm (Tarasewicz et al. 2012a) is accompanied by in-
creased tremor levels at a wide range of frequencies that precedes
steady eruption tremor at lower frequencies (0.5–10 Hz).

The tremor, was strictly associated with the Eyjafjallajökull erup-
tion itself; it began when the eruption started and faded out in the
eruption’s waning stages. This behaviour is similar to other volca-
noes, for example tremor associated with the unrest at Katla volcano
in 2011 (Sgattoni et al. 2017), tremor associated with the Holuhraun
eruption in 2014 (Eibl et al. 2017a), tremor during the Grı́msvötn
eruption in 2004 (Vogfjörd et al. 2005) and tremor observed dur-
ing the Krafla Fires (Brandsdóttir & Einarsson 1992).Tremor was
continuous in time with varying amplitude, distributed in frequency
between about 0.5 Hz and 5 or 10 Hz, depending on station distance
and eruptive character (Fig. 2).

7.1 Tremor during the beginning of the eruption

According to Magnússon et al. (2012) the first flood was observed
to propagate from the lagoon north of Gı́gjökull into the glacial
river at 8:27 on 14 April, which coincides with the onset of the first
tremor peak (T1) and matches a rapid increase of the water level
at the gauge in front of Gı́gjökull (Fig. 4d). Therefore, the time lag
between the onset of the tremor and the onset of the flow peaks at
Markarfljót could correspond to the time it takes the jökulhlaup to
reach Markarfljót.

The time-lags between the tremor peaks and the flood peaks at
Markarfljót were 2 hr and 50 min, 3 hr and 30 min and 4 hr for the
four flood peaks, T1, T2 and T4.

Assuming that the flood-water went down Gı́gjökull and then to
the gauge at Markarfljót, the distance is roughly 20 km. The sub-
glacial flood path was less than 5 km, which leaves 15 km for the
subaerial part of the flood. Eibl et al. (2020) reported the subaerial
speeds of the flood to be 10 km hr–1. Assuming similar rates in
the case of the Eyjafjallajökull jökulhlaups, we get subglacial flood
speeds of 3.75, 2.5 and 2.0 km hr–1 for the flood peaks T1, T2 and
T4. Eibl et al. (2020) reported subglacial flood speeds of 1.4−2.4
km hr–1 for floods with a peak discharge of 3000 m3 s–1 and flood
speeds in the range of 0.7−1.6 km hr–1 for floods with a peak dis-
charge of 210−380 m3 s–1. The peak discharge for flood peaks T1,
T2 and T4 was 2500, 700 and 1200 m3 s–1, respectively. The rates
for the subglacial floods associated with the 2010 Eyjafjallajökull
eruption are therefore comparable to those reported in Eibl et al.
(2020).

The flood peaks observed at Markarfljót were not seen in the
tremor data at nearby station mid. The tremor peaks start at the same
time at all stations. Therefore, recorded tremor must be dominated
by processes near the common eruption source or by subglacial
floods. If the tremor were associated with the subaerial flood, it
would have been recorded at station mid and even some other nearby
station, starting at different times with the progression of the flood.

Fig. 5(b) shows the tremor episode in tremor peak T3. Periodic
tremor peaks occur prior to the main burst, roughly every 12 min.
Much of the energy is focused at 0.8, 1.4 and 2.4 Hz, although
it is distributed between 0.4 Hz and up to more than 10 Hz. The
peaks start with a small amplitude that increases until approximately
18:20 when a loud roar was heard (Magnússon et al. 2012) and the
floodwater most likely escaped and rushed down Gı́gjökull. The
flood-peak at Markarfljót associated with T3 arrived 1 hr and 40
min later, at 20:00. Using the subaerial speeds of Eibl et al. (2020)
of 10 km hr–1, we obtain the subglacial speed of 15 km hr–1. The
peak discharge of flood peak T3 was 1100 m3 s–1. Tremor peak T3
and the flood associated with it are anomolous compared to the other
tremor peaks, the tremor had different characteristics (as described
above) and the flood speed reported for flood peak T3 is much larger
than for the other flood peaks, T1, T2 and T4.

The starting times of the floods are assumed to be at the start of
their associated tremor peak. These are assumptions and therefore
the flood speed should be taken with care.

7.2 Correlation of tremor and eruption processes

Features of the temporal variation of the tremor amplitude dur-
ing the summit eruption correlated with the four main phases (see
Fig. 1) of the eruption as defined by Gudmundsson et al. (2012).
During the initial explosive phase (I) tremor intensity varied and
included strong tremor bursts that could be associated with subse-
quent flooding in the lowlands north and west of the volcano (see
Figs 3, 4 and 5). It is probable that this phase of the eruption, and the
tremor associated with it, was dominated by explosive activity due
to the interaction between magma and melt water from the overlying
glacier. During the following mixed effusive-explosive phase (II),
a 3-km-long lava flow within the caldera drained through its north-
ern rim and explosive activity was relatively weak (Gudmundsson
et al. 2012). However, the tremor intensity increased and it was
redistributed towards higher frequencies (Fig. 3c). This negative
correlation between eruptive plume height and tremor intensity can
also be found in the tremor variation within this phase of the erup-
tion. Around 26 April the plume height increased from almost zero
to approximately 5 km height and a corresponding drop in tremor
intensity was observed at station nup (Fig. 3a) and slightly at station
fag (Fig. 3b). Also, between 9th and 12th May a decrease in plume
altitude was observed and a corresponding increase in tremor levels
at both fag and nup (Figs 3a, b and d).

A second explosive phase (III) started on 5th May with ash chang-
ing to a slightly more evolved and possibly more volatile-rich (tra-
chytic) composition (Sigmarsson et al. 2011). While eruption inten-
sity and plume height increased during this phase, tremor intensity
declined slowly but steadily, with little power above 2 Hz (Fig. 2).
The negative correlation between plume height and tremor inten-
sity during phases II and III suggests that effusion generates tremor
more efficiently than explosive activity near the surface. During the
final phase (IV), both eruption and tremor intensity dropped rapidly.

Levels of tremor were lower in amplitude and concentrated at
lower frequencies during the explosive phases I and III, compared
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to the effusive-explosive phase II (Fig. 3). A similar behaviour, a
concentration of the main tremor power at lower frequencies during
the explosive phase, has been observed at other volcanoes, for ex-
ample Mt Etna in Italy (Cannata et al. 2008) and during the 1999
eruption of the Shishaldin volcano, Alaska (Thompson et al. 2002).
Cannata et al. (2008) suggested a reduced sound speed of the fluid
in the conduit, caused by an increase of the gas-volume fraction,
could be the cause of the shift towards lower frequencies. Also, as
the explosive activity began, the length of the resonant in the con-
duit may have increased, thereby causing the tremor to shift towards
lower frequencies (Thompson et al. 2002).

Eibl et al. (2017a) found that the lava fountain height of the
main vent correlated with tremor levels, at different times during
the 2014–2015 Holuhraun eruption, Iceland. Also, they did not find
any correlation between tremor amplitude and effusion rates. In their
study, they found three different sources of the tremor, of one was
stationary and two were migrating. Perhaps, in their case, multiple
synchronous tremor sources are the cause of no link between tremor
and fountain height and effusive rate or perhaps the tremor sources
were not related to the processes ongoing in the eruptive vents.
They also found an increase in tremor levels during the opening of
fissures.

In the January–June 2000 eruption of Mt Etna, Alparone et al.
(2003) found a direct link between tremor levels and fountain height.
The eruption took place in the southeast crater of Mt Etna and was
characterized by 64 lava fountain episodes. The link between the
tremor and fountain episode was so striking that they could predict
the next fire-fountain episode with 1–5 hr notice for 86 per cent of
the fire-fountain episodes that occurred after 15 May. Relationship
with increased fountain height and tremor levels were presented,
for two volcanoes (Kilauea, Hawaii and Pavlof, Alaska), in McNutt
(1992) where a relationship between increased tremor levels and
fountain height was found.

In the March 2016 Pavlof eruption a relationship was found
between the tremor levels and the waxing and waning portions
of the eruption (Fee et al. 2017) with correlation between plume
height and tremor levels, which is opposite to the 2010 Eyjafjal-
lajökull eruption. Fee et al. (2017) suggested a rapid rise of fresh
magma, which decompressed and degassed while ascending, trig-
gering explosive fragmentation. The conduit trewalls and vent were
then eroded by a high-velocity flow of particles and gas, producing
tremor. In the case of the 2010 Eyjafjallajökull eruption Gudmunds-
son et al. (2012) suggested that a basaltic injection from the mantle
into a silicic magma embedded in the crust under the volcano initi-
ated the eruption. The second explosive phase (III), began because
of another basaltic injection into the silicic magma in the upper
crust (Sigmarsson et al. 2011). This interpretation was supported
by Tarasewicz et al. (2012a) who located earthquakes beneath the
brittle–ductile transition zone, that can indicate magma movement.

It is therefore evident that relationships between tremor levels
and eruptive character differ from one volcano to another.

7.3 Tremor location

The location likelihood of the tremor using the probabilistic infer-
ence method of Li & Gudmundsson (2020) resulted in a very stable
location in the 0.5–1 Hz frequency band, a somewhat less stable lo-
cation in the 1–2 Hz frequency band, and an unstable location in the
2–4 Hz frequency band. The steady reduction of location stability
with increasing frequency may be explained by increasing vigour of
the scattering suffered by propagating waves from the tremor source

with frequency. The low-frequency tremor (0.5–2 Hz) emanated
from a single dominant source, which cannot be distinguished from
the main eruption site throughout the course of the eruption. The
daily scatter of this location reflects the uncertainty of the location
and is less than a kilometre in the lowest frequency range. With a
daily resolution, any events with a shorter duration than that cannot
be resolved. Other sources at higher frequencies might be possible.
In fact, the average tremor location in the frequency range between
2 and 4 Hz is substantially displaced from that of the lower frequen-
cies and lies close to the northern caldera rim where floodwater and
lava drained down the Gı́gjökull glacial stream (see Fig. 7). It is
therefore tempting to associate the higher frequencies in the tremor
with either flooding or the lava flow. However, due to a high level
of scatter in the daily high-frequency locations it is questionable
if this displacement of the source is significant, the flooding only
occurred in the early stages of the eruption and the effusive activity
is concentrated in phase II of the eruption that spans less than half
of the eruption’s duration.

Eibl et al. (2020) observed two types of tremor sources associated
with floods originating from the Western and Eastern Skaftá Caul-
drons in Vatnajökull, Iceland. They calculated backazimuth and
distance from seismic arrays to pinpoint the location of the tremor
source. Type 1 tremor initiated with the start of the subglacial flood,
its location changed with the progress of the subglacial flood and it
was observed prior to the flood emergence from the glacier. Type
1 tremor was characterized by non-harmonic and low-frequency
content. Type 2 tremor started after the flood was initiated and the
source location was stationary, close to the cauldron from which
the flood originated. Type 2 is characterized by harmonic and high-
frequency content. The tremor detected during the Eyjafjallajökull
eruption could consist of type 2 tremor. We do not detect a migrating
source. The cause could be the short subglacial path of the flood,
which is approximately 5 km compared to 40 km of the flood path
in the study of Eibl et al. (2020).

If there are other tremor sources in the two lower frequency
bands, 0.5–1 and 1–2 Hz, we do not detect them as the main source
is the only one our method detects. Other events during the eruption
could cause tremor. These include the jökulhlaups at the beginning
of the eruption and lava flows, that became visible on 21st April
(Magnússon et al. 2012). However, the phase change on April 18
was likely associated with the initiation of the effusive phase with
the slow-moving dacitic lava not appearing from underneath the
cinder cone until several days later.

Our locations of the tremor bursts in the early stages of the erup-
tion (with a time resolution of one hour in the 0.5–2 Hz frequency
range) are similar to the average tremor-source location (see Fig. 7),
although they are naturally less precisely due to lesser redundancy in
data over a shorter time period. The velocities we used are suitable
for surface waves. The tremor associated with the stable source in
the study of Eibl et al. (2020) was mostly composed of body waves
whereas the tremor caused by the migrating flood was composed
of surface waves. Although these bursts (see Fig. 4) occur simul-
taneously with jökulhlaups (Magnússon et al. 2012), they cannot
be directly related to the migration of the floodwater. The tremor
bursts are most likely associated with the opening of a new vent,
that is oscillations in magma-gas pressure within the conduit lo-
cally melting more glacier ice and generating subsequent floods.
It is likely that fluctuations in magmatic/gas pressures in the erup-
tion conduit and/or magma-water interaction within the new vent,
generated these relatively short tremor bursts.

We argue that we cannot compare the tremor of the 2010 Eyjaf-
jallajökull to the jökulhlaup from the Skaftá Cauldrons (Eibl et al.
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2020) because of different sources. The tremor source in this study
is associated with an eruptive vent whereas the source in Eibl et al.
(2020) is associated with the emptying of a subglacial lake within
a ice cauldron.

7.4 Analyses of power variation

We have analysed the amplitude behaviour of the recorded tremor
with distance and time, by measuring power ratios between each of
the recordings and the recording at a reference station. This allows
us to separate variation in the tremor from variation in local noise
by assuming independence of the tremor and noise signals. This is
important as some of the temporarily deployed seismographs were
installed in very noisy conditions (in particular station sel that was
deployed in the basement of a cowshed and had a constant noise at
5 Hz, see Fig. 2). We find that the power ratios vary significantly
(by up to a factor of 7) between the 10 epochs spanning the eruption
period (Table 3), while remaining relatively constant within each
epoch (see Figs 8, A7, A8 and A9).

Since the tremor-source location at frequencies between 0.5 and
2 Hz is found to be stable with time based on independent data
(i.e. phase and not amplitude or power data) we conclude that the
observed variation in the power ratios must be due to either changes
in the physical properties of the rocks, that waves in the tremor
pass through, or changes in the nature of the source. The former
must be considered unlikely. It is difficult to envisage changes in
relative power by a factor of 7 over time due to path averaged
changes of attenuation or spreading of waves from a single, stable
source. Therefore, we conclude that some aspect of the tremor-
source radiation has changed with time. This could reflect changes
in the horizontal radiation pattern of the source, or changes in the
depth of the source and in the wave content of the tremor. Since we
find that the tremor consists mostly of surface waves at the analysed
frequencies we conclude that the observed variation with time of
power ratios at all stations is most likely due to changes in the
radiation of the source.

Analyses of tremor amplitude often assume isotropic radiation.
The argument can be that the diffusive nature of the scattering
process will mix any directivity of the source (Morioka et al. 2017).
Kumagai et al. (2010) used an isotropic source and stated that it
can be assumed at frequencies above 5 Hz because of path effects
caused by scattering of the seismic wave. This appears not to be the
case with data in the frequency range 0.5–2 Hz at Eyjafjallajökull
and points out the need to consider potential variation of the power
radiation when locating tremor based on amplitude.

7.5 Parameter estimation

7.5.1 Quality factor

We estimated a stable epicentre of the tremor source in two in-
dependent frequency ranges, 0.5–1 Hz and 1–2 Hz and obtained
redundant estimates of logarithmic amplitude decay of the tremor
in the same frequency ranges within 10 different epochs of the
eruption. Using these data we can estimate the path averaged dif-
ferential attenuation between the reference station and each of the
other seismic stations from which we have observations of tremor
power. This, in turn, allows us to estimate path averaged attenuation
coefficients for each station. Estimates of path averaged attenuation
coefficients range from Q ≈ 10−20 for some of the shorter paths to
Q ≈ 20−50 for the distal paths based on the vertical component of

motion and somewhat lower based on the horizontal components.
These are indications of strong attenuation, but within the range of
Q = 10−100 found in volcanic regions (see e.g. Kumagai et al.
2018; Del Pezzo et al. 2006; Gudmundsson et al. 2004). The lower
estimates based on horizontal components of motion may indicate
that both Rayleigh and Love waves are present in the tremor, scat-
tered so that they are mixed between the horizontal components.
Also, the lower estimates on the horizontal components may indi-
cate that the quality factor, Q, is lower for Love waves than Rayleigh
waves. Similar observations were reported by Bianco et al. (1999)
at Mt Vesuvius, Italy.

Fee et al. (2017) found that conduit walls were eroded during
the course of the 2016 eruption at Pavlov Volcano, Alaska. Also,
there might be some structural changes within a volcano during an
eruption, such as a new dike intrusions. These events may change
the Q during the course of an eruption. However, these changes are
small-scale compared to the station-to-volcano path lengths. We
also note that we have assumed that Q is frequency independent for
the span of the two frequency intervals, 0.5–2 Hz. Q is often found
to increase with higher frequency (Del Pezzo et al. 2006) but the
frequency interval we look at in this study is small compared and
the changes of Q are likely to be small.

We find that differential attenuation increases approximately lin-
early with horizontal distance from the tremor source for those of the
stations that are in the near vicinity of Eyjafjallajökull volcano (for
all stations except hau and hvo). This holds for analyses of all three
components of the tremor records (see Figs 9, A10 and A11). That is
consistent with tremor primarily composed of surface waves. If the
tremor consisted primarily of body waves, then the depth variation
of attenuation would control this behaviour with distance. A con-
centration of attenuation near the surface, which is likely (Kumagai
et al. 2018), would in that case lead to a reduced rate of increase of
differential attenuation with distance, ultimately a weakening, sim-
ply because the incidence angles of the body waves near the surface
decrease with distance. Therefore, this corroborates that the 2010
Eyjafjallajökull tremor consists mostly of surface waves.

We cannot estimate the contribution of scattering to our mea-
surements of Q without further characterization of the scattering
process. We note that our measurements are direct measurements
of the frequency derivative of amplitude integrated over long time
windows and may, therefore, be more akin to coda Q, QC, than
measures of Q based on direct waves at the onset of the waveforms.
Scattering certainly contributes to our measurements as scattered
surface waves have passed along longer paths than the direct waves.

In the 2014 Holuhraun eruption Caudron et al. (2018) estimated
Q for S waves at distances of up to few tens of kilometres from
the source(s) to be about Qs = 175 in a wide frequency range
centred on 9 Hz. These results indicate less attenuation than our
results. However, they are not comparable for several reasons. The
nature of measurement differs: we measure Q based on a frequency
difference of amplitude ratios, while they match amplitude ratios.
The wave types differ and consequently the geometry of sampling
of the crust: we work with what we argue to be surface waves at a
relatively high frequency which sample the top 0.5–1.0 km of the
crust, while body waves in the study of Caudron et al. (2018) dive
deeper into the crust. The frequency content differs: we work with
lower frequency and Q is often found to increase with frequency
(Del Pezzo et al. 2006). Finally, we argue that it may not be entirely
clear what the Q factors in Caudron et al. (2018) represent. They
have applied a power-law decay for geometrical spreading, but it is
unclear what is the appropriate geometrical spreading rate for the
best 1-D velocity model in their area. The site corrections involved
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in the method do not strictly depend on amplification effects beneath
each site, but rather describe an integral path effect in light of
potential velocity and Q heterogeneity and/or anisotropy. Therefore,
trade-off may exist between station amplitude corrections, decay
rate for geometrical spreading and Q.

7.5.2 Geometric spreading factor

We have also estimated the rate of decay of the tremor with distance
due to geometrical spreading based on a power law and frequency-
independent station corrections. This parametrization is similar to
that commonly used in analysis of tremor amplitudes (e.g. Battaglia
& Aki 2003; Battaglia et al. 2005), but the analysis is admittedly
simplistic. These station corrections should not be seen as correc-
tions for effects of structure beneath each station, but rather as a
correction for the entire path between source and station. They can
contain frequency-dependent effects of multipathing and scattering,
focusing and defocusing along each path, as well as frequency de-
pendent site amplification. Note that, having estimated differential
attenuation, we can correct for it, and thus have many redundant
measurements of the decay rate of relative power with distance and
relative station corrections for each of 10 epochs for which we have
data at each of the stations. We have not been able to calibrate
the station corrections with independent data as we have not found
earthquakes located in the tremor-source region with a useful signal-
to-noise ratio in the frequency range of the tremor. We find, upon
application of Occam’s razor, that is by seeking the power-law expo-
nent that yields the smallest possible variation of station corrections,
a power-law exponent of a ≈ 0.5 (see eq. 2). This is consistent with
tremor primarily propagating as surface waves. The station correc-
tions for the vertical component are plotted against azimuth and
distance in Fig. 10 (for the horizontal components see Figs A12 and
A13). No systematic behaviour is apparent with azimuth. Their be-
haviour suggests a steady increase with increasing distance for those
of the stations that are near Eyjafjallajökull volcano, but not for the
distal stations which might indicate a change of the wave content in
the tremor with distance. However, that would require an effective
decay rate slower than that of surface waves so that the near stations
have been overcompensated by the surface wave decay requiring
recompensation in the station corrections. Such distance behaviour
is neither found in body waves nor near-field displacement terms.

7.5.3 Relative radiation pattern

We have estimated the relative radiation pattern for the span of the
eruption (Figs 10, A8 and A9).

Phase I and epoch 1 cover the same time span. Phase II spans
epochs 2–6, phase III spans epochs 7–9 and a part of 10 and phase
IV spans rest of epoch 10. The relative power-radiation pattern is
approximately circular, that is isotropic, in epochs 1, 8, 9 and 10.
These epochs cover phases where the activity was explosive (I and
III) and when the activity was waning (IV). During phase II, the
activity was effusive with low-discharge and the relative power-
radiation pattern was highly variable.

We performed the power-analyses using the four phases of Gud-
mundsson et al. (2012) but found that the variation in phases II and
III were such, that we had to divide the phases further. This points
to some variability in the eruption character during phases II and
III that does not affect other eruption characteristics such as plume
elevation.

If the source were non-isotropic in the same fashion during
the entire time-span of the eruption, then that variation would be
accounted for in the station correction parameter. The estimated
power-radiation pattern is therefore a measure of the deviation of a
mean power-radiation pattern, relative to station fag. Therefore, it
is not possible to link the pattern in Fig. 11 to an absolute power-
radiation pattern.

7.6 Depth estimate

Surface waves around 1 Hz at Eyjafjallajökull have a phase velocity
around 1.5 km s–1 and a wavelength of about 1.5 km based on ex-
trapolation of the results of Benediktsdóttir et al. (2017). The eigen-
functions of fundamental-mode surface waves with that wavelength
have energy concentrated in the top 0.5–1 km of the crust (extrapo-
lating eigenfunctions from Benediktsdóttir et al. 2017; Jeddi et al.
2017). Thus, if the surface waves are fundamental mode, they are
most effectively excited quite near the surface, that is approximately
in the top kilometre or less. If they consisted of higher modes, the
group velocity would be expected to be higher than that which
best concentrates the likelihood of epicentral locations (1.3 km s–1).
Therefore, we estimate that the source lies in the top 1 km of the
crust.

With the tremor dominated by surface waves, we cannot deter-
mine the depth of its source (other than to constrain it through
the depth distribution of their eigenfunctions). If the tremor con-
tained a significant component of body waves, then the depth of
that component could possibly be determined based on the am-
plitude distribution with distance by matching that with the dis-
tance behaviour predicted by a 1-D velocity model. Similarly, the
depth could be estimated using the differential-time information
contained in correlograms by back projecting them, or their rendi-
tion as a probability density, in 3-D using a traveltime table based
on the same 1-D model. In general, this would require more data
and it does require substantial knowledge about the average veloc-
ity model. Ideally, the velocity model should be three dimensional.
Using differential-phase information in this way becomes ambigu-
ous in that it becomes difficult to distinguish a correlation peak
of a minor component of the wave field and a secondary scattered
arrival if the scattering process is not perfectly diffuse (uniform,
dense and isotropic). Estimating depth from amplitudes or power
has many degrees of freedom (including the velocity model) and
typically involves relatively few data. It also becomes ambiguous
in that the tremor may contain both P and S waves and the effects
of a scattering process on polarity remains unclear. We have not
attempted this with the Eyjafjallajökull data.

We find that the power in the tremor was generally stronger on
the vertical component than the horizontals, although the power on
the three components is sometimes comparable. This is consistent
with tremor containing both Rayleigh and Love waves since the
definition of both becomes unclear in a scattering medium. If the
tremor consisted of body waves this would imply significant P-wave
content. Instantaneous particle motion is not diagnostic of this in a
strongly scattering medium at high frequency. For example, Neuberg
et al. (1994) demonstrated failure of the particle motion of P waves
at Stromboli volcano to point to the source at frequencies higher
than about 0.5 Hz and very short distance (1500 m). Neither is time-
averaged particle motion diagnostic, since the same interference
pattern of scattered surface waves is present at all times if the
source remains stationary and the medium does not change with
time.
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8 C O N C LU S I O N S

We have described, analysed the amplitude of, and located the tremor
associated with the 2010 Eyjafjallajökull summit eruption based on
differential-phase information. The main conclusions are:

(i)The character of eruptive tremor during the 2010 Eyjafjallajökull
eruption resembled that during many other eruptions in Icelandic
volcanoes. It was continuous in time with varying amplitude and
distributed in frequency between about 0.5 and 5 or 10 Hz, depend-
ing on station distance and eruptive character (Fig. 3).
(ii)Low tremor levels when plume height is large during explosive
phase of the eruption and high tremor levels when plume height is
small during the effusive phase of the eruption. This suggests that
effusion generated tremor more efficiently than explosive activity
at the surface in the 2010 eruption of Eyjafjallajökull.
(iii)The low-frequency tremor (0.5–2 Hz) emanated from a single
dominant source epicentre, which cannot be distinguished from the
main eruption site throughout the course of the eruption.
(iv)Tremor bursts during the first days of the eruption do not dis-
tinguish themselves from the epicentral location of the tremor as a
whole. Instead, both tremor bursts and floods appear to be a con-
sequence of enhanced eruptive activity, or opening of new vents
which increased ice melting.
(v)Observed variation with time of power ratios at all stations is
most likely due to changes in the radiation of the source.
(vi)The path averaged attenuation quality factor is Q ≈ 10−20
for some of the nearby stations and Q ≈ 20−50 for the distal
stations based on the vertical component. It is somewhat lower for
the horizontal components indicating that the tremor consists of a
mix of Love and Rayleigh waves and that the quality factor is lower
for Love than Rayleigh waves.
(vii)The 2010 Eyjafjallajökull tremor consisted mostly of surface
waves with a source at less than 1 km depth.
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Tarasewicz, J., Brandsdóttir, B., White, R.S., Hensch, M. & Thorb-
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