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S U M M A R Y
In this study and a companion paper, numerical models of convection and melt generation in
a ridge-centred plume system are developed for plumes with different temperature anomalies
�T P and varying fractions of retained melt ϕex. The produced melt in excess of the retention
threshold is used to generate ridge and plume crust respectively, whose thickness is found to
be sensitive to changes in �T P and ϕex. Comparison of calculated crustal thicknesses with
observations from mid-oceanic ridges and from Iceland confirms earlier findings that �T P

of the Iceland plume in the upper mantle is about 150–200 K and that the Icelandic crust
is thick. It also suggests that the retained melt fraction in partially molten mantle is at most
1 per cent. In the preferred model, plume melting occurs between ca. 25 and 110 km depth,
at up to ∼250 km from the spreading centre. The temperature and melt fraction fields from
the numerical models are used as input for the derivation of seismic velocity anomalies and
magnetotelluric response functions in the companion paper. Furthermore, the models reveal
that the high temperatures of plumes result in a superlinear increase of crustal thickness with
plume excess temperature through the combined effects of enhanced melting, active upwelling
and the extent and geometry of the melting zone.

Key words: hotspots, Iceland plume, mantle convection, melt, mid-ocean ridges, numerical
modelling.

1 I N T RO D U C T I O N

Mid-oceanic ridges and plumes are two central elements of plate
tectonics and play prominent, though different, roles in igneous pet-
rogenesis and crust formation. While at mid-ocean ridges, the newly
created crust in general is of a rather uniform thickness of 6–7 km
throughout the world (e.g. White et al. 1992), plumes vary consid-
erably in strength, and their crust production depends very much
on their excess temperature, i.e. their temperature contrast with re-
spect to undisturbed mantle, and on the thickness of the overlying
lithosphere. In the exceptional case where a plume coincides with a
ridge, it can unfold the capacity for melt production provided by its
high temperature to the maximum extent without being oppressed
and weakened by a thick lithospheric lid. Currently, this situation
is realized in Iceland, where the superposition of a mantle plume
with the mid-Atlantic ridge has allowed for the ridge crest to grow
above sea level and form an island. For this unique situation Ice-
land has received much interest since the development of the plume
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paradigm (Morgan 1971), and has indeed been regarded by many
workers (e.g. Courtillot et al. 2003) as one of the classical and best-
documented examples of a deep mantle plume. The presence of a
strong anomaly in the upper mantle has been confirmed by many
studies, such as several regional seismic tomography experiments
(Tryggvason et al. 1983; Wolfe et al. 1997; Allen et al. 1999, 2002a;
Foulger et al. 2001), receiver function analysis (Shen et al. 2002) or
regional geoid analysis (Marquart 1991). The shape and strength of
the plume in the deeper mantle, which is essentially determined by
global seismic tomography, is less well resolved. This has led some
authors to the claim that the plume is restricted to the upper mantle
(e.g. Foulger et al. 2001), but several recent tomographic studies are
able to trace a rather narrow structure of varying amplitude from be-
low the Iceland area down to the core–mantle boundary (Bijwaard
& Spakman 1999; Ritsema et al. 1999; Zhao 2001; Grand 2002).
Furthermore, a number of geochemical studies have also found ev-
idence for the presence of lower-mantle material in the plume (e.g.
Hanan & Schilling 1997; Hanan et al. 2000; Kempton et al. 2000;
Breddam 2002).

A different point of controversy is the thickness of the crust above
this mantle anomaly. Symptomatic of this issue are contradictory re-
sults from controlled-source seismic experiments performed around
1980: the results of the RRISP77 campaign (Gebrande et al. 1980)
indicated that the crust is as thin as 10 km near the ridge, whereas
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studies by Zverev et al. (1980a,b) imaged crustal reflectors at depths
of at least 20 km. Later, reinterpretation of the RRISP data (Menke
et al. 1996) and new seismic and gravity data (e.g. Bjarnason et al.
1993; Staples et al. 1997; Darbyshire et al. 1998) strengthened the
evidence for a thick crust. However, magnetotelluric measurements,
for example by Beblo & Björnsson (1980), showed unambiguously
the presence of a good conductor at a depth of about 10 km near
the ridge, which slopes to greater depth under older parts of the
island. This conductor has then been interpreted as a layer of partial
melts, which could only exist at the base of the crust in this form.
Although alternatives have been proposed, the nature of this layer
remains unclear and fuels the controversy about the structure of the
Icelandic crust.

In this study, we attempt to contribute to the discussion by de-
veloping a numerical convection model of a ridge-centred plume in
the upper mantle such as in Iceland and combining it with a model
of melt generation and segregation from which we compute crustal
thickness; the restriction to the upper mantle is dictated by com-
putational limitations and is also motivated by the availability of
high-resolution seismic data, but the design of the model in fact as-
sumes that the plume ascends from the lower mantle. Furthermore,
the numerical model delivers the geometry of the temperature and
melt content fields in the mantle, which can be used as input for
calculations of seismic velocity anomalies and the distribution of
the electrical conductivity in the mantle on the basis of theoretical
models of the effect of temperature and melt on these observables
(Schmeling 1985, 1986; Karato 1993). These aspects are the sub-
ject of a companion paper by Kreutzmann et al. (2004) (hereafter re-
ferred to as Paper 2). The sensitivity to temperature and melt content
of all observables considered is our rationale for concentrating on
variations of these two parameters. Hence, it extends the picture de-
veloped in the earlier numerical work of Ribe et al. (1995), in which
only two models were dedicated especially to Iceland, and of Ito et al.
(1996) and Ito et al. (1999), which mainly concentrated on gravity
and chemical anomalies apart from crustal thickness. The combina-
tion of the results of Paper 2 with those of this study will improve the
view of the Icelandic mantle and crust, linking constraints on mantle
structure to observations of the thickness of the crust and also ex-
ploring new possibilities for probing the structure of the uppermost
mantle.

2 DY N A M I C M O D E L L I N G O F
A R I D G E - C E N T R E D P L U M E

2.1 Model design

The idealized numerical model of the Iceland plume used in this
study consists of a ridge-centred plume in a 3-D Cartesian box and
comprises two parts. First, there is a large-scale model which treats
the convection of the plume and the mantle flow in its greater neigh-
bourhood in the depth range of the upper mantle. The plume is
defined as entering the corresponding model box through a circular
area in the bottom of the model, which is characterized by a temper-
ature and vertical flow velocity anomaly. Obviously, melting takes
place only in a minor part of this large-scale model, namely in the
surroundings of the spreading centre and the plume axis in the upper
quarter of the box. Therefore, it is natural to restrict the other part
of the model, the modelling of the melting processes, to this smaller
region, which is represented on a more densely sampled Cartesian
grid inserted into the large-scale box.

2.1.1 Governing equations for mantle and melt processes

In the large-scale mantle convection model, two equations are
solved. The first one is the incompressible Stokes equation for infi-
nite Prandtl number in the Boussinesq approximation:

0 = −∇ p̃ + ∇ · {
η

[∇vs + (∇vs)T
]}

+ g(−�0αT + ��dp f + ��fϕ + ��X X )ez, (1)

with the non-hydrostatic pressure p̃, the mantle flow velocity vs,
and the mantle shear viscosity η (see Table 1 for a complete list
of variables). The four terms in the round brackets characterize
the contributions of thermal expansion α, depletion due to melting
f , retained melt (porosity) ϕ and the phase transformations from
α-olivine to γ -olivine X to the buoyancy of the upwelling mate-
rial (see e.g. Schmeling 2000); ��dp, �� f, and ��X are density
contrasts between undepleted mantle and mantle at a reference f ,
between melt and matrix, and between the two phases involved in a
solid state phase transition, respectively.

The second equation is the energy conservation equation:

∂T

∂t
= κ∇2T − vs · ∇T + gα

cp
T vsz

+ η

2�0cp

[∇vs + (∇vs)
T
] · [∇vs + (∇vs)

T
]

− Lm

cp

(
∂

∂t
+ vs · ∇

)
M

+ T
�SX

cp

(
∂

∂t
+ vs · ∇

)
X, (2)

with the temperature T and the melt mass M produced by super-
solidus melting. The third and fourth terms represent adiabatic and
viscous heating, respectively, and the last two terms describe the
temperature changes due to the consumption of latent heat during
melting and solid state phase transitions, respectively. Both equa-
tions are actually solved in the modelling of mantle convection in
non-dimensionalized form. Note thatα is depth dependent; the depth
dependence, which is detailed in Paper 2, results in a drop of α by
about 44 per cent over the depth range of the model (cf. Table 1).
The transitions from α-olivine to γ -olivine are assumed to happen
linearly over a depth range of about 100 km. The plagioclase–spinel
and the spinel–garnet transition of the principal Al-bearing phase
are not included, because the relatively small T decrease associ-
ated with them will have only a minor effect on the temperatures
in the melting region and hence on the degree of melting and the
observables considered here, and the density change of about 30
kg m−3 for the spinel–garnet transition (e.g. Cella & Rapolla 1997)
is not expected to enhance the buoyancy of the plume substantially
either, contrary to the buoyancy effect in the transition zone (see
Section 2.2).

In the smaller-scale model grid, the dynamics of melt generation
and migration in a compacting, porous matrix are calculated after
the method derived by McKenzie (1984) and implemented for the
2-D case in an earlier work by Schmeling (2000); the relevant mech-
anisms are the advection of the depletion respectively the degree of
melting f by the mantle current,(

∂

∂t
+ vs · ∇

)
f = 1

�f

(
∂

∂t
+ vs · ∇

)
M, (3)

the conservation of melt mass,

∂(�fϕ)

∂t
+ ∇ · (�fϕvf) =

(
∂

∂t
+ vs · ∇

)
M, (4)
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Table 1. Variables used in this study, and model parameters; values in italics are characteristic of the reference
model DPRM. For better computational efficiency, zm was varied for different �T P, because the respective plumes
cross the solidus at different depths; therefore a hotter plume needs a melt model grid which reaches deeper into
the mantle.

Variable Unit or value

General
η, mantle shear viscosity Pa s
ϕ, porosity (melt content)
a, grain size 1 mm
b, permeability scaling parameter 648
ez, unit vector in z direction
f , depletion (melting degree)
g, gravity acceleration 9.9 m s−2

h, crustal thickness km
kϕ , permeability m−2

p̃, dynamic pressure GPa
T , temperature ◦C
T , absolute temperature K
T̃ = [T − 0.5(Ts + Tl)]/(Tl − Ts), homologous temperature
T s, solidus temperature ◦C, eq. (8)
T l, liquidus temperature ◦C, eq. (9)
vf, fluid (melt) velocity cm yr−1

vs, solid (matrix) velocity cm yr−1

vseg = vf − vs, segregation velocity cm yr−1

X , normalized fraction of a certain olivine polymorph
�zX , depression of the 410 km discontinuity km
zsol, solidus depth km

Model
xc, yc, zc, size of convection model 1500 km × 1000 km × 660 km
xm, ym, zm, size of melt model 556 km × 1000 km × (113, 127, 153) km
�T P(zc), plume excess temperatures at model bottom 150 K, 250 K, 350 K
ϕ ex, extraction threshold 0.001, 0.01, 0.03, (1)
rP(zc), plume radius at model bottom 125 km
v z,P(zc), max. vertical bottom influx velocity of plume 3 cm yr−1

v r, half-spreading velocity 1 cm yr−1

Mantle
α, thermal expansivity (4.27–2.39) × 10−5 K−1

η0, reference shear viscosity 5 × 1022 Pa s
ηb, bulk viscosity 5 × 1021 Pa s
κ , thermal diffusivity 6.072 × 10−7 m2 s−1

�0, reference density 3660 kg m−3

cp, isobaric specific heat 1350 J kg−1 K−1

�SX , entropy change of phase transformation 53.8 J kg−1 K
T pot, background mantle potential temperature 1380, 1410 ◦C
X ol, fraction of olivine 0.65

Melt
α f, thermal expansivity 6.3 × 10−5 K−1

ηf, viscosity 2 Pa s
�0,f, reference density 2663 kg m−3

K 0, K ′
0, bulk modulus and p derivative 22.3 GPa, 7

Lm, latent heat of melting 550 kJ kg−1

M , melt production kg m−3

where melting/freezing is included, and the relative motion of
melt and matrix under the influence of melt buoyancy, deviatoric
stresses and compaction, in the compaction Boussinesq approxima-
tion (Schmeling 2000),

vf − vs = ��fga2

ηfb
ϕn−1(1 − ϕ)ez

− a2

ηfb
ϕn−1∇ · {

η
[∇vs + (∇vs)

T
] + ηb(∇ · vs)

}
. (5)

The factors on the right-hand side are related to the well-known
porosity–permeability relation:

kϕ = a2ϕn

b
; (6)

we chose 1 mm for the grain size a and assumed a geometry factor
b = 648 and n = 3, which is valid for a network of planar layers.

We did not solve the energy equation in a formulation for two-
phase flow as given by McKenzie (1984), because we imposed
an upper limit to the porosity in the mantle which is rather low
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and extracted all melt exceeding this threshold instantaneously, as
described in the next section. Therefore, the segregation velocities
in the two-phase flow are slow enough to allow us to approximate
the average velocity of the melt–matrix system by the matrix veloc-
ity, which implies that thermal equilibrium prevails between both
phases and that the dissipation due to the relative movement of
melt and matrix is negligible (cf. Schmeling 2000). Furthermore,
the removal of excess melt from the system in principle entails the
extraction of energy from it. Assuming equal heat capacity and den-
sity of melt and matrix, this energy loss would be compensated by
the advection of heat due to matrix compaction. As we neglect this
compaction term in the compaction Boussinesq approximation, it is
consistent to neglect the extraction of energy as well. The only cool-
ing mechanisms acting in the melting region are therefore those due
to adiabatic ascent and the consumption of latent heat by melting,
as described above.

2.1.2 Numerical method

In the large-scale convection model, the Stokes eq. (1) is solved
by a hybrid Fourier/finite difference method (Marquart et al. 2000;
Marquart 2001), whereas the energy conservation eq. (2) and the
melt dynamic eqs (3), (4) and (5) for the small-scale melt grid are
all solved with pure finite differences. Time stepping is performed by
an explicit integration method, allowing for a detailed examination
of the transient phases of plume ascent; the same time increment
is used on both numerical grids. To achieve a higher resolution for
the investigation of melt-related processes, the spatial discretization
of the melt model is higher than that of the convection model; the
physical variables which are of importance in both models—T , vs, η,
f and ϕ—are exchanged by interpolation, respectively by selection,
of a value at common points (the refinement factor is always an
integer). For the convection model, which has a size of 1500 km ×
1000 km × 660 km, a grid of 108 × 72 × 100 points has been
found to be sufficient according to resolution tests; the melt grid,
which for the reference case is of size 556 km × 1000 km × 127 km
and is situated along the ridge in the depth interval from 6.7 to
133 km, consists of 121 × 214 × 20 points, i.e. it is more densely
sampled by a factor of 3 in the x and y directions compared with the
convection grid and thus has an approximately uniform resolution
in all directions; its depth and gridpoint number are adopted to the
depth range of melting for each model.

The temperature is held at a constant value of 0 ◦C at the top
of the model and of 239 K above the potential temperature of the
model at the bottom outside the plume. As mentioned above, the
plume source is prescribed at the model bottom as a circular area
with radius 2rP featuring a temperature anomaly and a vertical influx
of a maximum 3 cm yr−1, both weighted with the same Gaussian
shape, because as the buoyancy is largest and the viscosity is lowest
in the hottest parts of the plume it is consistent to assume similar
patterns for T and v z in the source region; rP is the distance from the
centre at which the amplitude of the anomaly has decreased to 1/e.
Apart from that, there is a weak background influx related to the
passive upwelling current. To balance the influx of mass, two strips
oriented perpendicularly to the spreading direction are provided at
the outer sides of the bottom of the model to take up the entire mass
input. At the top of the model, the spreading ridge is implemented
as a kinematic boundary condition; plate velocities change linearly
across the region of the spreading centre over a width of 60 km,
but have the constant value of v r outside of that area. The lateral
boundaries are periodic.

The rheology of the mantle was chosen to be temperature- and
depth-dependent according to η(T , z) = η0 exp(−cT T + czz) with
η0 = 5 × 1022 Pa s, cT = 6.908 and cz = 2.7. This leads to viscos-
ity variations of O(103), which approaches the limit of what can be
treated accurately with the present method. In normal mantle, vis-
cosities hence reach minimum values around (6–7.5) × 1019 Pa s at
asthenospheric depths, but rise to about (1.2–2.2) × 1020 Pa s in the
transition zone and η0 at the surface; in the depth range of the phase
transition, the pressure effect and the increase of superadiabatic tem-
perature with depth roughly compensate each other, resulting in a
vertically almost constant viscosity profile in that interval. The fac-
tor ηb in the compaction term of eq. (5) is the bulk viscosity of the
partially molten rock; it is assumed constant here for simplicity, but
its actual dependence on porosity (Schmeling 2000; Bercovici et al.
2001) would not play a significant role at the porosities prevailing
in the models presented here, as the porosity distribution is quite
homogeneous in the models.

The generation of oceanic crust is modelled by extracting instan-
taneously all melt exceeding a certain threshold melt content ϕ ex in
ridge-perpendicular (x–z) planes after each time step and adding it
uniformly to the top of the model in a spreading and eruption zone
with a width of 60 km, from where it is transported laterally by the
plate motion. The corresponding transport equation describing the
crustal thickness h,

∂h

∂t
+ ∂(hvr)

∂x
= E (7)

(after Buck 1991), is solved by finite differences on a 2-D grid with
the same spatial sampling as the melt grid;E is an ‘eruption/intrusion
rate’. The assumption of melt migration essentially perpendicular
to the ridge is considered an acceptable approximation to the actual
segregation (see also e.g. Ribe et al. 1995), and the instantaneous
extraction reflects the fast transport of melt through some kind of
oriented channel, which has been proposed by several authors (e.g.
Stevenson 1989; Aharonov et al. 1995) and is also required by geo-
chemical constraints (e.g. Lundstrom 2000). The direct modelling
of channel formation and transport has, however, not been possible
even with the finer discretization because of computational restric-
tions. On the other hand, focusing of melt by porous flow alone,
while in fact occurring, is not very efficient, because porous flow is
rather slow and the viscosity in the melting zone, which is around
5 × 1019 Pa s, is too low to produce large enough non-hydrostatic
pressure gradients, as already concluded earlier by Phipps Morgan
(1987) for a corner flow model.

2.1.3 Parametrization of melting behaviour

In view of the fact that a substantial amount of melt is generated
within a few tens of degrees above the solidus, the choice of the
potential temperature of the mantle and the solidus function is cru-
cial. In view of the lack of melting experiments on mantle rock
from beneath Iceland, it seems appropriate to choose a solidus
T s derived from an average mantle composition; a very recently
published such parametrization is the one by Hirschmann (2000,
table 2, and personal communication)

Ts = 1120.66061 + 132.899012p − 5.1404654p2, (8)

with p in GPa and T s in ◦C. The potential temperature T pot of the
mantle was generally assumed to be 1410 ◦C, which is high, though
within the range of recent petrological estimates (Ryabchikov 1998;
Green & Falloon 1998; Green et al. 2001) and results in a normal
oceanic crust of about the thickness which is observed; such a need
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Table 2. Model runs of this study. 135-1c is a variant of 135-1 with a
background mantle potential temperature lower by 30 K.

Model �T P(zc) (K) �T P(200 km) (K) ϕex (per cent)

DPRM (135-1) 250 136.5 1
220-1 350 220.5 1
50-1 150 52 1
135-0.1 250 136.5 0.1
135-3 250 136.5 3
135-100 250 136.5 100

135-1c 250 136.5 1

for higher potential temperatures has already been reported by other
workers who also allowed for refreezing in models of convection and
melt percolation (e.g. Ghods & Arkani-Hamed 2000). The degree
of melting is described by the parametrization of melt fraction as a
function of the homologous temperature T̃ by McKenzie & Bickle
(1988), which seems to reproduce the melting degree for small to
moderate f reasonably well and shows a decrease in productivity
for f >∼ 0.25, as expected when clinopyroxene is going to be ex-
hausted according to (batch melting) experiments (e.g. Hess 1992).
Therefore we did not introduce an explicit ‘clinopyroxene-out’ dis-
continuity in our melting model. Even in the plumes f does not
exceed this limit by very much, and it had been proposed that it
might lie at higher degrees of melting in the case of fractional melt-
ing (Falloon et al. 1988, pp. 1273ff.). The actual degree of melting
is determined by comparing the advected f with the theoretical de-
gree of melting according to the homologous temperature using the
parametrization, and melting or crystallizing according to the differ-
ence between both, taking into account the amount of melt locally
available for possible freezing.

For the calculation of T̃ , the liquidus of forsterite (the last solid
phase in melting mantle rock) was used instead of the liquidus of
lherzolite to mimic fractional melting in a similar manner as Iwamori
et al. (1995); the parametrization of the mantle liquidus

Tl = 1718.15628 − 11.8091p + 187.91605
√

p + 0.8 (9)

was derived using data from several experiments on forsterite be-
tween 1 bar and 16.7 GPa (Davis & England 1964; Ohtani &
Kumazawa 1981; Richet et al. 1993; Presnall & Walter 1993;
Navrotsky 1994). As the melting curve of forsterite is at somewhat
higher temperatures than the lherzolite liquidus, the parametrization
of the degree of melting is stretched over a larger temperature in-
terval at a given pressure, so that the isobaric productivity (df /dT)p

is smaller, in agreement with predictions from incremental batch
melting experiments (e.g. Hirose & Kawamura 1994). The smaller
productivity also partly enforces the relatively high mantle temper-
ature mentioned above.

2.2 Model runs

The initial condition for all models is a mantle with an adiabatic
temperature–depth profile accounting for the depth dependence of
α and the typical

√
t shape of cooling oceanic lithosphere symmetri-

cal to the spreading ridge, which is here prescribed in the form of the
analytical solution to the problem (e.g. Turcotte & Schubert 1982).
With this initial condition we miss the initial rifting and flood basalt
phase of the opening of the ocean, but this is acceptable because we
are mostly interested in the later stages of joint plume–ridge evolu-
tion, with regard to observables in the area of the present Iceland
plume. The plume anomaly at the model bottom is characterized by
r P = 125 km, which is a value within the range of seismological

studies (Tryggvason et al. 1983; Bjarnason et al. 1996; Wolfe et al.
1997; Foulger et al. 2001; Allen et al. 2002a), and a maximum influx
velocity of 3 cm yr−1, yielding a volume flux of 1.45 km3 yr−1, close
to the ‘best estimate’ of Schilling (1991) of 1.43 km3 yr−1; however,
the dynamics of the model cause the radius to be somewhat smaller
over most of the depth range (see below). All models also include
the α–β–γ transformations of olivine, whose effect is a reduction
of temperature and density (for decreasing pressures/depths). For
the convection melting models considered here, the principal effect
of the olivine transformations is an acceleration of the upwelling
plume at intermediate depths.

As described in more detail below and in Paper 2, the field observ-
ables considered in this study—namely crustal thickness, seismic
velocities and electrical conductivities—are particularly sensitive
to variations in temperature and melt content, which itself is also
dependent on T . Therefore it is of substantial interest to investi-
gate the effect of different temperatures and melt contents on these
observables. With consideration of previous estimates for the tem-
perature anomaly beneath Iceland and geochemical constraints on
mantle porosities, our runs explore the parameter space given by
�T P(z c) = 150 K, 250 K and 350 K and by ϕ ex = 0.001, 0.01
and 0.03 (runs 50-1, 135-1, 220-1, 135-0.1, 135-3 respectively; see
Table 2), taking the intermediate values as a reference model; addi-
tionally, an unrealistic model 135-100 without melt segregation and
extraction (ϕ ex = 1) was also considered in order to force a strong
magnetotelluric response and pronounced effect on seismic veloc-
ities due to the melt. To assess the importance of the background
potential temperature, another run was made with parameters as for
the reference model but with T pot = 1380 ◦C (135-1c). Note that the
model naming scheme is based on (rounded) �T P values at a depth
of 200 km (cf. Table 2); this is a convenient reference depth we will
use in some more instances below, because it is more representative
than the model bottom for the depth range covered by many regional
observations which will be considered in Paper 2.

Some of the key variables discussed in the following, for example
the maximum crustal thickness, hmax, the vertical upwelling veloc-
ity, v s,z, and the buoyancy of the plume are estimated for a ‘steady
state’; however, in most models, no real steady state is reached.
Therefore, we define the steady state to be represented by a stage in
the evolution of the model in which the plume has already spread
significantly under the lithosphere. This situation is usually reached
after 20–22 Myr model time, as is obvious from the hmax(t) plot
in Fig. 1; most variables do not seem to vary appreciably at that
stage any more. Further model parameters are listed in Table 1.
Of the mentioned observables, the crustal thickness, which is the
focus of this paper, is the most immediate outcome of the numer-
ical models; on the other hand, it is quite well constrained to lie
at 6–7 km according to seismic measurements, with a tendency
to be thinner at half-spreading rates below about 1 cm yr−1 (e.g.
White et al. 1992; Schubert et al. 2001). Hence, the spreading rates
around Iceland are close to this limit, and without the influence of the
plume, a crustal thickness slightly below the normal values would be
possible.

2.2.1 The dynamic plume reference model (DPRM)

As a starting point for the exploration of the parameter space spanned
by the plume excess temperature at the model bottom, �T P, and the
melt extraction threshold, ϕ ex, we have defined a dynamic plume
reference model (DPRM) and vary �T P and ϕ ex, which is equal
to the highest stable porosity that can be reached in the model,
in the different models. The model parameter combination of the
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Figure 1. Maximum crustal thickness in the model as a function of time.

DPRM itself has been tuned to reproduce the thickness of normal
oceanic crust and result in an anomalous plume-generated crustal
thickness which should at least lie reasonably close to expected
values. With respect to the Iceland plume, we chose �T P = 250 K
at the model bottom for the DPRM. This yields a plume temperature
well within the range of current upper-mantle temperature estimates
for this plume, because the plume cools during ascent. Although it
is commonly accepted that melting in the mantle is near fractional,
an adequate choice of the extraction threshold is even more difficult:
while some argue for extremely low ϕ ex of 10−3 or even less (e.g.
McKenzie 1985), others claim that the permeability is far too low at
such low porosities to allow for significant segregation and favour
higher values like ϕ ex ≈ 0.02–0.03 for the onset of efficient melt
separation (Faul 2001). As a compromise, we chose ϕ ex = 0.01 for
the DPRM (run 135-1).

The DPRM plume starts at the model bottom with �T P = 250 K
in its centre and crosses the solidus after about 9.2 Myr at a depth of
about 110 km, having lost about half of its excess temperature; the
temperature distribution of this model and the temperature contrast
of the plume to the background mantle in the region covered by the
melting grid are shown in Figs 2(a) and (b). During its ascent through
the upper mantle, the central part of the plume accelerates in the zone
of the olivine phase transitions, causing the conduit to thin to some
extent as a consequence of mass conservation (Fig. 2a), and then
slows down again when approaching the lithosphere. Apart from
the decrease in viscosity and the increase of thermal expansivity
to shallower depth throughout the depth range of the model, the
reason for the increase in ascent velocity is the significant additional
buoyancy caused by the fact that the lower-density α phase is formed
in the hot plume at a somewhat greater depth than in the normal
mantle, whereby the density contrast and concomitant buoyancy
increase with plume temperature (Fig. 3). Above the transition zone,
the effect disappears, as can be seen from the reduction in v z and
the localization of the phase-related buoyancy in Fig. 3. While the
buoyant effect of the transition zone certainly has an effect on ascent
velocity in the deep upper mantle, and therefore also on the shape
and diameter of the plume; its immediate influence wanes towards
the shallower parts of the mantle, so that its effect on the melting

processes is minor. The non-thermal buoyancy components in the
melting zone are mostly related to the depletion. The buoyancy
related to retained melt is only of some importance at those depths
of the plume’s melting zone where normal mantle is still solid and
causes a deep local maximum of the buoyancy at a depth of about
100 km, whereas above that level the porosity is virtually the same
in the plume head and beneath the normal ridge due to the imposed
extraction threshold (Fig. 3).

A further temperature drop of about 60 K is due to melting en-
thalpy and leads to a slight increase in viscosity in the whole melting
region of up to about 0.2 log units. The temperature drop makes the
plume head almost invisible in the temperature field in Fig. 2(a), but
by subtracting the temperature at the model margin, T(x, 0, z), from
T(x, y, z) (Fig. 2b), one can distinguish some details of the internal
temperature structure of the thermal anomaly of the plume head. The
onset of melting is marked by a decrease of the temperature anomaly
above a depth of about 110 km, because melting is restricted to the
plume there and the consumption of latent heat causes its tempera-
ture to approach that of the normal mantle. At about mid-depth of
the melting model, at 75 km, the reference mantle beneath normal
mid-oceanic ridges (MORs) also begins to melt and cool, so that
the temperature contrast increases again to smaller depths because
the melt productivity of the strongly depleted plume head in the
shallowest parts of the melting region is lower than that of the less
depleted sub-MOR mantle at a given z due to the concave-down
shape of f (T̃ ).

As in most of our models, the vertical velocity of the plume
peaks shortly below the top of the transition zone. It decreases to a
somewhat constant lower value for the next 200–250 km, because
the melting-related buoyancy increase at shallow depths counter-
acts the slowdown of the rising mantle and because the decrease of
viscosity from (5–6.5) × 1019 Pa s at the plume axis in the tran-
sition zone to about 3.5 × 1019 Pa s just below the solidus depth
and the reduction of thermal buoyancy due to cooling of the plume
compensate to some extent. v z then drops to values of a few cm
yr−1 in the uppermost 100 km of the mantle (Fig. 3), where the
plume head gets slightly stiffer, spreads laterally and starts to de-
velop a lobe ring. At a depth of 100–150 km it already forms a small
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Figure 2. The DPRM at t = 21 Myr. (a) Temperature field in convection grid (in ◦C). (b) Temperature anomaly T (x , y, z) − T (x , 0, z) in the melting grid
(in K). (c) Melt production rate in the melting grid (in 10−7 yr−1; negative values indicate freezing). (d) Melt fraction before extraction in the melting grid. (e)
Degree of melting (depletion) field in the melting grid. The high-f zones at the outer margin of the depleted zone in (e) are remnants from the initial melting
event in the first few time steps.

head, which is then slightly thicker than the stem; this is a feature
which has also been observed by other workers (e.g. Feighner et al.
1995) and is probably related to both the slowdown of the plume
when approaching the cold boundary layer and the influence of the
flow field of the spreading plates. In the plume centre, T does not
change significantly after 16 or 17 Myr, i.e. some 7 Myr after the
plume head has begun to produce melt. In the first phase of plume–
ridge interaction, there is a visible, though not strong, elongation
of the upper part (z <∼ 45 km) of the plume head along the ridge,
but after some million years drag by the plates takes over control of
the head’s shape and extends the thermal anomaly perpendicularly
to the ridge. Inspection of the thermal anomaly field suggests that a
waist of some 400 km forms. For channelling of plume material into
the ridge larger viscosity contrasts would be necessary (Albers &
Christensen 2001) but cannot be reached with our algorithm. Ther-
mal erosion of the lithosphere by the spreading plume head is not
strong.

Figs 2(c) and (d) give an overview of the spatial distribution of
melting. At the top of the model, normal MOR melting takes place
continuously in the roughly triangular area beneath the ridge be-
tween depths of about 20 and 75 km. It is about 250 km wide at its
base under normal ridge but broadens to more than 450 km during
the spreading of the plume head and narrows only slightly at the later
stages of plume evolution. The normal melting produces a layer of
lighter depleted material beneath the lithosphere which moves to the
sides, replacing the undepleted mantle (Fig. 2e); the high-f zones at
the outer margin of the depleted zone are remnants from the initial
melting event in the first few time steps. Degrees of melting in this
layer reach a roughly constant level of around 18 per cent at interme-
diate depths. The plume starts to melt at around 9.2 Myr model time
at a maximum depth of about 110 km and achieves a stronger de-
pletion of 25–29 per cent in its central parts; the additional thermal
and depletional density reduction in the plume enhances the up-
welling in the melting zone, whereas the buoyant effect of retained
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Figure 3. Selected v z(z) (left) and buoyancy (right) profiles through the plume centre at model times where crustal production has reached a quasi-steady state
(30 Myr for 50-1, 21 Myr for the other models; see Fig. 1). The v z(z) profiles of models 135-0.1, 135-3 and 135-1c do not differ appreciably from the DPRM
profile and have therefore been omitted. Note the pronounced deviation of 135-100 from the DPRM, which is due to the strong contribution of retained melt
to buoyancy (ϕmax ≈ 0.3). The buoyancy has been computed relative to a mantle profile at normal ridge, and has been normalized with −g�0.

melt is smaller and restricted to the deeper part of the plume head
(Fig. 3). As one would expect from the melting parametrization of
McKenzie & Bickle (1988) used in this study, melt production is
largest in the initial stage of melting, thus most melts come from
greater depths, especially those of the plume (Fig. 2c); higher tem-
peratures and flow velocities cause the maximum melt production
rate to be five to seven times higher in the plume head than beneath
normal ridge, but the stronger depletion and accordingly decreasing
d f/dT̃ lead to a slightly lower rate of melting in the top of the plume
head. Vertical segregation velocities of the retained melt are around
2–2.5 cm yr−1 as a maximum in both the plume head and beneath
normal ridge; this is due to the prescribed threshold value which
also causes the distribution of retained melt in the melting region to
be quite homogeneous (Fig. 2d). Between the melting zone and
the thermal lithosphere, a thin freezing layer exists where the man-
tle is being re-enriched by crystallization of retained melt (negative
values in Fig. 2c).

The extracted melts form a crust of 5.6 km at normal ridge, which
is only slightly below the range of observed values (White et al.
1992; Schubert et al. 2001) and therefore serves to calibrating the
model. As can be seen from plots of the maximum crustal thickness
in the model at a given time (Fig. 1), hmax(t), crustal growth rates
are largest at the beginning of melting—both at the beginning of the

model run and at the beginning of plume melting—and approach
a steady-state value after some million years. For the DPRM, this
value is 49 km, i.e. a bit larger than the maximum estimates of
39–46 km for the crust to the northwest of Vatnajökull in central
Iceland as derived from the data from the ICEMELT and HOTSPOT
projects (Darbyshire et al. 1998, 2000; Du & Foulger 2001; Allen
et al. 2002b). The late-stage variability in crustal thickness and some
other model variables are due to boundary effects of the model and
will not be considered further.

2.2.2 Other models

All runs are summarized in Table 3. In runs 50-1 and 220-1, the melt
extraction threshold has been kept at 1 per cent but the basal excess
temperature of the plume has been changed to 150 K and 350 K,
respectively. The cold plume 50-1 ascends quite sluggishly due to
its smaller thermal buoyancy and slightly higher viscosity, cools
more strongly and begins to melt later and at a shallower depth; its
v s,z(z) profile is somewhat different from that of hotter plumes in
that it lacks the constant interval in the upper half due to the com-
paratively small extent of melting and the related contributions to
buoyancy (see Fig. 3), but nonetheless its buoyancy profile, while

C© 2004 RAS, GJI, 158, 729–743

D
ow

nloaded from
 https://academ

ic.oup.com
/gji/article/158/2/729/2013310 by guest on 24 April 2024



Temperature and melting of a ridge-centred plume 1 737

Table 3. Model results. �T P(z sol) is taken at the centreline of the plume. The maximum values of v s,z are estimated averages of the
steady state. v seg,z for 135-100 is a rough estimate based on Darcy’s law.

hmax (km) zsol (km) �T P(z sol) (K) �zX (km) Max. v s,z (cm yr−1) Max. v seg,z (cm yr−1)

Plume centre
DPRM (135-1) 49 110 115 15 17 ∼2.6
220-1 119 133 ∼180 20 22 3.3
50-1 15 85 ∼40 ∼5 11 2.4
135-0.1 54 110 115 ∼16 ∼0.23
135-3 27 110 115 15 16 18
135-100 n.d. 110 115 15 ∼16 O (km d−1)
135-1c 34 ∼100 115 15 17 ∼2.5

Normal ridge
DPRM 5.6 75 – – ∼1 ∼2.5
135-0.1 7.7 75 – – ∼1 ∼0.08
135-3 0 75 – – ∼1 9.5

135-1c 4 65 – – ∼1 ∼2.5

less markedly shaped, has the same structure as that of the DPRM.
The maximum melting degree is only 23 per cent, and the final
plume crust is no more than 15 km thick. As a whole, it is a rather
unspectacular structure. By contrast, the hot plume 220-1 rises faster
than the others due to its larger thermal and phase-related buoyancy
and lower viscosity, which lies between about 2.5 × 1019 and 4 ×
1019 Pa s, and crosses the solidus earlier and at greater depth, still
with two-thirds of its bottom temperature excess in the centre; due
to the deeper onset of melting, a larger depth interval is influenced
by the buoyancy of retained melt than in the cooler plumes. The
greater solidus depth will also make this plume the one whose melt
productivity is influenced most by the speed-up experienced in the
transition zone, although even here the effect is not dominant. How-
ever, the more extensive melting leads to stronger enthalpic cooling
and lets the temperature contrast with the background mantle drop
to only about 100 K at z < 75 km. The maximum degree of melting
of more than 30 per cent is probably unrealistic because the ex-
pected exhaustion of clinopyroxene would reduce the productivity
more strongly than modelled here.

The same threshold has been used for model 135-1c (cooler back-
ground T pot). In that run, a cooler background temperature also
means that the absolute temperature of the plume is lower than that
of the DPRM by the corresponding amount. Generally speaking,
one would expect this model to be a lower-performance clone of
the DPRM in terms of melting, because the downward shift of the
mantle geotherm shrinks the melting regions of both normal ridges
and the plume and moves the solidus depth to a shallower level. In-
deed, all geotherm–solidus intersections lie roughly 10 km higher,
plume melting starts slightly later, the melting degrees are 2–3 per
cent lower and the transition path of the material through the melt-
ing region is shorter, all of which lead to a noticeably thinner crust
(Fig. 1).

The other variable parameter of this study, the threshold porosity
ϕ ex, was changed to 0.1, 3 and 100 per cent (no extraction), respec-
tively, in models 135-0.1, 135-3 and 135-100; �T P at the bottom
was kept at 250 K. Dynamically, 135-0.1 and the DPRM 135-1 are
very similar, because in both cases the retained amount of melt is
quite low and therefore has only a minute effect on the buoyancy, vis-
ible near the solidus intersection. The main difference is the crustal
thickness: the final MOR crust thickness is 7.7 km in 135-0.1, and
the final plume crust thickness 54 km. The reason is obviously that
in 135-0.1 almost all melt is extracted from the whole melting zone,
whereas in the DPRM case a certain fraction, especially in the outer
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Figure 4. Maximum steady-state crustal thickness as a function of
�T P(z = 200 km) and ϕex, for a background mantle T pot of 1410 ◦C.
Within the given data range, the formula hmax = (4.24 × 10−6�T 3

P + 8.25 ×
10−4�T 2

P + 0.126�T P + 5.6)(−0.038ϕ2
ex − 0.07ϕex + 1.11) + 1.698(1 −

�T P/136.5)(1 − ϕex) km with �T P in K and ϕ ex in per cent can be used
to approximate hmax; of course, hmax ≡ 0 where the formula yields nega-
tive values. This formula should not be used for extrapolation much beyond
the data range, because limiting effects such as clinopyroxene exhaustion
are expected at very high �T P. The data points of all runs from Table 3
except 135-100 and 135-1c have been used for fitting. The formula was con-
structed by: (1) finding the cubic polynomial in �T P through the points with
ϕex = 1 per cent; (2) finding the quadratic polynomial in ϕ ex through the
points with �T P = 136.5 K; (3) deriving the �T P–ϕ ex-dependent correc-
tion term to fit the hmax values of the DPRM and 135-0.1 at normal MOR
(�T P = 0 K).

parts of the zone, hardly segregates and never makes it to the top
but is rather transported outward and refreezes; moreover, as nearly
everything is extracted in 135-0.1, there is hardly any melt left which
would recrystallize later. By contrast, in run 135-3, all melt is re-
tained under normal MOR, so that only the plume produces a crust; a
plume with a bottom excess temperature of about 45 K, respectively
3–4 K at 200 km depth, is the weakest feature that would produce a
crust with the other parameters unchanged (Fig. 4). Freezing rates
at the melting zone margins are accordingly higher, and the freez-
ing layer is thicker at the plume. The dynamic buoyancy effect of
the melt relative to the DPRM is still small in this model. In the
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unrealistic last model 135-100, where all melt is retained, the melt
finally has a large effect on buoyancy, which is expressed by the
huge maximum at depths smaller than 100 km in the buoyancy plot
of Fig. 3: in agreement with the depletion, porosities of more than
25 per cent are reached and accelerate the plume by 20–50 per cent
in the depth range from about 200 to 50 km; the velocity would be
even greater if the effect of melt on viscosity had been included,
which would be necessary at such high porosities (e.g. Kohlstedt
et al. 2000). On the one hand, the porosity-related buoyancy of the
plume in model 135-100 affects mantle regions beneath the melt-
ing zone in that the increase in buoyancy counteracts the general
tendency for reduced upwelling, but it is also effective throughout
the melting region in this case, because the plume produces more
melt than the MOR melting region and is not artificially reduced in
this model; the effect on upwelling velocity, however, is damped by
the proximity of the cool lithosphere and by the actual viscosity in-
crease in the melting zone. For numerical reasons, segregation was
not considered in this run.

An important general result of the models is shown in Fig. 4,
where the quasi-stationary crustal thicknesses of the models (except
135-100 and the ‘cold’ model 135-1c) are plotted as a function of
�T P at a depth of 200 km. The principal feature of this plot is the
strong non-linearity of h(�T P), which is a result of the combined
effect of the supersolidus temperature, active upwelling of the plume
and the geometry of the melting region.

3 D I S C U S S I O N

3.1 General/MOR melting model

One of the most important quantities for the validation of the models
is the rather well-constrained crustal thickness h, and in particular
the thickness of normal oceanic crust can serve to judge how realistic
the background mantle in the model is. As can be seen from the
summary in Table 3, the normal DPRM matches the constraint quite
well by construction, whereas the model with a lower background
mantle potential temperature results in values which are too low. Run
135-0.1, with a lower extraction threshold, in turn produces slightly
too much crust. Thus, there is a trade-off between T pot and ϕ ex, but
the whole data set suggests that T pot in the range from about 1350 ◦C
(White & McKenzie 1995) to 1400 ◦C, combined with extraction
thresholds of a few tenths of a per cent would give reasonable results,
in agreement with independent estimates (Lundstrom et al. 2000;
Faul 2001). The models do not support the retention of melt fractions
substantially larger than 1 per cent.

However, some caveats are necessary when considering these
values. First, the phase transitions of the Al-bearing phase, in par-
ticular the spinel–garnet transition at a depth of about 80 km, have
not been included for the sake of simplicity, although they will influ-
ence melting by slightly lowering the geotherm at shallower depths
(e.g. Phipps Morgan 1997). However, its importance will depend
on the depth of initial melting and the extent of garnet exhaustion,
and is probably minor or nil, especially in the plume, which cer-
tainly starts melting in the garnet stability field. Besides, its effect
on buoyancy is unclear: Scott & Stevenson (1989) did not find a
significant influence of the spinel–garnet transition, whereas Niu &
Batiza (1991) think that it does have a relevant effect. Second, the
melting enthalpy, which is of substantial importance for the amount
of melt produced, is not well constrained (Hess 1992; Hirschmann
et al. 1999), but may introduce further ambiguity in addition to the
T pot–ϕ ex trade-off. Third, we calculated f (T̃ ) with the widely used

parametrization of McKenzie & Bickle (1988), which is concave-
down at the low to moderate T̃ in the mantle; however, theoretical
investigations (Asimow et al. 1997) and some experiments (Walter
& Presnall 1994; Schwab & Johnston 2001) showed that concave-up
f (T̃ ) are also possible, and such a curve would lead to a different
spatial depletion and porosity pattern and maybe also to a different
crustal thickness. Finally, we also assumed purely anhydrous melt-
ing and a homogeneous peridotitic mantle source; both assumptions
are likely simplifications, and mainly the latter might cause melt pro-
ductivity to be underestimated, especially if the plume contains some
old recycled oceanic crust, as proposed for the Iceland plumes in
several geochemical studies (e.g. Hanan & Schilling 1997; Chauvel
& Hémond 2000; Scarrow et al. 2000; Korenaga & Kelemen 2000;
Breddam 2002). In contrast, the volumetric contribution of possi-
ble hydrous initial melting is not thought to be substantial, because
practically all water enters the melt at an early stage, rendering melt-
ing anhydrous already at low f (Nicolas 1990; Kushiro 2001). The
presence of water and its loss upon melting, which was not consid-
ered in this study, also affects the viscosity of the mantle, because
the dehydrated mantle would be much stiffer than the unmolten, and
lowest viscosities would be reached not within the melting zone but
rather directly below it (Hirth & Kohlstedt 1996); however, at nor-
mal mid-ocean ridges, where decompression melting is controlled
by passive upwelling, the change in viscosity would have no direct
impact on melting.

3.2 Plume dynamics

With the results for the normal oceanic crust in mind, the plume crust
can now be considered. In the following, a crustal thickness of 35–
41 km will be assumed to be realistic for the central part of Iceland,
especially above the plume (Darbyshire et al. 2000). The hottest
plume, run 220-1, can then be discarded at once, because it produces
far too much crust. This plume is most similar to the narrow plume
models of Ribe et al. (1995) and Ito et al. (1996) and the anhydrous
model of Ito et al. (1999), which also produced an exceedingly thick
crust; the even greater values of more than 250 or 300 km reached
by them are partly to be attributed to their higher temperatures,
partly to their different melting degree parametrization and partly
to the fact that they use rheological laws which result in viscosities
in and near the melting region lower by a factor of three to four than
those even in model 220-1, so that the mass flux through the melting
zone is higher in their models. By contrast, the coolest plume, run
50-1, produces too little crust, and will not generate substantially
more at a lower extraction threshold (Fig. 4). The other models,
though, fall into a range of values which require a closer look. At
first sight, the DPRM and 135-0.1 also seem to be too productive,
whereas 135-1c and 135-3 come closest to the observed hmax for
the plume. However, accepting 135-3 would require us to use a
lower ϕ ex for the normal crust, which would otherwise be absent,
but there is no obvious reason to do that. By contrast, 135-0.1 yields
slightly too large a thickness for normal oceanic crust due to the
low extraction threshold, making it a less than ideal candidate as
well.

On the other hand, the thicker plume crust resulting from the
DPRM does not necessarily invalidate those models, because in
these values some simplifications of the models are inherent. For
instance, exhaustion of clinopyroxene from the source rock would
lead to strongly reduced melt production and is expected for the
largest degrees of melting in the plume, but it has not been in-
cluded in the present models. The most significant effects of such a
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criterion would be a thinner crust above the plume and a possibly also
a deeper top of the melting region, but as the ‘clinopyroxene-out’
limit will be exceeded only in a limited region and not very far, the
effect is not expected to flatten the anomalous crust to a great extent,
given that a certain reduction of the productivity is also inherent in
the f parametrization. We did not implement, either, the possibility
that the thick crust above the plume centre would thin by creep, as
proposed by Buck (1996), but a rough estimate indicates that even
a fairly cold, high-viscosity lower crust would thin by several kilo-
metres over some million years, although there is some uncertainty
in estimating the reference viscosity of the crust. These two effects
could lower the hmax values of the DPRM to those observed in real
data as in the Moho map of Darbyshire et al. (2000, Fig. 18b), both
above the plume centre and away from the volcanic zones. Another
issue is the aforementioned problem that our algorithm cannot han-
dle viscosity variations large enough to allow for channelling of the
melting plume head along the ridge axis; however, such a mechanism
would probably decrease the maximum thickness, because the melt-
producing material is distributed along a larger part of the spreading
centre.

The difference between reality and the model restricted by these
factors can be illustrated by comparing the spatial distribution
of the calculated crust plotted in Fig. 5 with the Moho map of
Darbyshire et al. (2000): while the width of Iceland is reproduced
quite well, the along-ridge length, for example of the calculated
crustal body thicker than 25 km, is only about two-thirds of the ob-
served along-ridge extent of crust with a Moho deeper than 25 km,
taken across Vatnajökull. It is to be expected that a plume with
a greater radius and an accordingly larger volume flux such as the
broad plume models of Ribe et al. (1995) and Ito et al. (1996) would
approach the observed form better, although our plume models have
a higher excess temperature than theirs. Furthermore, an increase of
the viscosity due to dehydration would result in a deeper spreading
of the melting plume head and also provide a means of distributing
the melt over a larger ridge interval, as demonstrated by Ito et al.
(1999), whose plume had a larger radius than ours at shallow depth.
While an increase of rP would probably improve the shape of the
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Figure 5. Calculated crustal thickness (in km) of the DPRM at 21 Myr
model time. The two structures at y ≈ 220 km and y ≈ 780 km are weak
artificial depressions. The ridge axis is located at x = 750 km, and is 60
km wide; plate drift has not yet transported crust further than about 210 km
from it.

crust produced by the DPRM and similar models, and could also be
held within the limits of seismological constraints to some extent,
it would indicate that the volume flux estimates by Sleep (1990) or
Schilling (1991) are too low; indeed, the plume of the dehydrated
model of Ito et al. (1999) has a three to four times larger volume
flux.

The effect of melting-induced dehydration is also another po-
tentially important factor which would reduce the thickness of the
anomalous crust, because the concomitant increase of viscosity
strongly diminishes active upwelling of the plume, as shown by
Ito et al. (1999). As pointed out above, moderate variability in vis-
cosities can already contribute to substantial variation in maximum
crustal thickness even in conventional p–T-dependent rheologies;
the effect of water would introduce a much stronger change and
make hotter plumes than the DPRM viable. However, the viscosity
in most of the melting region of the model of Ito et al. (1999) with
dehydration is significantly higher than independent viscosity esti-
mates from field observations, which range from 3 × 1018 to 1019

Pa s (Sigmundsson 1991; Pollitz & Sacks 1996). Our models, whose
viscosities lie between that of the dehydrated model of Ito et al.
(1999) and the independent estimates, result in crustal thicknesses
which are relatively close to those observed, or at least not as vastly
different as the water-free ones from the previous studies of Ribe
et al. (1995) and Ito et al. (1996, 1999). This shows that for a mod-
erately hot plume like the DPRM, the match between modelled and
observed h can already be improved to some extent with a slightly
more viscous mantle, but that a strong additional mechanism such
as the loss of water has probably to be invoked if the plume is much
hotter than the DPRM. It also seems that the viscosity estimates
from post-glacial rebound or post-seismic deformation cannot be
applied directly to the stresses and timescales of mantle convection,
probably because of the non-Newtonian behaviour expected in the
melting zone (Karato & Wu 1993).

As an additional constraint for the temperature of the plume, geo-
chemical estimates for the pressure and/or depth of initial melting
can be used. Shen & Forsyth (1995) found a value of about 100 km
for the Iceland plume, which would indicate a �T P(z = 200 km)
of about 100 K judging from the results in Table 3. The downward
shift of the 410 km discontinuity relative to the undisturbed man-
tle, �zX , for a Clapeyron slope of about 2.9 MPa K−1 (Bina &
Helffrich 1994) is also listed in Table 3 and can be compared with
the results of Shen et al. (2002), who find a reduction of transition
zone thickness of ∼19 km for the same Clapeyron slope at 410 km,
corresponding to a temperature excess of at least 140 K. Our models
do not include the effect on the 660 km discontinuity, but the �zX

provide an upper bound for �T P, because the �zX from the models
cannot be larger than the total thinning of the transition zone, but
should rather be about half that value. Therefore, a plume with a
bottom �T P between 200 and 250 K would fit the observation of
Shen et al. (2002) best.

Furthermore, the ascent velocities of the plumes can be com-
pared with independent estimates for the ratio of active to passive
upwelling. For this upwelling ratio, values of 2–4 have been found
in the depth range of melting (Holbrook et al. 2001; Allen et al.
2002b), but at the base of the melting region it might be as high as
10 (Maclennan et al. 2001; Kokfelt et al. 2003). These results are
in good agreement with v z at the plume axis in the DPRM and in
models 135-0.1 and 135-1c, which corresponds to upwelling ratios
of 7–8 at their respective solidus depths and drops to a ratio of 1
only near the top of the melting zone (see Fig. 3). In contrast, the
hot plume of 220-1 has a ratio of 17 at the solidus depth, whereas
the cold plume of 50-1 does not reach a ratio of more than ∼2.
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The pronounced effect of active upwelling is also reflected by the
superlinear increase of h with �T P (Fig. 4), whose cause is that
the amount of produced and extracted melt does not just depend
straightforwardly on supersolidus temperature, but is also affected
indirectly by consequences of a high �T P. A hot plume also has a
larger thermal (and depletion) buoyancy and a lower viscosity and
therefore a larger flux of material processed in its melting zone, and
the supersolidus part of the thermal anomaly affects a larger volume
in the mantle, because melting starts at greater depth. Assuming
that a large part of the melt from everywhere in the plume head
is finally erupted at the spreading centre, the contribution of deep
melts would be particularly large in hot plumes due to the geometry
of the melting zone.

However, although the DPRM looks like the favourite within the
framework of this series, it should be borne in mind that the trade-off
between the effects of T pot and ϕ ex results in models 135-0.1 and
135-1c being not too bad either, because they indicate directions
in which the parameter space is not well constrained. A further
discussion of successful models will be given in Paper 2, where
additional observables are considered.

3.3 Melt transport

The segregation velocity vseg depends strongly on the porosity of
the rock, as can be seen from eqs (5) and (6). Therefore, variations
in ϕ ex have the strongest effect on vseg: the maxima of v seg,z are on
the order of 1 mm yr−1 for ϕ ex = 10−3, around 2–3 cm yr−1 for
ϕ ex = 0.01, essentially independent from T , and 10–20 cm yr−1

for ϕ ex = 0.03; for model 135-100, where segregation has not been
modelled, ϕ = 0.25 would result in velocities on the order of kilo-
metres per day. Similar ratios apply to the horizontal components
of vseg, but they are 1–2 orders of magnitude smaller, because melt
flow is chiefly buoyancy driven. They reach their highest values in
particular beneath the freezing front of the lithosphere, where the
ascending melt is dammed and would form a high-ϕ layer, were it
not extracted instantaneously; this layer, which was also observed
by Ghods & Arkani-Hamed (2000) in a plain MOR model, would
drain the melt towards the ridge. The low velocities justify the as-
sumption that dissipation due to the relative motion of melt and
matrix is negligible and that the average velocity of the partially
molten rock can be approximated by vs as far as the transport of
energy is concerned; the only model where this assumption might
result in a minor underestimate of the temperature and melt pro-
duction especially in the shallower parts of the melting zone is
135-3, but this does not affect the main conclusion regarding that
model.

Although the values for v seg are considered to be reasonable es-
timates of the order of magnitude of both absolute and relative seg-
regation velocities, it should be kept in mind that there are several
factors which were not included here, but which will have some
impact on the velocity distribution of segregating melt; for example
the viscosity of the melt, which is assumed constant in this study,
actually depends on p, T and composition, which are all variable
in the melting region, and may vary by 1.5 or 2 orders of magni-
tude over its depth range (Richet 1984; Kushiro 1986). It is there-
fore possible that the viscosity in the deeper parts of the melting
zone is lowered strongly enough to (over)compensate the reduction
of v seg,z due to the decrease in buoyancy of the compressed melt
(Bagdassarov 1988). Unfortunately, the precise dependence of η f

on these variables is still poorly constrained and therefore difficult
to include in a model. Furthermore, a ϕ-dependent bulk viscosity

would probably increase the contribution of non-buoyancy terms
to segregation (see eq. 5). The inclusion of water and dehydration
and the resulting increase in viscosity would enhance the role of
viscous deviatoric stresses in the focusing of melt towards the ridge
(Braun et al. 2000); on the other hand, it would probably impede
compaction.

4 C O N C L U S I O N S

We have conducted a series of numerical experiments on a simplified
plume–ridge system in order to model the dynamics of plume ascent
and melt generation in the present-day Iceland plume within the up-
per mantle. The dynamic convection and melting models yielded
crustal thickness information for the plume and its surroundings
which can be directly compared with observed values, but they also
provide information on the distribution of temperature and melt
content in the mantle, from which further predictions on other ob-
servables can be made; the latter is the subject of a companion paper
(Paper 2).

Here, we restrict our judgment of the models to the reproduction
of crustal thickness values observed in Iceland. Within the excess
temperature-retained melt parameter space explored by our mod-
els we find that the model with a maximum excess temperature of
250 K at the bottom (136.5 K at z = 200 km, 115 K at the depth
of the solidus) produces a plume crust quite close to the maximum
crustal thickness observed in Iceland, given a background mantle
potential temperature of 1410 ◦C; however, the along-axis extent
of the anomalous crust is too small and requires some additional
mechanism for the redistribution of the melting plume mantle un-
der the ridge. Neither substantially higher fractions of retained melt
nor much hotter plumes are allowed for by these models, whereas
retained melt fractions lower by a few tenths of a per cent along
with a plume cooler by a few tens of degrees would also be in
agreement with observed crustal thicknesses. If the plume turns
out to be significantly hotter, mechanisms such as melting dehy-
dration would have to be invoked in order to reduce the strength
of active upwelling in the melting region; the greater solidus depth
might also make the enhanced upwelling of the plume in the phase
transition region more important for the production of melts, at
least in very hot and/or wet plumes. Plume excess temperatures
around, or a bit less than, 200 K are also in agreement with pre-
vious numerical models (e.g. Ito et al. 1999), seismic tomography
(e.g. Wolfe et al. 1997; Foulger et al. 2001; Allen et al. 2002a) and
receiver function analysis (Shen et al. 2002). They are also in gen-
eral agreement with the results from comparing predicted seismic
velocities with observations (see Paper 2). Furthermore, the large
values for the crust also support the notion that the Icelandic crust is
thick.

Fig. 4 shows clearly that not only the excess temperature but
also the amount of melt retained in the mantle and the extraction
threshold ϕ ex have a marked influence on crustal thickness, which
has, in principle, several physical causes. The crucial point in our
models is the limitation of the amount of melt that makes it to
the crust. The buoyancy effect of retained melt, which enhances
active upwelling, has some significance for dynamics only in the
model without melt extraction (where no crust is formed, though).
Our rheology law does not include the effect of retained melt, but
experimental studies (e.g. Kohlstedt et al. 2000) suggest that at the
low porosities prevailing in all of our models (except 135-100), the
effect of retained melt on upwelling through the reduction of the
viscosity is not important either.
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Further conclusions from the dynamic models considering seis-
mic and magnetotelluric measurements are drawn in Paper 2.
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