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S U M M A R Y
The Discovery/Gofar transform fault system is associated with a fast-spreading centre on
the equatorial East Pacific Rise. Most of the previous studies focus on its regular seismic
cycle and crustal fault zone structure, but the characteristics of the upper-mantle structure
beneath this mid-ocean ridge system are not well known. Here we invert upper-mantle shear
velocity structure in this region using both teleseismic surface waves and ambient seismic noise
from 24 ocean bottom seismometers (OBSs) deployed in this region in 2008. We develop an
array analysis method with multidimensional stacking and tracing to determine the average
fundamental mode Rayleigh-wave phase-velocity dispersion curve (period band 20–100 s)
for 94 teleseismic events distributed along the E-W array direction. Then, we combine with
the previously measured Rayleigh-wave phase-velocity dispersion (period band 2–25 s) from
ambient seismic noise to obtain the average fundamental mode (period band 2–100 s) and the
first higher mode (period band 3–7 s) Rayleigh-wave phase-velocity dispersion. The average
dispersion data are inverted for the 1-D average shear wave velocity (Vs) structure from crust to
200-km depth in the upper mantle beneath our study region. The average Vs between the Moho
and the 200-km depth of the final model is about 4.18 km s−1. There exists an ∼5-km thickness
high-velocity lid (LID) beneath the Moho with the maximum Vs of 4.37 km s−1. Below the
LID, the Vs of a pronounced low-velocity zone (LVZ) in the uppermost mantle (15–60-km
depth) is 4.03–4.23 km s−1 (∼10 per cent lower than the global average). This pronounced
LVZ is thinner and shallower than the LVZs beneath other oceanic areas with older lithospheric
ages. We infer that partial melting (0.5–5 per cent) mainly occurs in the shallow upper-mantle
zone beneath this young (0–2 Myr) oceanic region. In the deeper portion (60–200-km depth),
the Vs of a weak LVZ is 4.15–4.27 km s−1 (∼5 per cent lower than the global average).
Furthermore, the inferred lithosphere–asthenosphere boundary with ∼15-km thickness can fit
well with the conductive cooling model. These results are useful for understanding the depth
distribution and melting characteristics of the upper-mantle lithosphere and asthenosphere in
this active ridge-transform fault region.

Key words: Composition and structure of the mantle; Pacific Ocean; Time-series analysis;
Surface waves and free oscillations; Mid-ocean ridge processes.

1 I N T RO D U C T I O N

New oceanic lithospheres are generated at mid-ocean ridges
(MORs) such as the East Pacific Rise (EPR) along the floor of the
Pacific Ocean. Direct measurement of seismic velocity structures
beneath oceanic spreading centres is essential for understanding the
dynamic system of MORs as well as the distribution and migration

of melted magma beneath the MORs. In addition, such a measure-
ment could be used to test conductive cooling models (Harmon
et al. 2009). Recent seismic tomographic studies based on ambient
noise as well as regional and teleseismic earthquake data recorded
by ocean bottom seismometers (OBSs) greatly improved our un-
derstanding of seismic structures beneath the EPR (Forsyth et al.
1998, 2006; Webb & Forsyth 1998; Evans et al. 2005; Gu 2005;
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Harmon et al. 2007, 2009; Weeraratne et al. 2007; Yao et al. 2011).
These studies generally found a seismic low-velocity zone (LVZ)
beneath a high-velocity lid (LID) in the uppermost mantle beneath
the EPR region. However, the obtained seismic velocities and the
depth extents of the LID and LVZ are widely distributed, suggesting
that the distribution and migration of melt, its thermal structure and
mantle flow pattern may be different among the different segments
of the EPR (Dunn & Forsyth 2003).

The characteristics of fault structure and seismic cycle (moment
magnitude Mw ∼6.0 earthquakes occur every ∼5 yr) in the Dis-
covery/Gofar (DG) transform fault system on the equatorial EPR
(Fig. 1) are the subjects of several recent studies (McGuire et al.
2005, 2012; McGuire 2008; Pickle et al. 2009; Roland et al. 2012;
Froment et al. 2014; Géli et al. 2014; Wolfson-Schwehr et al. 2014).
Furthermore, the average crust and the uppermost mantle structure
in this region have been well resolved by the dispersion curve of the
fundamental-mode (period band 2–30 s) and the first-higher-mode
(period band 3–7 s) Rayleigh waves from ambient seismic noise
recorded by the OBSs (Yao et al. 2011). However, due to the lim-
ited depth penetration, the mantle structure beneath cannot be well
constrained by using ambient seismic noise alone.

A combination of long-period teleseismic surface waves and
short- to intermediate-period ambient noise data has enabled seis-
mic imaging of both the crust and the upper-mantle structure in the
oceanic regions, for example, the EPR in the south-central Pacific
(Harmon et al. 2007), the central Pacific Ocean (the NoMelt Ex-
periment; Lin et al. 2016), the northwestern Pacific Ocean (Takeo
et al. 2013, 2018), the southeastwards of Tahiti island in the South
Pacific (Takeo et al. 2016), the Tonga-Lau-Fiji region (Wei et al.
2016) and the offshore region of New Zealand’s South Island (Ball
et al. 2016). Motivated by these studies, here we plan to obtain a
more accurate 1-D upper-mantle (above 200 km depth) Vs model
beneath the DG transform fault system (latitude: 3.8◦–4.8◦S, lon-
gitude: 106.5◦–104◦W) on the equatorial EPR (Fig. 1). We first
develop an array analysis method for teleseismic surface wave dis-
persion measurements and apply it to the vertical-component broad-
band data recorded by 24 OBSs deployed in this study region. Next,
we measure the average phase-velocity dispersion (period band 20–
100 s) of the fundamental-mode Rayleigh wave from teleseismic
events. Then we combine it with the previously measured disper-
sion data (period band 2–25 s) from ambient seismic noise (Yao
et al. 2011) to invert for the 1-D average Vs structure model of the
crust and the upper mantle beneath this region. Moreover, we de-
scribe the main characteristics of the LID and the LVZ in this region
and discuss the thickness of oceanic lithosphere with a conductive
cooling model (Harmon et al. 2009).

2 DATA

Based on a regular seismic cycle for M∼6 events on the EPR
(McGuire et al. 2005, 2012), a temporary OBS seismic experiment
was conducted at the Quebrada/Discovery/Gofar (Q/D/G) transform
fault system on the equatorial EPR in 2008 (McGuire 2008; Yao
et al. 2011; Froment et al. 2014; Wolfson-Schwehr et al. 2014). The
OBS array was deployed for about 1 yr. The vertical-component
data of 24 broad-band sensors (Guralp CMG-3T seismometers) in
this OBS array are used for the surface wave phase-velocity disper-
sion analysis presented in this study (Fig. 1). Among these sensors,
8 OBSs are around the Discovery fault and 16 OBSs are around the
Gofar fault.

3 A R R AY- B A S E D T E L E S E I S M I C
S U R FA C E WAV E D I S P E R S I O N
A NA LY S I S

In this section, we introduce an array-based multidimensional imag-
ing analysis method to measure average phase-velocity dispersions
of the fundamental-mode Rayleigh waves. The analysed data are
generated by 94 teleseismic events with moment magnitudes Mw

between 5.7–7.3, depths shallower than 100 km and great-circle
distances between 20◦ and 150◦ (Fig. 2). These events are located
within ±20◦ along the direction from the Discovery OBS array
to the Gofar OBS array (Figs 1 and 2). We measure the average
phase-velocity dispersion for these teleseismic events by a four-step
array-based multidimensional imaging analysis approach: (1) pre-
processing, (2) frequency-domain phase shifting and time-domain
waveform stacking, (3) phase-velocity dispersion curve tracing and
(4) dispersion averaging. Then we combine the average dispersion
from teleseismic events with the average dispersion from ambient
noise to obtain the broad-band average phase-velocity dispersion
curve.

3.1 Pre-processing

We apply typical pre-processing steps on the original seismic wave-
forms of these 94 teleseismic events. First, we remove the instrument
responses, means and trends from all vertical-component seismic
waveforms. Second, we cut the surface wave records for each station
and each event with a group-velocity window (2–5 km s−1). Next,
we apply a bandpass (period band 10–160 s) filter on these sur-
face waveforms and then normalize them. We also manually delete
bad traces. Finally, we obtain the normalized teleseismic surface
waveforms for the next step. Fig. 3 shows the surface waveforms
of an example teleseismic event occurred in the Kermadec-Tonga
subduction zone.

3.2 Frequency-domain phase shifting and time-domain
waveform stacking

We develop an array-based multidimensional imaging analysis
method for teleseismic surface waves to measure the phase-velocity
dispersion by frequency-domain phase shifting and time-domain
waveform stacking. When a small-scale array records teleseismic
surface waves, a time-harmonic wavefield at the angular frequency
ω could be represented as follows:

ψ̃ (r, t, ω) = A (ω) exp (iϕ (r, t, ω)) (1a)

ϕ (r, t, ω) = kr − ωt + ϕ0 (ω) (1b)

where ψ̃(r, t, ω) is the wave field, r is the distance of the great-circle
path, t is the propagation time, A(ω) is the amplitude at the angular
frequency ω, ϕ(r, t, ω) is the phase, k is the wavenumber and ϕ0(ω)
is the initial phase of the earthquake. We assume that surface waves
propagate along the great-circle paths, which are nearly identical
before arriving at the array. The difference of A at different distance
r can be ignored due to the previous normalization. Therefore, the
difference of ψ̃(r, t, ω) at different r can be simply attributed to the
difference of ϕ(r, t, ω). For example, A is the nearest (minimum
great-circle path) station in the seismic array for a given teleseismic
event E, and B is another station in this array (Fig. 4). So the phase
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Figure 1. Bathymetry (Langmuir & Forsyth 2007; Pickle et al. 2009) and locations of the 24 broad-band ocean bottom seismometers (OBSs) (white triangles)
around the Discovery/Gofar (DG) transform fault region on the Eastern Pacific Rise (EPR) south of the equator. The black lines mark the middle ocean ridges
and transform faults (Beaulieu et al. 2019). The inset marks the study region in a larger map of the Pacific Ocean and Latin America.

difference between stations A and B could be written as follows:

�ϕAB (ω, c (ω)) = ϕB − ϕA = kB rB − kArA

≈ [kArA + kAB (rB − rA)] − kA rA

= ω

c (ω)
(rB − rA) (2)

where �ϕAB is the phase difference, kAB = ω

c(ω) is the average wave
number between A and B in this array, and c(ω) is the average phase
velocity at the angular frequency ω of the array region.

Based on the phase difference shown in the eq. (2), we apply
frequency-domain phase shifting to the pre-processed waveforms
at all stations in the DG array for a given teleseismic event E as eq.
(3):

U s
i (ω, c (ω)) = Ui (ω) exp (−i�ϕi (ω, c (ω))) (3a)

�ϕi (ω, c (ω)) = ϕi − ϕi0 = ω

c (ω)

(
ri − ri0

)
(3b)

Ui (ω) = F (ui (t)) (3c)

where i is the station index, U s
i is the frequency spectrum after

phase shifting of the i th station records, Ui is the original frequency
spectrum, �ϕi is the phase difference between the i th station and
the nearest station i0 for the event E,F is the Fourier Transform and
ui (t) is the pre-processed waveforms of the i th station in the time
domain. In order to make reliable measurements at long periods,
we require ri − ri0 to be at least half the wavelength (Yao et al.
2006). After applying this to each station in the array, we shift
the waveforms of all stations to align with the waveform of the i0

station. Next, we stack all shifted waveforms in the time domain as

P (ω, c (ω) , t) = Env
[∑

i
αiF−1

(
U s

i (ω, c (ω)) G (ω)
)]

(4)

where P is the 3-D (ω, c(ω) and t) amplitude matrix after stacking,
‘Env’ operator means taking the envelope of the trace (Fig. 5b), αi

is the weight of i th station that is equal to the inverse of the number
of stations in the D subarray or G subarray to make sure that the
two subarrays have the same weights in total (Fig. 1). F−1 is the
inverse Fourier Transform, and G(ω) is the Gaussian window in the
frequency domain as a narrow bandpass filter. The reason why we
need to stack in the time domain instead of the frequency domain
is that we could easily separate wavepackets of different phases
with different group velocities in the time domain. In this way, we
can better estimate phase velocities c(T ) of the fundamental-mode
surface waves.

The relationship between the period T and angular frequency
ω, as well as the relationship between the average group velocity
g from the source of the event E to the i0 nearest station and the
great-circle distance r of nearest station i0, can be written as

T = 2π/ω, (5a)

g = ri0 /t. (5b)

As shown in eq. (5), we can transfer the 3-D amplitude matrix P
from the ω, c(ω) and t domains to the T , c(T ) and g(T ) domains
as

P (T, c (T ) , g (T )) = P (ω, c (ω) , t) . (6)

In this study, we set the period T range as 20–100 s with a 2.5 s
interval. We set the phase velocity c(T ) range as 2–5 km s−1 with
a 0.01 km s−1 interval. In addition, we set the group velocity g(T )
range as 2.5–4.5 km s−1, but we do not use linear intervals. We use
1 s as the linear interval for the time t . Based on eq. (5b), we obtain
the range of the interval g(T ), 0.002–0.003 km s−1.
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DG

Figure 2. Locations of 94 teleseismic events (blue dots) and the DG transform fault region (black triangle). The red lines are the great-circle paths from
earthquakes (blue dots) to the DG region. The bold black lines indicate the ±20◦ off the direction from the Discovery OBS array to the Gofar OBS array
(Fig. 1).
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Figure 3. Vertical-component surface waveforms after pre-processing of one teleseismic event recorded by the DG OBS array (Fig. 2). The event parameter is
listed on the top (2008/12/09 06:23:59, Mw: 6.7, latitude: −31.23◦, longitude: –176.92◦ and depth: 18 km). The distance is the length of the great-circle path,
and the waveforms are aligned by the origin time of this earthquake. The two dashed lines mark the reference group velocities of 5 and 2 km s−1. The grey
lines are manually deleted bad traces.
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Figure 4. A schematic showing the array analysis method of teleseismic surface wave dispersion (eqs 1–6). The great-circle paths (black curves) connect the
teleseismic event (black star) to the stations (black triangles).

Figure 5. (a) The 3-D amplitude matrix (eq. 6) for phase-velocity dispersion curve tracing of an example event (Fig. 3). We present three example slices of this
3-D amplitude matrix at periods of 20, 35 and 50 s. Solid and open circles are the local maxima of each slice, and the solid circles (A1, B1 and C1) are the final
selected local maximum of each period, respectively. The black line represents a sketch of the final phase-velocity dispersion curve. (b) The shifted-stacked
traces (black lines) and their final envelope (red lines) for a few narrow-band frequencies of the same event in panel (a). (c) The comparison of our array-based
method and the TS method applying to the same event in panel (a). The black lines are the dispersion curves measured from different station pairs. The red
line is the dispersion curve measured from the entire array with our array-based method.
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3.3 Phase-velocity dispersion curve tracing

For each teleseismic event, we obtain a 3-D amplitude matrix (eq. 6)
after the frequency-domain phase shifting and time-domain wave-
form stacking. Next, we need to trace a reasonable phase-velocity
dispersion curve from a 3-D amplitude matrix (Fig. 5a). In an ideal
case, we just need to find out the velocity value corresponding to the
global maximum of the 2-D matrix at each period of the 3-D ma-
trix, and then put them together to obtain a complete phase-velocity
dispersion curve. In reality, we may have multiple local maxima
corresponding to different phases or modes (Fig. 5a). In such cases,
some local maxima may be more reasonable for the fundamental
mode dispersion according to some physical constraints, such as
the range and continuity of the fundamental Rayleigh-wave phase
velocity and group velocities. In this study, we set up a reasonable
range of regional phase velocity as 2–5 km s−1 and a reasonable
range of teleseismic group velocity as 2.5–4.5 km s−1 for the period
band of 20–100s.

To trace the dispersion curve, we first retain the largest four or
less local maxima for each period, such as Ai for T = 20 s, Bi for
T = 35 s, and Ci for T = 50 s, as shown in Fig. 5(a). Then we set
up one reasonable local or global maximum as the ‘initial tracing
point’ of the dispersion tracing, such as C1 for T = 50 s in Fig. 5(a).
To trace the best local maxima for a given period Ti from the start
point of the selected reference period Ti0 , we need to calculate the
‘velocity distance’ of the local maxima of Ti as

li j =
√(

ci j − ci0 j0

)2 + (
gi j − gi0 j0

)2
(7)

where i is the index of a nearby period with respect to the selected
reference period with the index i0, that is, i = i0 + 1 or i = i0 − 1,
j is the index of local maxima ( j = 1, 2, 3 or 4), j0 is the index
of the local maxima of the selected reference period Ti0 , and li j is
the velocity distance of the j th local maxima of period Ti . Then the
local maxima of nearby periods with the minimum velocity distance
are selected as the ‘tracing point’ for the next step dispersion point
tracing. Repeating this procedure, we then obtain a dispersion curve
ci0 j0 (T ) from these ‘tracing points’.

To start this process, we need an initial tracing point of an initial
period. After analysing the stability of all results of the DG data
set, we decide to set up the global maximum at T = 60 s as the ini-
tial tracing point and then trace the dispersion towards 20 and 100
s. After tracing the phase-velocity dispersion curves of all events,
we manually remove some unreasonable parts of dispersion curves
based on the value and slope range of the dispersion (see Support-
ing Information Fig. S1). The final selected dispersion curves of
different teleseismic events are shown as grey lines in Fig. 6.

3.4 Dispersion averaging

Next, we calculate the average fundamental mode Rayleigh-wave
phase-velocity dispersion for the DG region (Fig. 6). We use the
standard deviation of the mean (Lin & Ritzwoller 2011) to estimate
the measurement error. The overall trend of the average phase-
velocities at periods of 20–100 s approximately increases linearly
from ∼3.7 to ∼4.0 km s−1. The measurement error (less than 1.5
per cent) also increases with the period, due to the decrease of num-
bers of the qualified teleseismic events at longer periods (Fig. 6).
At shorter periods (fundamental mode: 2–25 s, first-higher mode:
3–7 s), we use the average phase-velocity dispersion from ambient
noise analysis of the same data recorded by the DG array in 2008
(Yao et al. 2011). In the overlapping period range (20–25 s), the
average velocities from teleseismic events and ambient noise are

slightly different (∼1.5 per cent on average). We simply average
and smooth the overlapping measurements (Figs 6 and 7a). Finally,
we obtain the average broad-band phase-velocity dispersion data of
the fundamental mode and the first-higher mode (Figs 6 and 7a)
Rayleigh waves, which are then used for inversion of the aver-
age crustal and upper-mantle Vs structure beneath the DG region
(Fig. 7b).

3.5 Compared with the two-station analysis method

A two-station (TS) analysis method based on narrow-banding filter-
ing and cross-correlation is normally used to measure interstation
phase-velocity dispersion (i.e. Yao et al. 2006; Lin et al. 2016).
Such TS method could measure a dispersion curve for each station
pair, resulting in many curves for multiple stations (black lines in
Fig. 5c). In comparison, our array-based method could measure an
average dispersion curve for multiple stations of an array (red line in
Fig. 5c). Fig. 5(c) shows an example of high-quality data generated
by the same event in Fig. 3. While the results of these two methods
match well with each other, the result of our array-based method is
more stable and smooth at long and short periods (e.g. T = 20 s in
Fig. 5a).

4 I N V E R S I O N O F 1 - D U P P E R - M A N T L E
S T RU C T U R E

The phase velocity of the fundamental-mode Rayleigh wave at in-
termediate and longer periods is less sensitive to the compressional
velocity and the density of the medium, but more sensitive to the
shear velocity at a depth of around 1/3 of its wavelength (Fig. 8).
Based on such characteristics, we can resolve the shear velocity
structure approximately above 200-km depth (especially between
the Moho and 150-km depth) from our phase-velocity data. An it-
erative, weighted inversion method based on damped least squares
(Herrmann 2013) is used to invert for the shear velocity structure
from these dispersion data. The variance of phase-velocity data is
based on the measurement error instead of residual in the inversion.
The water layer and crust structure of the initial model above the
Moho are from Yao et al. (2011), and the upper-mantle structure of
the initial model beneath the Moho is from the ak135-F spherical
average model (Kennett et al. 1995; Montagner & Kennett 1996).
The initial model between the Moho and 100-km depth is divided
into 5-km-thick layers, and the initial model between the 100-km
and 200-km depth is divided into 10-km-thick layers. During the
inversion, we apply a constraint in velocity changes between im-
mediately adjacent layers and fix the damping value as 2 in order
to obtain a smooth 1-D model (see Section 3 and Supporting In-
formation Table S2). In the meantime, we fix the Vp/Vs ratio as
1.80 for the crustal structure (Yao et al. 2011), as well as 1.88 for
the upper-mantle structure (Harmon et al. 2007). The density is
computed from the Vp using the empirical relationship given by
Brocher (2005).

The final model obtained after the inversion is shown in Figs 7(b)
and 9, as well as listed in Table 1. The observed phase-velocity dis-
persion curves and the predicted dispersion from the final inversion
result are shown in Fig. 7(a). To estimate the error of the inver-
sion result, we generate a series of Gaussian random noise with its
standard deviation setting as the measurement error of the average
dispersion at the corresponding period (Fig. 7a). We add random
noise to the observed average phase-velocity data. Then we inves-
tigate the bias of the obtained model caused by adding noise in the
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inversion. We repeat 100 times of this random noise test and show
all the inversion results in Fig. 7(b). The standard errors of Vs from
these models at different depths are mostly smaller than 0.1 km s−1.

The average shear velocity of the upper-mantle structure is
4.18 km s−1 between the Moho and 200-km depth. This upper-
mantle structure can be simply divided into three main parts: a
high-velocity LID, the pronounced part of an LVZ (pronounced
LVZ) and the weak part of the LVZ (weak LVZ) (Fig. 9). The LID
exits just beneath the Moho in the depth range about 10–15 km. The
maximum Vs of the LID is about 4.37 km s−1, which is lower than

that of other older regions of the Pacific Ocean from previous stud-
ies (Nishimura & Forsyth 1989; Harmon et al. 2007; Weeraratne
et al. 2007). If we define the pronounced LVZ as the contiguous
zone just beneath the LID with its Vs less than 4.15 km s−1, then
the depth range of the pronounced LVZ is 15–60 km below the
sea level. The minimum Vs of the pronounced LVZ is 4.03 km s−1

at a depth range of 30–35 km. Compared with some other LVZs
beneath older Pacific regions, the minimum Vs of the pronounced
LVZ beneath our study region is slightly higher (less than 0.1 km
s−1), the thickness is thinner, and the depth distribution is shallower
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at selected periods. These sensitivity kernels are calculated based on our final model in Fig. 7(b). The black dashed lines at the 3.3-km depth and 9.9-km depth
represent the seafloor and the Moho interface from Yao et al. (2011).

Figure 9. The average shear velocity model and melt fraction of the upper mantle beneath the DG region. (a) Average Vs model. The black line is the final Vs
model of the DG region after inversion (see Fig. 7b and Table 1). The green and magenta lines are the Vs models from Nishimura & Forsyth (1989). The cyan
line is the Vs model from Weeraratne et al. (2007) & Harmon et al. (2007). The red dashed line is the gradient of our shear velocity model. (b) Our estimation
of the melt fraction of different parts in our model based on the studies of Hirschmann et al. (2009) and Hirschmann (2010).

Table 1. The upper-mantle shear velocity structure in the DG region after inversion (see Figs 7a and 9). The depth is the top depth of each layer, and the depth
of the Moho interface is 9.94 km.

Depth (km) 9.94 15 20 25 30 35 40 45 50 55
Vs (km s−1) 4.37 4.23 4.12 4.05 4.03 4.04 4.06 4.09 4.11 4.13
Depth (km) 60 65 70 75 80 85 90 95 100 110
Vs (km s−1) 4.15 4.16 4.17 4.18 4.18 4.18 4.18 4.18 4.18 4.19
Depth (km) 120 130 140 150 160 170 180 190 200
Vs (km s−1) 4.19 4.20 4.21 4.21 4.22 4.24 4.25 4.26 4.27
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(Fig. 9). At the larger depth of our model, there is the weak LVZ
at 60–200 km below the sea level with an average Vs of 4.20 km
s−1, about 0.3 km s−1 lower than the global model (Fig. 7b). As
shown in Fig. 9, there is no remarkable difference (< 0.1 km s−1)
between the Vs below 120-km depth among four models of different
lithospheric ages.

5 D I S C U S S I O N

5.1 Dispersion analysis

The teleseismic surface wave dispersion analysis method developed
in this study has some obvious advantages and disadvantages. At the
beginning of this study, we attempted to use the traditional TS anal-
ysis method (e.g. Yao et al. 2006). But we found that the dispersion
curves from TS analysis are difficult to measure and unstable for
individual station pairs, especially at the periods longer than 60 s
(Fig. 5c). This may be attributed to the low signal-to-noise ratio
(SNR) of OBSs data at longer periods. Considering the SNR and
the distribution of these OBSs in Fig. 1, we therefore developed this
array-based dispersion analysis method to obtain more stable aver-
age phase velocities from multiple stations simultaneously, instead
of using the traditional TS analysis method or the frequency–time
analysis method (FTAN; e.g. Levshin & Ritzwoller 2001; Lin et al.
2007). Furthermore, the dispersion curve tracing of our method is
based on a 3-D amplitude matrix instead of the 2-D image of TS
or FTAN in order to use the continuity constraint of group velocity
and phase velocity dispersion (Fig. 5a). Based on the combined
dispersion characteristics, it is also easier to find the fundamental
mode signals for dispersion tracing.

The array-based multidimensional imaging analysis method pre-
sented in this paper is more suited to obtain stable dispersion for
the inversion of a 1-D Vs structure beneath a linear station array.
But if there is a planar array with good station distribution and high
SNR data, the two-plane-wave earthquake tomography method (e.g.
Yang & Ritzwoller 2008) and the Helmholtz surface wave tomogra-
phy method (e.g. Lin & Ritzwoller 2011) are recommended for the
inversion of 3-D Vs structures. The phase velocity measurements
from teleseismic events and ambient noise are slightly different
(Fig. 6, period range: 20–25 s). Yao et al. (2006) mentioned several
factors could contribute to this discrepancy. In this study, we think
the main factor is off-great-circle propagation. In addition, the scat-
tering effects, finite frequency effects, and seismic anisotropy are
all ignored in this study because of the limited resolution of data.

5.2 LAB and the test of the conductive cooling model

We estimated the thickness of the oceanic lithosphere beneath
our study region (Fig. 9 and Table 1) and found that it is fairly
consistent with the conductive cooling model of oceanic litho-
sphere (Harmon et al. 2009). The sharp decrease from LID to
LVZ is generally termed the G-discontinuity (Revenaugh & Jor-
dan 1991). The definition of lithosphere and asthenosphere in tec-
tonic/geodynamic layering is based on its mechanical strength, so
the lithosphere–asthenosphere boundary (LAB) is a mechanical in-
terface (Kawakatsu & Utada 2017). Although we cannot tell whether
an interface or a discontinuity is a LAB simply from seismological
observation alone, some recent seismological studies considered
the G-discontinuity as the LAB (Kawakatsu & Utada 2017). In this
study, we assumed the LAB as the layer corresponding to the max-
imum of the negative velocity gradient (Weeraratne et al. 2003).

So the averaged thickness of lithosphere beneath this study region
can be estimated as 15 ± 2.5 km (Fig. 9). According to the thermal
half-space cooling model of the oceanic lithosphere (eq. 4.126 in
Turcotte & Schubert 2002), we calculated the thickness of the litho-
sphere at the age of 1–2 Myr to be 13–18 km. On the other hand,
based on the station distribution in Fig. 1 and the half-spreading
rate of ∼70 mm yr−1 in this mid-oceanic ridge region (Pickle et al.
2009), we estimated the ocean-floor age of this study region to be
0–2 Myr. These numbers are consistent with the predictions of the
conductive cooling model. Furthermore, because of the younger
age, the temperature of lithosphere may be higher. Hence the Vs
of the LID in this region is also lower (∼0.1–0.2 km s−1) than in
some older regions (∼3–20 Myr) of the Pacific Ocean (Fig. 9). In
addition, because the ray paths are approximately subparallel to the
spreading direction, the measured phase velocity is likely along the
fast direction of olivine spreading fabric in the upper mantle. Thus,
the true azimuthally averaged isotropic SV velocity (Vsv) in the
upper mantle is probably even slower than measured in this study.

5.3 Interpretation of the LVZ

The MOR is the place where the new oceanic lithosphere is cre-
ated from the uprising magma, which is likely supplied by a partial
melting zone in the upper mantle beneath the MOR. Such a partial
melting zone generally corresponds to the LVZ observed in seis-
mological studies (Hammond & Humphreys 2000). Above the dry
solidus line, there should be a large amount of partial melting with
or without volatiles (H2O and CO2), which may correspond to a
pronounced LVZ. Below the dry solidus line, volatiles play more
important roles in generating partial melting. Because even small
amounts of volatiles could significantly reduce the solidus tempera-
ture, partial melting may occur at larger depth (Kawakatsu & Utada
2017), likely corresponding to a weak LVZ observed in this and
other studies.

Our results show that the shear velocity of the upper mantle be-
neath the DG region is about 5–10 per cent lower than the global
average. Although the amount of melt is not well constrained by
using the Vs model alone, we can still provide a preliminary esti-
mate of the melt fraction (Hirschmann 2010) in the upper mantle
(15–200 km). We consider our study region as a typical MOR basalt
source region, with 100 ppm H2O and 60 ppm CO2 (Hirschmann
2010). As mentioned before, There is no remarkable difference
among different-age models below 120 km (Fig. 9). The inferred
melt fraction of this deepest part is less than 0.1 per cent. The actual
melting may be a complex combination of the formation of carbon-
ated silicate melts and dehydration melting (Dasgupta et al. 2007).
The depth range of the middle part is 60–120 km. The melt fraction
of this part is estimated to be ∼0.1–0.5 per cent, likely correspond-
ing to dehydration melting. The depth range of the shallowest part
is 15–60 km with a pronounced LVZ. The temperature of the MOR
geotherm of this depth range could be above the dry solidus line
(Fig. 10a), so there would be a large amount of partial melting even
without volatiles. The melt fraction may be from ∼0.5 per cent to
∼5 per cent (Forsyth et al. 1998).

5.4 Comparison with other regions

Fig. 9 shows a comparison of the Vs model in this study and some
other regions with older oceanic crust. The main difference between
them is at ∼15–120-km depth. At the shallow depth (∼15–30 km),
the Vs of our model is lower than the rest. Then it starts to increase
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Figure 10. Schematic diagrams of the two possible mechanisms mentioned in Section 5.4. (a) A schematic plot of the solidus and geotherms. The red line is
the geotherm of a very young mid-ocean ridge (e.g. <1 Myr in this study). The blue line is the geotherm of old ocean plates. The green line is the wet solidus.
The black line is the dry solidus. The black dashed line is the liquidus. (b) A schematic plot of the effective ‘plumbing’ system for melt upwelling beneath the
EPR ridge (Harmon et al. 2009). The yellow dots denote partial melts. The red triangle shows the main partial-melting (∼0.5 per cent to ∼5 per cent) zone,
which is also the pronounced LVZ beneath the centre of the ridge (Fig. 9). The red arrows are the channels of the potential effective ‘plumbing’ system. The
melt at large depths beneath the very young region (e.g. <1 Myr in this study) could quickly upwell to the shallow pronounced LVZ. However, the melt beneath
older regions (e.g. several Myr) could not effectively upwell to the upper zone.

and is higher than the rest at ∼30–120-km depth. These differ-
ences mainly come from the plate ages. Four detailed factors may
contribute to these differences. (1) The geotherms beneath oceanic
regions with different ages are different (Fig. 10a). We estimate
that only the geotherm of the very young region (e.g. <1 Myr)
could cross the dry solidus. So, there would be a large amount of
partial melting at the shallow (∼30-km) depth beneath this very
young oceanic region (Fig. 10b). At the ∼60-km-depth cross-point
(Fig. 10a), the Vs starts to decrease along the direction from deep
to shallow (Fig. 9). Because we average different-age oceanic re-
gions into a 1-D structure, our Vs model (0–2 Myr) is more similar
to the structure of this very young region, rather than other Vs
models in Fig. 9 (e.g. 0–4, 3–8 and 4–20 Myr). In addition, the
Vs at 30 km of our model and the Vs at 70 km of 0–4 Myr and
3–8 Myr models are all about 4 km s−1. However, we infer that
the melt fraction of our model at 30 km is much larger than that
at 70 km of the other two older models (Fig. 9). (2) As for the
reason why the Vs of our model is higher than other models of
older regions at ∼30–120-km depth, it may be because that there
is an effective ‘plumbing’ system beneath the EPR ridge (Harmon
et al. 2009). We speculate that this effective ‘plumbing’ system only
exists around the central ridge region (e.g. <100 km or <1 Myr, see
Fig. 10b). The melt at larger depth beneath the very young region
(<1 Myr in this study) could quickly upwell to the shallow pro-
nounced LVZ. Such melt removal beneath this young region could
cause an increase of Vs at ∼30–120-km depth as shown in our
model. However, the melt beneath other older regions (e.g. several
Myrs) could not effectively upwell to the upper zone. So, the Vs of
these older regions is likely lower. (3) The resolution of the results
(0–4 and 4–20 Myr) of Nishinura & Forsyth (1989) is limited by the
data quality and availability used for the inversion of the entire Pa-
cific Ocean. (4) Most of the measurements of Nishinura & Forsyth
(1989) are on the east side of the EPR with younger plate ages. But
our measurements are on the west side and central part of the EPR
(Fig. 1). The Vs structure beneath the EPR region may be asymmet-
ric, as found in previous studies (Dunn & Forsyth 2003; Harmon
et al. 2009).

6 C O N C LU S I O N S

Based on the array-based multidimensional imaging analysis
method developed for teleseismic surface wave dispersion analy-
sis, we obtained an average 1-D upper mantle Vs model beneath
the DG transform fault region on the equatorial EPR. Our final
model shows a thin (∼5-km thickness) high-velocity LID in the
uppermost mantle with the maximum Vs at 4.37 km s−1 beneath
the Moho, and a pronounced LVZ between 15-km and 60-km depth
in the uppermost mantle with Vs about 4.03–4.23 km s−1 which
is about 10 per cent lower than the global average and indicates
about 0.5–5 per cent melt fraction. Between 60 and 200 km, a weak
LVZ exists with Vs about 4.15–4.27 km s−1, which is about 5 per
cent lower than the global average with about 0.1 per cent or even
lower melt fraction. We inferred that the averaged LAB beneath this
study region is about 15 km, which is consistent with the conduc-
tive cooling model. The shallower and thinner characteristics of the
pronounced LVZ beneath this region may imply that partial melting
occurs mainly in the shallow upper mantle (∼15–60-km depth) in
this young oceanic region, probably with an effective ‘plumbing’
system for melt upwelling.
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Supplementary data are available at GJI online.

1. Additional material on phase velocity data.
2. Additional test with 2–60 s dispersion data.
3. Additional tests with different damping values.
Figure S1. The black parts of dispersion curves are the same as the
grey lines in Fig. 6 of the main text. All the black parts are used
to calculate the average dispersion curve and error estimation. The
grey parts in this figure are the removed parts.

Figure S2. Final Vs models of the inversion from 2 to 100 s data
(red) and 2 to 60 s data (blue). The red line is the same as that in
Fig. 7(b).
Figure S3. The comparison between the results of damping = 1 and
damping = 2. The misfits of these two damping values are almost
the same [see panel (a) and Table S1]. The final Vs models are
slightly different. The result of damping = 2 has only one minimum
of the Vs model below 15-km depth, which means it has only one
LVZ in the upper mantle.
Table S1. The dispersion misfits of the 1-D shear velocity inversion
with different damping values. These L1-norm misfits are averaged
by the number of dispersion data points (Fig. 7a). The final damping
value is set as 2 in this study (Figs 7b and 9 of the main text, and
Fig. S2).
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