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SUMMARY

During the North Atlantic transect (NAT) experiment 11 expanding spread profiles (ESPs)
were acquired using a 3300 cubic inch, 30-element tuned airgun array (S/V Prospekta) and a
48-channel seismic streamer (R/V Moore). Extremely high-density seismograms were
obtained that have allowed us to transform the observed data to the domain of intercept time
and ray parameter (tau-p) with high precision. Velocity structures have been obtained by
tau-sum inversion, ray tracing, and synthetic WKBJ and reflectivity seismogram methods both
in tau-p and x-t domains.

A detailed analysis of ESP 5 suggests the presence of a low-velocity zone within the lower
oceanic crust at the location of magnetic anomaly MO (118 Ma). It is apparently 2.86 km
thick, has a P-wave velocity of 6.5 kms™", S-wave velocity of 3.6 kms™!, and occupies much
of the depth interval normally associated with oceanic layer 3. Converted shear wave arrivals
have been used to obtain the shear velocity structure. We find that the V,/V; ratio in the
uppermost part of the crust is about 1.9, and much of the crustal section has a V,/V, ratio
greater than V3. Attenuation of P- and S-waves has been studied by amplitude analysns and
we find that in most of the lower crust Q, is equal to Q,. Comparison with solutions from
ESPs in younger and older parts of the basin suggests that ESP S is unique in displaying a
low-velocity zone. Despite this the total thickness at ESP S is not significantly different than at
other locations. We suggest that this provides strong evidence that the low-velocity zone
occurs within the lower crust, and does not result from serpentinization of the upper mantle

beneath thin oceanic crust.

Key words: converted shear waves, expanding spread profiles, Moho, North Atlantic,

oceanic crust

INTRODUCTION

Much of our knowledge of the velocity structure of oceanic
crust derives from analysis of seismic experiments that
employed relatively large shot spacing, and thus the
observed data are very sparse. Even the Fanfare data used
by Spudich & Orcutt (1980a, b) to define detailed aspects of
velocity structure have seismograms at an average spacing of
2.5km. Solutions for crustal structure obtained using these
data include up to 20 uniform-velocity or constant-gradient
layers defining a structure that typically shows a monotonic
increase in P-wave and S-wave velocity with depth [see
White (1984) for instance]. The mineralogical assemblages
that comprise the oceanic crust are complex, however, and
subject to hydrothermal metamorphism following emplace-
ment. Seismic velocities could decrease with depth in some
parts of the oceanic crust without implying exotic crustal
compositions. The effect of such a low-velocity zone in

* Also at Department of Geological Sciences, Columbia University,
New York.

marine seismograms may be quite subtle and not easily
recognized in the sparsely shot data upon which many
models of crustal structure have been constructed.

The quantitative description of a low-velocity zone using
standard traveltime inversion of seismic data is not possible
(Aki & Richards 1980). These data, even when re-
parameterized into x-p or tau-p, exhibit a response to a
low-velocity zone that is a discontinuity or data gap which
may be quite small even for a low-velocity zone that
occupies a large crustal interval. The solution for a
velocity—depth function requires integration across this gap.
Traveltime inversion schemes often formally exclude
low-velocity zones (Garmany 1979; Orcutt 1980; Diebold &
Stoffa 1981) as a condition for developing an inversion
algorithm, and although the inclusion of such features into
the Herglotz—Bateman—Wiechert inversion has been dem-
onstrated by Gerver & Markushevich (1966), it is seldom
used because it is complex and difficult to develop into an
efficient algorithm. Diebold (1988) has suggested a procedure
for inclusion of low-velocity zones into the tau-sum inversion
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(Diebold & Stoffa 1981) in which a range of possible low-
velocity zone properties are derived.

Spudich & Orcutt (1980a, b) summarized the results of
several experiments from which it had been suggested that a
low-velocity zone may be present in, or beneath, the oceanic
crust. Most noteable is that of Lewis & Snydsman (1977,
1979) who presented a structural interpretation of the young
oceanic crust of the Cocos Plate that included a low-velocity
zone at the base of the crust that increased in thickness with
age. We are aware of no similar suggestion for the crust of
the Atlantic or any other slowly spreading ridge, although
the data base is not very extensive.

In this study we examine high quality expanding spread
profiles from the North Atlantic transect (NAT Study
Group 1985) in an attempt to make a definitive statement
about the existence of a low-velocity zone in the lower
oceanic crust. These data are available at 50-m seismogram
spacing, allowing for detailed analysis in the offset-travel
time (x-f) and the intercept time-ray parameter (tau-p)
domains. We were able to analyse tau-p seismograms with
ray parameters sampled at 0.001 s km™' increment even for
the deepest arrivals. From a combination of x-f and tau-p
analysis we present interpretations that, we believe, provide
firm evidence for a low-velocity zone at ESP 5 (see Fig. 1 for
location). Our preliminary interpretation of this low-velocity
zone was presented by NAT Study Group (1985). Chiang &
Detrick (1985) have modelled P- and S-wave arrival
amplitudes in ESP 5 together with nearby CDP reflection
profiles. They have also concluded that there is evidence for
a crustal low-velocity zone. Huang, Chu & Kuo (1986)
applied a waveform inversion method to plane-wave
decomposed ESP S data, and supported the presence of a
similar low-velocity zone. Cary & Chapman (1988) applied
an automatic 1-D waveform inversion to ESP 5 data, and
have concluded, to the contrary, that a low-velocity zone is
not necessarily required to satisfy the data.

In this paper we describe the detailed analysis of ESP
seismogram data that lead us to conclude that a low-velocity
zone exists in 118 Myr old oceanic crust at ESP § in the N
Atlantic. We then compare this result with solutions for
crustal structure obtained from ESP data in both younger
and older crust of the N Atlantic, and in doing so attempt to
constrain the origin of the low-velocity zone.

DATA ACQUISITION AND ANALYSIS

The data analysed in this study were acquired as expanding
spread profiles (ESPs). This method of seismic data
acquisition was originally described by Stoffa & Buhl (1979)
and has been extensively applied in deep crustal studies
(see, for instance, Diebold et al. 1981; Mutter, Talwani &
Stoffa 1984; Watts et al. 1985; NAT Study Group 1985;
LASE Study Group 1986; Detrick er al. 1987; White et al.
1987; Diebold, Stoffa & LASE Study Group 1988;
Mutter & Zehnder 1988). The basis of the experiment
involves two vessels, one shooting and the other. recording
from a towed hydrophone array, as they move in opposite
directions with equal speed, maintaining a common
midpoint. The advantage of an ESP over conventional
refraction data is that the effect of lateral geological
variations and dip of the layers is minimized by the common
midpoint geometry (Diebold & Stoffa 1981). Analysis of

ESP data provides an accurate velocity structure that
pertains to its midpoint, but represents an average over the
range of the experiment. The seismic source used for the
experiment consisted of a tuned airgun array on S/V
Prospekta (Prakla Seismos), comprising 30 airguns having a
total volume of 3300 cubic inches, operating at 2000 psi, and
fired on a 60-s cycle. This array had a broad bandwidth of
approximately 6-65Hz. The recording ship, RV Moore
(University of Texas at Austin) towed a 48-channel streamer
with 70-m group interval. Each group consisted of 20
hydrophones at 1.605m spacing, providing a total group
length of 30.5m. Both ships steamed at S5knots
(9kmhr~'=150mmin~") which resulted in a 300-m
increment in the source-to-receiver offset for each shot. This
acquisition technique provided a high density of
seismograms—one about every 6 m. The seismograms were
summed in 50-m bins (each bin containing about eight
traces) after a linear moveout correction corresponding to a
phase velocity of 8kms™' was applied. This summing
provides a signal to random noise improvement by a factor
of about 2.5.

Expanding spread profiles designated ESPs 2, 4, 5 and 11
from the North Atlantic transect (NAT Study Group 1985)
were analysed for this study (Figs 1 and 2). ESP S was
acquired at the location of magnetic anomaly MO0, where the
age of the crust is 118 Ma (Kent & Gradstein 1986). Two
DSDP holes (417 and 418) are located near ESP 5
(Donnelly et al. 1979; Salisbury et al. 1986). The magnetic
anomaly map of Schouten & Klitgord (1977) shows fracture
zones spaced about 50 km apart in this area. ESP 2 was
acquired within the magnetic quiet zone between anomaly
M25 and the Blake Spur anomaly (Fig. 2). The age of the
crust at ESP 2 is about 160 Ma. ESP 4 lies immediately
landward of the Blake Spur magnetic anomaly, where the
age of the crust is poorly constrained, but is probably
170 Ma. ESP 11 was acquired at the Mid-Atlantic Ridge.

Our procedure for deriving velocity—depth models from
these data was as follows: transformation of the data to the
tau-p domain as described by Stoffa et al (1981),
construction of a velocity—depth structure using the tau-sum
inversion (Diebold & Stoffa 1981) to obtain a starting
model, computation of traveltime curves in the x - ¢t domain
and comparison with the observed data to improve the
model, and then computation of WKBJ seismograms
(Chapman 1978) and comparison with the data to improve
the model further. ESP 5 data were further analysed
because they contained well-developed converted shear
wave arrivals. To obtain the shear wave velocity structure
we assumed that the P- to S-wave conversion took place at
the sediment/crust interface, retained the layer thicknesses
of the P-wave velocity structure, and adjusted shear wave
velocities until ray-traced arrivals showed a satisfactory fit to
the x — ¢ and tau-p data. The P- and S-velocity functions for
ESP 5 were further improved and attenuation quality factors
(Q, and Q,) determined by computing reflectivity
seismograms (see Fuchs & Muller 1971; Kennett 1974,
Wenzel, Stoffa & Buhl 1982; and Muller 1985, among
others) for some trial models to match the absolute
amplitudes of the data. In the following we discuss our
analysis of these data, then describe some aspects of their
interpretation with respect to the geology of the Atlantic
oceanic crust in this region.
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Figure 2. Location of ESPs 2, 4 and 5, superimposed on the map of Schouten & Klitgord (1977) showing the fracture zones based on magnetic
lineations in the area of this study.

ANALYSIS OF NAT ESP 5§

The ESP 5 seismogram data are shown in Fig. 3. Four
groups of P-wave crustal arrivals have been identified.
Group I and II arrivals are diving waves from the lower
crust, group III arrivals are pre-critical reflections from
Moho, and group IV arrivals are post-critical reflections and
diving waves from the crust/mantle transition zone. The
groups I and II arrivals are continuous. The division into
two groups was made after initial trials at traveltime
inversion for reasons that will be elaborated upon below.
Group II arrivals terminate abruptly at a range of 32 km,
suggesting the possible presence of a low-velocity zone.

The bathymetric observations at ESP 5 were available
only from one ship (R/V Moore), so only half of the
bathymetric profile has been shown (Fig. 4). The
bathymetric profile, on a regional scale, can be approxi-
mated by an interface linearly dipping at an angle of 0°20’.
The common midpoint geometry of an ESP reduces the
effect of this dip because the sum of the sea-floor depths
below the source and the receiver remains approximately
constant for a linearly dipping interface. This small dip is
therefore not expected to affect adversely our overall
traveltime analysis, and no topographic corrections were
made. On a local level, however, this sea-floor bathymetry
can affect the data—for example, the diving waves observed
at approximately 14 km offset, 7.9 s reduced time (Fig. 3),

1

are probably affected by some local sea-floor bathymetry.
No attempt was made to correct for this local effect.

P-wave velocity (V,) structure

Tau-sum inversion of these data was achieved in two steps.
All data were transformed to the tau-p domain at a ray
parameter spacing (dp) of 0.005skm~'. Using the
post-critical arrivals in tau-p from p =0.667 to 0.200s km ™'
the upper structure of P-wave velocities was derived. For
the deeper part of the structure, derived from arrivals
having ray parameters from 0.200 to 0.100s km ™", we found
that a dp =0.005skm™' was too coarse to use in the
tau-sum inversion. The data from 20.0 to 37.5km were
slant-stacked at a dp of 0.001 skm™', from which the lower
crustal and crust/mantle arrivals could be clearly resolved,
as shown in Fig. 5 (upper panel). Also shown, in the lower
panel of Fig. 5, are the tau-p picks. These picks represent
only a part of the complete tau-p curve of principal arrivals,
and therefore were used in conjunction with the upper
structure derived earlier. For this purpose the tau-
contribution of the ‘known’ upper structure was subtracted
from the observed tau values before implementing tau-sum
inversion at each ray parameter.

The velocity function obtained by this two-step tau-sum
inversion is shown in Fig. 6 (left panel). The structure
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Figure 3. N Atlantic transect expanding spread profile 5 (NAT ESP 5). The data have been gathered in 50-m bins, summed, bandpass-filtered
6—40 hz, and plotted in true amplitudes with a reducing velocity of 7 km s~ 1. Four groups of P-wave crustal arrivals and converted shear wave
arrivals have been identified—see text for details.
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Bathymetry along the navigation tracks of ESP 2 and ESP 5. The sea floor is almost flat at ESP 2, and at ESP 5 the regional slope is
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Figure 5. Slant stacks of ESP 5 data between 20 and 37.5 km offsets focus the lower crust and Moho P-wave arrivals. The tau-p picks obtained
from the slant stacks are shown in the lower half of the figure. The groups of arrivals marked as I, II and IV correspond to similar groups in x-t

shown in Fig. 3.

contains several layers having unphysical ‘negative’ thick-
nesses. Such layers can result from tau-sum inversion in two
situations—one occurs if a pre-critical reflection is included
in the inversion, and the other if a low-velocity zone is
present in the real Earth structure. Considering the first of
these we note that the tau-sum method derives layer
thicknesses in an Earth approximated by a stack of
uniform-velocity layers by a method that is essentially an
extension of the classic slope—intercept method of Ewing,
Woollard & Vine (1939), who used head-wave data.
Diebold & Stoffa (1981) showed that it could be generalized
to include diving waves and post-critical reflections. Vera &
Diebold (1984) have discussed a further generalization of
this approach in which the velocity function within each
layer can be prescribed by a chosen analytic function, such
as a linear gradient. If, however, pre-critical reflections are
used in any form of the tau-sum inversion it will
overestimate the thickness of the underlying layer. This
overestimation is then compensated by reduction in the
solution thickness of one or more layers defined from the
post-critical arrivals of smaller ray parameter. The negative
thickness layers, such as those around 15 km depth in Fig. 6
(left panel), can be corrected as shown in Fig. 6 (middle
panel) if we ignore the arrivals from 0.135<p<
0.148 skm™! (Fig. 5), i.e. if we connect group I directly to

group IV, treating group II arrivals as pre-criticals. Group II
arrivals, however, seen clearly in x—t (Fig. 3) are
continuous with group I arrivals and have phase velocities
that increase with increasing offset, and are therefore not
pre-critical reflections. Thus, the negative thickness layers
obtained in the inversion cannot be attributed to the
inclusion of pre-critical reflections.

Group Il arrivals can be retained and the negative
thickness layers eliminated if we include a low-velocity zone
in the structure (Fig. 6, right panel). Since a low-velocity
zone does not produce post-critical arrivals, it cannot be
included in the tau-sum inversion directly. An inversion can
still be obtained for the region above the lid of the
low-velocity zone, but to continue the inversion downwards
we need to modify the method. For this purpose an
algorithm was developed that proceeds in the following
steps:

(1) Reads the upper structure obtained using a normal
inversion.

(2) Accepts values for the velocity and thickness of the lid
and the low-velocity zone.

(3) Redefines the tau-p points below the tau-gap with
respect to the bottom of the low-velocity zone.

(4) Carries out the inversion below the low-velocity zone.

Using this approach different combinations for the lid and
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low-velocity zone were continuously tested and, based on
the results obtained below the low-velocity zone, models
were either discarded (if they gave negative thicknesses, for
example), or taken as possible solutions.

In principle there are four independent variables that are
undefined—the velocity of the lid, its thickness, the velocity
of the low-velocity zone and its thickness. The data provide
constraints that can be used to estimate one or more of
these unknowns as follows:

(1) The P-wave velocity in the lid may be estimated from
the bottom of the upper structure, i.e. from the slope of the
most distant part of the diving waves from the crust
(7.14kms™!).

(2) The thickness of the lid may be estimated using
near-vertical reflections from the bottom of the lid (not
available in ESP 5).

(3) The total thickness of the lid plus the low-velocity
zone may be estimated from the two-way time at which the
tau-sum inversion stabilizes following the negative thickness
layers (Mithal 1986).

(4) The total thickness of the lid plus the low-velocity
zone may also be estimated from the near-vertical
reflections from below the low-velocity zone.

We obtained upper structure down to a total depth of
approximately 10km by smoothing the velocity function
shown in the left panel of Fig. 6. We then took the tau-picks
shown in the lower panel of Fig. 5 and applied the method
of inversion outlined above. The velocity function that we
obtained is shown in the right panel of Fig. 6. Note that all
observed arrivals were used and all negative thickness layers
have been corrected. In all three panels of Fig. 6 the
inversion results obtained by the ‘gradient inversion’ method
(Vera & Diebold 1984) are also shown.

The P-wave velocity function obtained by using tau-sum
inversion was improved by computing and comparing the
traveltime curves with the data in the x-t domain. The
improvements, however, were minor, and the major feature
of the presence of a low-velocity zone was not affected. Our
final P-wave velocity function is shown in Fig. 7 (model
NES5B9Y, V,) and given in Table 1.
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Figure 7. Model NESB9 (shown by continuous lines) is our final model determined from the traveltime and amplitude analysis of NAT ESP 5
data. P-wave velocity (V,), S-wave velocity (V,), P-wave attenuation (Q,), S-wave attenuation (Q,) and V,/V, ratio are shown. Numerical
values for this model are given in Table 1. Model NESD9 (shown by dashed lines) was derived from the main model by eliminating the
low-velocity zone and matching group IV arrival times. The reflectivity seismograms for these models are shown in Figs 8, 9 and 11.
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Table 1.
Model NESB9
LAYER VPTOP VPBOT DZ VSTOP VSBOT QP Qs
(km/s) (am/s)  (km) (km/s)  (km/s)
1 water 1.510 1.510 5.565 0.0 0.0 0 0
2 Sediments 1.800 1.800 0.090 1.039 1.039 100 40
3 Sediments 1.900 1.900 0.102 1.097 1.097 100 40
4 Sediments 2.100 2.300 0.064 1.212 1.328 100 40
5 Upper Crust 5.050 6.160 1.415 2.660 3.425 400 150
6 Lower Crust 6.360 6.400 0.415 3.425 3.610 1500 1500
7 Lower Crust 6.400 6.700 1.135 3.610 3.850 1500 1500
8 Lower Crust 6.700 7.140 1.735 3.850 3.850 1500 1500
9 Lower Crust 7.140 6.500 0.100 3.850 3.600 2000 2000
10 Lower Crust 6.500 6.500 2.760 3.600 3.600 2000 2000
11 C/M Trans. 7.770 8.200 1.000 4.540 4.890 2000 2000
8.400 5.050 2000 2000

S-wave velocity (V;) structure

The S-wave velocities were determined using traveltime and
amplitude data assuming that the P- to S-wave conversion
occurred at the sediment/basement interface. While
iterating to improve the S-wave velocity function, the
P-wave velocities and the layer thicknesses were kept fixed.
Our final S-wave velocity function is shown in Fig. 7 (model
NE5B9, V,) and given in Table 1.

Quality factors, @, and Q,

The combined P- and S-wave velocities and densities were
used to compute synthetic seismograms using the reflectivity
method. Because the reflectivity method can deal only with
constant-velocity layers, the gradients in the velocity model
were simulated by several uniform-velocity layers. The
layering associated with reflectivity need be no finer than
one-half the shortest seismic wavelength (Chapman &
Orcutt 1985). These seismograms were convolved with a
source time function obtained from a near-vertical sea-floor
reflection (x =1.85km) in ESP 5. This source wavelet is
shown in Fig. 8 (lower panel, inset).

The densities were obtained from the P-wave velocities
using the relationships,

p(gem™)=1.135V, —0.190,
for V, <2.0kms™' (Hamilton 1978),
p(gem™) =174 (V,)'"*,

for V,>2.0km s~! (Gardner, Gardner & Gregory 1974);
density of water was taken to be 1.0.

The relative amplitudes of P-wave crustal arrivals in the
synthetic seismograms for model NE5SB9 were first
computed without including attenuation (Fig. 8, middle
panel). They compare reasonably well with the data (Fig. 8,
upper panel) but the following problems remain: (1) the
absolute amplitudes of P-wave crustal arrivals are
approximately twice as high in synthetic seismograms as in
the data, (2) the amplitude of S-wave crustal arrivals
relative to the P-wave crustal arrivals is higher in synthetic
seismograms than in the data, and (3) there are S-wave
interbed multiples in model seismograms, but not in the
data.

In an attempt to obtain a better match to the observed
arrival amplitudes we used a trial and error approach by
computing synthetic seismograms for a suite of Q, and Q;

values in each layer. The Q values which reasonably explain
the data are given in Table 1.

Two important features that emerged from this analysis
are that Q,, for the uppermost crust is much smaller than for
the lower crust, and that we need much higher values of Q,
in the lower crust than used by Spudich & Orcutt (1980a, b)
in their detailed analysis of Fanfare data. Furthermore, in
the lower crust our- results show that Q,=Q,, not Q,
approximately one-half of Q,,, as is often assumed.

The synthetic seismograms for our final model NE5B9,
which includes attenuation quality factors, are shown at
500-m spacing in Fig. 8 (lower panel), and at 50-m spacing
in Fig. 9. A comparison of the synthetic seismograms with
data (Fig. 8, upper panel, and Fig. 3 respectively) shows
that by introducing these Q values not only the relative
amplitudes but also the absolute amplitudes of P-wave
crustal arrivals are matched. The amplitudes of S-wave
crustal arrivals relative to the P-wave crustal arrivals have
also improved, and the noise in the S-wave crustal arrivals
due to the interbed multiples has been significantly reduced,
matching better with the data.

Discussion of Model NE5SB9 and some alternatives

Model NE5B9 (Fig. 7, Table 1) shows a crust that is 7.56 km
thick. The details of the crust (layers 5-10, Table 1), and
the crust/mantle transition (layer 11, Table 1) are given
below:

0-1.415km. P-wave velocities increase from 5.05 to
6.16kms™"!, and the S-wave velocities from 2.66 to
3.42km s resulting in a Poisson ratio [o = [(r? — 2)/2(r* -
1)], where r =V, /V,] decrease from 0.31 to 0.28.

1.415-1.830km. In this interval the P-wave velocities
(6.36-6.40) do not maintain the velocity gradient of the
overlying layer while the S-wave velocity gradient
(3.42-3.61kms™') is maintained. The Poisson ratio
decreases further (0.30 to 0.27).

1.830-2.964km. P-wave velocities (6.40-6.70kms™') as
well as the S-wave velocities (3.61-3.85 km s ') have a less
steep gradient than in the uppermost layer of the crust. The
Poisson ratio continues to decrease (0.27 to 0.25).

2.965-4.700km. P-wave velocities (6.70-7.14kms™?) con-
tinue to increase with the same gradient as in the overlying
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Figure 8. Upper panel: NAT ESP 5 data shown at 500-m spacing. The amplitudes and waveforms of the P-wave crustal arrivals (groups I, 11
and IV), and the converted shear arrivals (see Fig. 3) can now be seen better because there is no clipping of the amplitudes. However, group
IIT arrivals are seen better at 50-m spacing (in Fig. 3). Middle panel: synthetic seismograms for a model which has the same P-wave velocities,
S-wave velocities and densities as in our final model (NESB9), but which has no P- and S-wave attenuation. These seismograms were
computed using the reflectivity method, and convolved with the source time function obtained from a near-vertical sea-floor reflection in the
data. The arrival times and amplitudes of P-wave crustal arrivals (groups I, I and IV, Fig. 3) match quite well with the data, and also the
arrival times of converted shear waves are correct. However, the amplitudes of near-vertical sea-floor reflections in the synthetics are half of
those in the data, the amplitudes of converted shear wave arrivals are higher, and there are a lot more reverberations, particularly of the
converted S-waves. Lower pancl: synthetic seismograms for our final model (NE5B9, Fig. 7) computed using the reflectivity method, and
convolved with the source time function (shown in the inset). The arrival times and amplitudes of not only the P-wave crustal arrivals, but also
of the near-vertical sea-floor reflections and of the converted shear arrivals now match those in the data.
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Figure 9. Synthetic seismograms at 50-m spacing for our final model (NE5B9, Fig. 7) computed using the reflectivity method and convolved
with the source described in Fig. 8. These seismograms can be compared to NAT ESP 5 data shown in Fig. 3. Notice that not only groups I, II
and IV, but also group I1I and the converted S-wave arrivals in the data compare well with the model.

layer, but the S-wave velocity is constant (3.85 kms™"). The
Poisson ratio begins to increase (0.25 to 0.30) at this level.

4.700-4.800km. A 0.1-km-thick layer representing transi-
tion from velocities increasing with depth to the low-velocity
zone.

4.800-7.560km. This layer defines a 2.86-km-thick low-
velocity zone which has a P-wave velocity of 6.5 kms™" and
an S-wave velocity of 3.6 km s~ *. The Poisson ratio (0.28) is
the average of the ratio in the layer immediately overlying
it. In the uppermost 100 m the P-wave velocity decreases
from that in the lid (7.14 km s ') down to the velocity in the
low-velocity zone (6.5 kms™').

7.560-8.560km. A 1.0-km-thick layer representing a
transition zone characterized by P-wave velocities from 7.77
to 820kms~', and S-wave velocities from 4.54 to
4.89kms™!. The mantle beneath this transition zone has a
small velocity increase (V, =8.4kms™", V, =5.05kms™").
One of the most interesting features of the velocity model
we propose is the low-velocity zone in the interval
4.7-7.56 km. No previous study of slow-spreading oceanic
crust has revealed such a feature and thus we believe it is
important to substantiate our proposed model as carefully as
possible and investigate some plausible alternative struc-
tures. In fact some features of the ESP 5 seismograms are
not completely explained by the low-velocity zone model.
The diving P-waves from the upper crust have two

amplitude minima—one at approximately 14.5 km offset and
7.9 s reduced time; the other at approximately 22 km offset
and 8.0s reduced time (Fig. 3)—and these are not seen in
the synthetic seismograms. Group IV arrival times and
amplitudes are correctly modelled but some aspects of the
waveforms are not—for example at approximately 30 km
offset and 8.5s reduced time the model correctly predicts
the amplitude maximum, but the model waveforms are not
correct (Fig. 8). Further, there are two branches merging
into branch at approximately 28 km offset and 8.5 s reduced
time (Fig. 3) which cannot be explained very well by this
model (Fig. 9). For the S-wave Moho arrivals there are also
two branches which are more or less parallel (Fig. 3,
approximately 25-30 km offsets and 12 s reduced time)—this
feature in the data also cannot be explained well by model
NES5B9.

To improve confidence in the low-velocity zone model
NESB9 we considered several models without a low-velocity
zone (Fig. 10). If the low-velocity is replaced by a layer
having the same velocity as that above we cannot
simultaneously match the pre-critical and the post-critical
reflections from Moho. If we match the pre-critical arrival
times, the post-criticals in the model occur too early (Model
NESC9, Fig. 10, upper panel). Increasing the thickness of
this layer allows us to satisfy post-critical reflection time but
the pre-criticals appear too late (Model NESD9, Fig. 10,
middle panel). This is a model likely to be obtained if
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Figure 10. Comparison of traveltime curves for three models without low-velocity zone, with the curves for our final model (NE5BY). A

continuous line with crosses represents that part of the curve which exists for NE5SB9, but not for the model being compared.

pre-critical reflections from Moho (group III) are not
properly considered. To achieve a simultaneous fit without a
low-velocity zone we are required to alter the structure
above this layer (Model NESA9, Fig. 10, lower panel). This
model does not produce the first arrivals between 25 and
32 km offsets (shown by continuous line with crosses) seen
in the data, and therefore is also unsatisfactory. P-wave
velocities of our final model (NE5B9) and the corresponding
‘traveltime curves are shown by heavy lines in all three
panels for comparison with the three trial models that do
not include a low-velocity zone.

Synthetic seismograms for model NESD9 (Fig. 7)
computed using the reflectivity method are shown in Fig. 11.
Their comparison with the data (Fig. 8, upper panel) shows
not only that the group III arrival times do not match, but
also that group II arrivals do not fade out beyond

approximately 32km offset as abruptly as with the
low-velocity zone model, and also the converted shear wave
arrivals reflected from Moho are delayed and too weak.

ANALYSIS OF NAT ESPs 2, 4 AND 11

Identification of a low-velocity zone at the base of crust at
the location of ESP 5 invites the question—how widespread
is this feature? To address this question, we analysed three
other ESP seismograms: ESPs 2 and 4 acquired in much
older crust, and ESP 11 acquired in much younger crust (see
Figs 1 and 2 for locations). P-wave velocity structure was
derived from these ESPs by traveltime inversion in a fashion
similar to that outlined above: tau-sum inversion to obtain a
starting velocity—depth model, computation of traveltime
curves in the x—¢ domain and comparison with the
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Figure 11. Synthetic seismograms for one model without a low-velocity zone (Model NE5SD9, Fig. 7) computed using the reflectivity method.
This is a model likely to be derived if group III arrivals are not included in the analysis. Comparing these seismograms with the data (Fig. 3 and
upper panel of Fig. 8) show that the group III arrivals in the model are too late, and the converted shear wave arrivals reflected from Moho are

also too late and too weak.

observed data to improve the model, and then computation
of WKBJ seismograms and comparison with the data to
improve the model further. S-wave velocities and densities
were obtained from the P-wave velocities, and attenuation
constants were not modelled.

The bathymetric profile at ESP 2 is very flat (Fig. 4) and
therefore no topographic correction is needed. ESP 2 data
and the WKBJ seismograms for our final model (NE2A,
Fig. 16, Table 2) are shown in Fig. 12. In the data, the
P-wave arrivals corresponding to groups I, II, III and IV of
ESP 5 (Fig. 3) can be identified, but the time delay between
groups II and IV in ESP 2 is much less than in the
equivalent region of ESP 5. A comparison of these data and
the WKBJ seismograms for model NE2A, which does not
contain a low-velocity zone, shows not only that the
traveltimes match well, but also that the relative amplitudes
are in good agreement. Since attenuation constants have not
been derived or applied, the absolute amplitudes are not
correct. The phases marked ‘T’ in the WKBJ seismograms
are artifacts due to the truncation of ray parameters

(truncation phases).

ESP 4 was located immediately west of the Blake Spur
magnetic anomaly. The bathymetry at ESP 4 was not
recorded, but the regional bathymetry in this area is quite
flat (Fig. 1). These data, shown in the upper panel of Fig.
13, are of lesser quality than ESP 5 or ESP 2. In particular,
the arrivals equivalent to groups I and II of ESP 5 are not
well developed and thus it is difficult to make an
unequivocal assessment of the lower crust. However, the
P-wave velocity structure that we have derived (model
NE4A, Fig. 16, Table 2) does not include a low-velocity
zone in the crustal section. A comparison of these data with
the WKBJ seismograms (Fig. 13) shows that the overall
arrival time match is good, and that high-amplitude events
due to the wide-angle Moho reflections are in the correct
offset range.

ESP 11 was acquired over the zero age Mid-Atlantic
Ridge median valley (see Fig. 1 for location). Here the
topography is very rough and this adversely affects seismic
data; considerable energy is lost as diffractions, and the

Table 2.

_Model NE2A

LAYER VPTOP VPBOT DZ
k

1 1.500 1.500 5.325 1.500
2 1700 1.700 0.106 1.600
3 1.800 1.800 0.113 1.825
4 1900 1900 0.142 2.150
5 2000 2000 0.350 2.200
6 2.100 2.100 0.289 4.050
7 2400 2900 0.694 3.250
8 4928 6.700 2.856 3.900
9 6.700 6.800 0.776 5.000
10 6.800 7.050 1.835 6.300
11 7.050 7.050 2.291 6.800
12 7.650 8.000 1.369 7.150
13 8100 8.250
8300

Model NE4A

VPTOP VPBOT DZ

Model NEI1A

VPTOP VPBOT DZ

. 1.500  3.675 1.500 1.500 3.600
1.800 0.340 1.600 1.600 0.240
2.100  0.637 1.800 2750 0.280
2.150 0.323 5.000 5700 0.534
3.000 1.354 5.850 6.500 2.622
4.050 0.304 6.500 6.500 1.300
3.250 0.894 6950

5.000 0.443

6.300 0.619

6.800 1.408

6.900 4.966

8.050 2.277

8250 0.825
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Figure 12. N Atlantic transect expanding spread profile 2 (NAT ESP 2) data shown in true amplitudes (for the location see Figs 1 and 2). Also
shown are synthetic seismograms using the WKBJ method for our final model for this ESP (Model NE2A, Fig. 16, Table 2). The phases

marked ‘T’ are artifacts due to the truncation of ray parameters.

arrival times of reflections and refractions depart from
theoretical curves that are computed on a plane layer
assumption. In ESP 11 (Fig. 14) fewer crustal reflections can
be identified compared to other ESPs. In the velocity
function obtained for ESP 11 {model NE11A, Fig. 16, Table
2), the highest P-wave velocity obtained is 7 km s~ at about
8.5km depth. Deeper crustal structure could not be
obtained because of a lack of the corresponding arrivals. A
comparison of the data with the WKBJ seismograms (Fig.
14) shows that the identifiable arrivals have been matched
by our model NE11A. Since the deeper crustal structure
could not be obtained from ESP 11, we cannot determine if
a low-velocity zone exists within the lower crust at this
location.

DISCUSSION

Low-velocity zone within the lower oceanic crust at
NAT ESP 5

Our results from NAT ESP 5 show that a low-velocity zone
occurs at the base of the oceanic crust at this location and,

as such, is the first well-documented example of a
low-velocity zone in Mesozoic aged crust in the Atlantic.
Spudich & Orcutt (1980a) cite several studies from which
the presence of crustal low-velocity zones in both
compressional (P) and shear (§) wave velocities has been
suggested. For instance, Lewis & Snydsman (1977, 1979)
reported a V), low-velocity zone at the base of oceanic crust
in the northern Cocos plate based on an observed delay time
offset between the wide-angle arrivals from the lower part of
the crust and from the upper mantle, much like the evidence
that we present here. The crust there varies in age from 2 to
12Ma. Lewis & Snydsman (1977, 1979) suggested that the
velocity in the low-velocity zone must be less than
6.8kms~! with a thickness of about 1.5km, and interpret
the low-velocity zone as the result of progressive
serpentinization of upper mantle material into a material
with ‘crustal’ velocities. Their low-velocity zone is therefore
not strictly part of the original crust, but is ‘added on’
beneath through serpentinization. This process requires
efficient, long-term transport of water into the upper
mantle.

¥202 Iudy 2| uo1senb Aq 8918/G/5/2/2/.6/219Me/[6/woo dno-olwspeoe//:sdiy wolj papeojumoq



Low velocity zone within layer 3 289

OFFSET (km)

10 20

AR MPEA TP EERR MR FE I A A

" REDUCING VELOCITY=T7km/s

REDUCED TIME (sec)

|O_.J — - R e

Figure 13. N Atlantic transect expanding spread profile 4 (NAT ESP 4) data shown in true amplitudes (for the location see Figs 1 and 2). Also
shown are synthetic seismograms using the WKBJ method for our final model for this ESP (Model NE4A, Fig. 16, Table 2). The phases

marked ‘T’ are artifacts due to the truncation of ray parameters.

Spudich & Orcutt (1980b) cite several studies that support
the serpentinization interpretation based on evidence from
ophiolite suites where serpentinized peridotite occurs
beneath gabbroic units (for example, Clague & Straley 1977;
Nichols et al. 1980). They also describe evidence for a
low-velocity zone in V; extending through most of the lower
oceanic crust near Guadalupe Island, Mexico, from original
work of Spudich, Salisbury & Orcutt (1978). Their evidence
is also a delay time offset in lower crustal arrivals. In this
latter case however they attribute the V, low-velocity zone to
the possible replacement of hornblende by augite and
olivine with increasing depth into the lower oceanic crust at
that site, and not to a mantle alteration phenomenon. The
two explanations are, in fact, quite different in their
implications for crustal geology; the mantle serpentinization

model supposes that the low-velocity interval is not part of
the crust’s original igneous stratigraphy, but is incorporated
into the crust by transformation of mantle into serpentinites
by the action of deeply penetrating water. By contrast, the
suggestion that the low velocities result from hornblende
replacement considers the low-velocity zone to occur within
the crust proper. Estimates of magma budget required to
build the crust at ESP 5 would therefore differ by 50%
depending upon which of these models one chose to adopt.

We believe that evidence provided by our analysis of
ESP 5 favours an interpretation of the low-velocity zone
as an integral component of the oceanic crustal column,
rather than serpentenized mantle. Christensen & Salisbury
(1975) show V,, V; and Poisson’s ratio as a function of
mineralogy for pure and isotropic monomineralic aggregates
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Figure 14. N Atlantic transect expanding spread profile 11 (NAT ESP 11) data shown in true amplitudes (for the location see Fig. 1). Also
shown are synthetic seismograms using the WKBJ method for our final model for this ESP (Model NE11A, Fig. 16, Table 2). The phases

marked ‘T" are artifacts due to the truncation of ray parameters.

believed to represent two possible lithologies for the
lower oceanic crust—a gabbro/metagabbro system and a
peridotite/serpentinite system. A comparison with those
observations indicate that the V, and V; values for the low-
velocity zone at ESP S are consistent with about 40%
serpentinization of a peridotite/serpentinite rather than
gabbro/metagabbro lithology. However, laboratory meas-
urements of V, and V, for the Bay of Islands ophiolite
complex in Newfoundland (Salisbury 1974; Salisbury &
Christensen 1978), for various western US ophiolites
(Christensen 1978), and for the Oman ophiolite complex
(Christensen & Smewing 1981) reveal that the V, and V,
values of the low-velocity zone at ESP 5 are consistent with
the more recent figures for metagabbros. Fig. 15 shows our
low-velocity zone model NESB9 on the laboratory velocity
data compiled by Spudich & Orcutt (1980a) from the
measurements of Salisbury (1974) and Christensen (1978).
The low-velocity zone, shown by a ‘star’, is surrounded by
metagabbro and metadolarite samples, and the remainder of
the crust falls within or very close to the experimentally
measured values. No part of the crust appears anomalous.
Another constraint on the nature of the low-velocity zone
can be gained by comparison with other N Atlantic crustal
velocity models. Fig. 16 shows that the total thickness of the
crust at ESP5, including the low-velocity zone, is very
similar to the crustal thickness at ESPs 2 and 4, both of
which do not contain crustal low-velocity zone. Other
determinations of crustal thicknesses in N Atlantic obtained
earlier by Purdy (1983), White (1979, 1984), Whitmarsh,

Ginsburg & Searl (1982), and Mutter & Zehnder (1988) are
also shown in Fig. 16. These observations show that the
low-velocity zone at ESP 5 definitely occurs within a depth
interval in the crust that is normally regarded as oceanic
layer 3, the gabbroic sequence (see for instance Fox &
Stroup 1981). If mantle serpentinization was responsible for
the development of the low-velocity zone we would
anticipate that the crust containing the low-velocity zone
would be thicker than that without, having acquired the
low-velocity zone as an additional layer formed by
serpentinization of mantle material that originally occurred
beneath the normal crust. A thickening of the crust with
crustal age is, in fact, the observation on which Lewis &
Snydsman (1977, 1979) make their argument for a
serpentinization model of the low-velocity zone. Because we
observe a very similar crustal thickness in crust both with
and without the low-velocity zone, we suggest that this
argues against a regional serpentinization mechanism for the
development of the low-velocity zone at NAT ESP 5.
Therefore, we favour a crustal origin for the low-velocity
zone, and believe that it is most likely to have a
metagabbroic composition.

It is plausible that serpentinization could have locally
affected structure at ESP 5. The shooting line extends into
the region of the ‘east fracture zone of Mutter & NAT Study
Group (1985), however no offset in magnetic anomalies is
seen at this location (Fig. 2), and McCarthy et al. (1988)
recognized little structure in the migrated reflection seismic
images associated with this feature. Nevertheless, local

¥202 Iudy 2| uo1senb Aq 8918/G/5/2/2/.6/219Me/[6/woo dno-olwspeoe//:sdiy wolj papeojumoq



Vp(km/sec)

Vg (km/sec)
30 3.2 34 36 38 40
7.4 T T T
\/ W EPIDOTE-AMPHIBOLITE FACIES
METADOLERITE AND
METAGABBRO
7.2} ¢ PARTIALLY SERPENTIZED
PERIDOTITE
GREENSCHIST FACIES
A A METADOLERITE
O @ PYROXENE GABBRO
7.0 r
a OLIVINE GABBRO
T TRONDHJEMITE
O @ meTaBasALT
68  p piasase
T ®
> ®
»
66 - =
> =z
x w
2 w0
o
.
=4 v
643 =
- =4
(8]
6.2
6.0
58
5.6 k

Figure 15, The V,-V, path for ESP 5, model NE5B9 compared with
ophiolite sample velocities. The point shown by a ‘star’ corresponds
to the low-velocity zone in the model.

serpentinization beneath an initially thin crust could account
for the observed structure.

Crust/mantle transition

Because of the presence of both the pre-critical (group III)
and the post-critical (group IV) reflections from Moho
observed in ESP 5, we have been able to determine a
well-constrained structure of the crust/mantle transition
zone. It consists of a 1.0-km-thick velocity gradient (from
777 to 82kms™ '), bounded by a major velocity
discontinuity on top (6.50 to 7.77kms”') and a minor
velocity discontinuity at its bottom (8.20 to 8.40kms™').
The upper velocity discontinuity is constrained by the arrival
times of group III and IV arrivals and the critical offset as
inferred from group IV arrivals. The velocity gradient is
constrained by the concentration of group IV arrivals whose
amplitudes decrease abruptly rather than gradually with
offset. The lower velocity discontinuity is not as well

Low velocity zone within layer 3 291

constrained.

The transition zone determined from ESP 2 also is well
constrained. These data, like ESP 5, contain both
pre-critical and post-critical reflections from Moho. The
transition zone at this location (a velocity gradient from 7.65
to 8.0kms™') is thicker (1.37km), and the velocity
discontinuity at its top is smaller (a jump from 7.05 to
7.65kms™") than at the location ESP 5. The lower velocity
discontinuity (8.0 to 8.1kms~™'), however, not well
constrained at ESP 2. ESP 4 data do not show pre-critical
reflections from Moho, and therefore the upper velocity
discontinuity is not well determined. However, the velocity
gradient is very well constrained by the arrival times of the
wide-angle Moho arrivals. These data require a 2.28-km-
thick velocity gradient (from 7.15 to 8.05kms™!), thicker
than at both the ESP 5 and ESP 2 locations.

The structures of the crust/mantle transitions that we
have determined at these three locations are similar in the
sense that they all have a velocity gradient bounded by
velocity discontinuities above and below. A seismic velocity
gradient representing crust/mantle transition in the Atlantic
was inferred earlier also by Bunch & Kennett (1980) and
Purdy (1983). Our data suggest that a regional variation in
the crust/mantle transition can be resolved. From ESP 5 to
ESP 2 then ESP 4 we note that the upper velocity
discontinuity reduces in size, while the velocity gradient
increases in thickness. The overall similarity of the
crust/mantle transition at these ESPs may also suggest that
serpentinization of the upper mantle is not an appropriate
model for the low-velocity zone at ESP S5 as it seems
unlikely that a crust/mantle transition at the base of a layer
formed by serpentinized upper mantle would be so similar
to one formed at the base of an igneous plutonic crustal rock
unit.

CONCLUSIONS

Resolution of several important elements of crustal structure
described above demanded detailed analysis of fine-scale
features in the seismograms using traveltime inversion
techniques extended to include low-velocity zones, and
forward modeiling of traveltimes and seismograms in the x-¢
and tau-p domains. The majority of seismic data available
for study of lower oceanic crustal structure do not have
sufficient spatial density to allow these features to be
recognized, and it is hardly surprising then that low-velocity
zones are not commonly interpreted to be parts of standard
oceanic crustal sections. A low-velocity zone, such as that
present at ESP 5, would be very difficult to detect using
most of the conventional data. We would not, of course,
claim that low-velocity zones are common features of the
lower crust; but we do suggest that much of the available
seismic refraction data lack sufficient resolution to detect
such a feature, even if it were common. Our principal
conclusions are as follows:

From the traveltime and amplitude analysis of ESP data
in western N Atlantic, we find that the lower crust at ESP 5
contains a thick low-velocity zone in V, and V, velocities.
This low-velocity zone is not a regional feature—analysis of
ESPs 2 and 4, sampled with the same techniques, shows that
a low-velocity zone in the lower crust does not exist at these
other locations. A comparison of structure sections from
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Figore 16. P-wave velocity functions derived from the analysis of NAT ESPs 5, 2, 4 and 11. All the velocity functions have been aligned at the
interpreted sediments/crust interface. Notice that the thicknesses of the crust at the location of ESPs 5, 2 and 4 are remarkably similar,
suggesting the low-velocity zone at the location of ESP 5 is altered crust, not altered upper mantle. Also shown are the crustal thickness results
compiled from several earlier papers. These also suggest that the low-velocity zone is a part of the lower crust.

crust that displays a low-velocity zone and from crust that
does not display such a low-velocity zone shows that the
total crustal thickness in these differing cases is very similar,
and from this we infer that that low-velocity zone at ESP 5
occurs within the crust, not underplate an otherwise normal
section. This observation is further strengthened when we
include N Atlantic crustal thickness results from several
other studies.

Given the above observations we conclude that
serpentinization of the upper mantle is not an important
process in determining crust and upper mantle velocity
structure along the transect of the western N Atlantic that
we have studied, although local serpentinization due to
fracture zone tectonics cannot be excluded.

Other conclusions that result from our study are that the
crust/mantle transition at ESPs 5, 2 and 4 is not a sharp
boundary, but a zone (1-2 km thick) consisting of a velocity
gradient, bounded by velocity discontinuities both above
and below it, and that in most of the lower crust Q. is equal
to Q,. The latter is in contrast with a variety of studies that
have concluded that Q; is approximately one-half of Q,,.
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