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The Arctic Mediterranean Sea is located north of the Greenland-Scotland Ridge and
allows warm water from lower latitudes to penetrate beyond the Polar Circle. The
northward flowing water is cooled in the Norwegian Sea and its density increases. In
the Arctic Ocean the high river runoff and the net precipitation lead to a density
decrease in the surface layers and heat loss at the sea surface results in the formation
and maintenance of a permanent sea-ice cover. Brine ejected by freezing creates dense
waters on the Arctic Ocean shelves, which sink as convecting boundary plumes into the
deeper layers. In the Eurasian Basin the water column primarily reflects the interaction
between the two inflows from the Norwegian Sea: through Fram Strait and over the
Barents and Kara Sea and their different transformation histories. In the Canadian
Basin the water transformations are dominated by the boundary convection, which
makes the Canadian Basin water column different from that of the Eurasian Basin
already at levels shallower than the now known sill depth of the Lomonosov Ridge. In
the Greenland Sea deep-reaching, open-ocean convection occurs, partly rehomo-
genising the water column. The waters entering the Arctic Mediterranean are thus
transformed partly into a low salinity, cold upper layer, partly into cold, dense deep
waters which all re-cross the Greenland-Scotland Ridge. The dense waters sink into
the deep North Atlantic to supply the North Atlantic Deep Water. A reduction of the
deep convection in the Greenland Sea has recently been inferred and the Greenland
Sea deep water renewal presently occurs by advection of deep waters from the Arctic
Ocean. Observed changes in the temperature and salinity of the Greenland Sea Deep
Water are used to estimate the vertical diffusion coefficient in the deep layers and the
renewal time of the deep salinity maximum layer, which originates from deep water
outflow from the Eurasian Basin through Fram Strait. A weaker convection in the
Greenland Sea is found to influence primarily the deep water circulation internal to the
Arctic Mediterranean. The supply of dense overflow water from the upper layers in
the Greenland Sea and from the other sources is not expected to be reduced.
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Introduction

The part of the Atlantic north of the Greenland-
Scotland Ridge forms the Arctic Mediterranean Sea
(Fig. 1). It comprises the Nordic Seas; the Greenland
Sea, the Iceland Sea and the Norwegian Sea, and the
Arctic Ocean. The Arctic Ocean is by far the largest
component, consisting of two major basins, the Eurasian
and the Canadian Basin, separated by the Lomonosov
Ridge, and of shallow shelf seas: the Barents, Kara,
Laptev, East Siberian, and Chukchi Sea, making up one
third of its area. The Arctic Mediterranean communi-
cates primarily with the North Atlantic over the
Greenland-Scotland Ridge. A second outflow to the
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North Atlantic occurs through the Canadian Arctic
Archipelago into Baffin Bay. An inflow takes place
through the Bering Strait, directly connecting the Pacific
to the North Atlantic.

The Arctic Mediterranean, like the Mediterranean,
transforms and exports Atlantic Water of lower density
entering from the adjacent ocean into high density
intermediate and deep waters. However, because of the
high precipitation it also, like enclosed seas such as the
Baltic and the Black Sea, forms and exports surface
water of lower salinity and density.

We shall examine the deep and bottom water renewal
of the Greenland Sea and put it into the context of the
Arctic Ocean—Nordic Seas thermohaline system and also
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Figure 1. Map of the Arctic Mediterranean: (a) numbers indicate the most prominent features of the bathymetry and the
circulation. (1) Lomonosov Ridge, (2) Canadian Basin, (3) Eurasian Basin, (4) Amundsen Basin, (5) Gakkel Ridge, (6) St Anna
Trough, (7) Norwegian Atlantic Current, (8) West Spitsbergen Current, (9) Beaufort Gyre, (10) Transpolar Drift, (11) East
Greenland Current — the known surface circulation is also depicted. Full arrows: waters of Atlantic/Pacific origin. Broken arrows:

waters of Arctic origin. Continued on following page.

try to evaluate the importance of the Greenland Sea
deep convection for the formation of North Atlantic
Deep Water. In this section we summarise the main
features of the Arctic Mediterranean using freely the
information and insights available in recent reviews
(Coachman and Aagaard, 1974; Aagaard et al., 1985;
Aagaard and Carmack, 1989; Carmack, 1990; Aagaard
and Carmack, 1994; Rudels, 1995).

The poleward extension of the North Atlantic allows
warm and saline Atlantic water to flow northward along
the Norwegian slope and eventually enter the Arctic
Ocean. These warm waters transfer their heat to the
atmosphere resulting in a warmer climate in north-
western Europe than at corresponding latitudes else-

where. As the water column cools the upper mixed layer
becomes deeper and denser.

The atmospheric circulation delivers a considerable
excess of fresh water to this region through direct net
precipitation and through a large river runoff. This input
of fresh water counteracts the effects of cooling and the
poleward density increase of the surface water is
retarded and finally changes into a density decrease. A
shallow, low density surface layer is formed. The pres-
ence of this layer inhibits the upward transfer of heat
from the deep ocean to the atmosphere. The limited
amount of sensible heat stored in the surface layer is lost
by cooling and its temperature falls to freezing. Fresh
water is then removed from the mixed layer as ice forms
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Figure 1. (b) Indicates the positions of the discussed stations and sections.

and its salinity (and density) now increases rapidly.
The ice cover, however, insulates the ocean and reduces
the heat loss and thereby lowers the ice formation
rate. The density increase of the mixed layer slows
down.

When the fresh water fraction in the surface layer is
large, as is the case in the Arctic Ocean, the oceanic
heat flux is greatly suppressed and a permanent ice
cover is maintained. The fresh water fraction in the
Greenland Sea surface layer is much smaller, and the
stability at its base is small because of brine ejection in
winter and thus entrainment and heat flux from the
layers below become important. The density of the
mixed layer then increases not only by brine ejection
but also by the incorporation of denser water from
below, while the entrained heat limits the growth of
the ice cover. The heat loss to the atmosphere remains

large. Deep convection and the formation of dense
water masses may then result.

The broad, shallow shelves of the Arctic Ocean are
also potential sources for dense water. The shelves are
ice free in summer and the thinner ice cover in winter
enhances ice production and brine ejection. The saline
water accumulates at the bottom, increasing the density
of the shelf bottom water. In areas where the ice is
persistently removed, e.g. in polynyas in the lee of
islands, the ice production remains large and the bottom
waters attain high densities. When the shelf bottom
water reaches the shelf break, it sinks down the conti-
nental slope to renew the deeper layers

The waters of the Arctic Mediterranean are consid-
ered to be ultimately derived from two sources, Atlantic
Water crossing the Greenland—Scotland Ridge and fresh
water added through net precipitation and river runoff.
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Figure 2. ®-S curves for two stations: P25 81°08'N 105°31'E,
P31: 80°47'N 103°26’E. Taken by FS Polarstern in 1995 north
of the Laptev Sea (ARKXI/1), showing the two inflow
branches. The isopycnals shown in the diagram are ¢,=27.7,
60=27.97, 6,5=30.444, 5,=35.142, 55=39.738.

The inflow through the Bering Strait and the outflow
through the Canadian Arctic archipelago are of similar
magnitude and are assumed to compensate each other.
They are therefore neglected in this description. In the
following section the Atlantic Water is followed from its
northward crossing of the Greenland—Scotland Ridge
along its route around the Nordic Seas and the Arctic
Ocean and its splittings, mergings and transformations
are discussed. In the Arctic Ocean the causes of the
different water mass characteristics in the Eurasian and
the Canadian basins are examined. In the Greenland Sea
the influences of a low salinity surface layer and sea-ice
on deep convection are considered. The strength of
turbulent mechanical mixing in the deep interior and the
rate of the advective replacement of the deeper layers in
the absence of deep convection are assessed. In the
final section recently observed changes in the Arctic
Mediterranean are discussed and their possible impli-
cations for the climate and the global thermohaline
circulation are considered.

The data used are, except those from one station of
the Hudson 1982 expedition, obtained from cruises
where at least one of us has participated actively. Most
of the observations have been published and discussed
earlier. One notable exception is the Polarstern
ARKXI/1 cruise in 1995 to the Laptev Sea (Fig. 2).

The Atlantic inflow

Atlantic Water crosses the Greenland-Scotland Ridge
and flows northward along Norway as the Norwegian
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Atlantic Current. The inflow is estimated to 5-8 Sv
(Worthington, 1970; McCartney and Talley, 1984), and
the strong heat loss in the Norwegian Sea leads to winter
convection down to 600-800 m. When the current
reaches the latitude of the Bear Island Channel it splits.
One part enters, together with the Norwegian Coastal
Current, the Barents Sea while the rest continues as the
West Spitsbergen Current toward Fram Strait. Here the
current again splits. The smaller part, about 1 Sv
(1 x10° m* s~ ') (Rudels, 1987; Bourke et al., 1988)
enters the Arctic Ocean while the rest recirculates in
several branches toward the west (Quadfasel and
Meincke, 1987; Quadfasel ez al., 1987; Rudels, 1987).

North of Svalbard the Atlantic Water encounters and
melts sea-ice and a low salinity surface layer is formed
(Untersteiner, 1988; Steele et al., 1995). In winter, freez-
ing and haline convection transform this surface water
into a more than 100 m deep mixed layer (Rudels et al.,
1996). The lower part of the mixed layer appears to
follow the Atlantic Water as it flows as a boundary
current eastward along the continental slope. Heat is
transferred upward into the lower part of the surface
layer by turbulent mixing and by double-diffusive con-
vection. This heat is lost to the atmosphere in winter as
the summer ice melt is replaced by freezing and the
mixed layer is again homogenised down to the Atlantic
Layer. The Atlantic Layer itself is largely decoupled
from the atmosphere and its main transformations occur
through interactions with plumes of dense water origi-
nating from the Barents Sea shelf, which sink into and
cool the Atlantic Layer (Rudels, 1986; Schauer et al.,
1997).

The inflow to the Barents Sea is estimated to 2-3 Sv
(Rudels, 1987; Blindheim, 1989). It is subject to stronger
interactions with the atmosphere and its density range
increases. The entire water column is cooled but the
upper part becomes less saline and less dense due to
mixing with water from the Norwegian Coastal Current,
by net precipitation and by ice melt. The lower part
becomes denser and occasionally also more saline by
cooling and by the incorporation of brine-enriched
water formed over shallower areas of the Barents Sea
(Nansen, 1906; Midttun, 1985; Quadfasel et al., 1992).
The main outflow, about 2 Sv, passes between Franz
Josef Land and Novaya Zemlya (Loeng et al., 1993) and
sinks down the St Anna Trough into the Arctic Ocean.
The two inflow branches meet and partly remerge north
of the Kara Sea and continue eastward (Rudels et al.,
1994; Schauer et al., 1997).

Water transformations and circulation in the
Arctic Ocean

Further to the east, beyond the Kara Sea, the large river
runoff leads to an input of low salinity shelf water to the
central basins above the water previously homogenised



The Arctic Ocean—Nordic Seas thermohaline system

3.00 vy
/ /
L / //

/
/
/ /
7/ 012/ —30.444
[ 018 /
026 / Pz

35.142

e 27.970

0.50 — Y,
: / _~39.738
e
- 018 /
s
L /0
/" #: 10bar
L ®: 50 bar
O : 100 bar
| *: 200 bar
—2.00 | 1 | | ! !
34.60 34.85 35.10

Figure 3. ®-S curves for three stations taken by IB Oden in
1991. O12: 86°36'N 055°16'E over the Nansen—Gakkel Ridge,
018: 88°11'N 098°47'E in the Amundsen Basin and 026:
88°01'N 163°21'E in the Makarov Basin. Note the cold inter-
mediate layer in the Amundsen Basin and the warmer, more
saline deep and bottom water of the Makarov Basin. The same
isopycnals are shown as in Figure 2.

by winter convection. The smaller convection depth
resulting from the lower surface salinity creates a
shallow Polar Mixed Layer and a halocline between the
Polar Mixed Layer and the Atlantic Layer (Rudels et al.,
1996), which only can be replenished by injections of
denser brine-enriched water from the shelves (Aagaard
et al., 1981).

The circulation of the Polar Mixed Layer in the
Canadian Basin is anticyclonic and dominated by the
wind-driven Beaufort Gyre. The Transpolar Drift moves
ice and low salinity water from the gyre across the
Lomonosov Ridge toward the Fram Strait. The Siberian
Branch of the drift flows north from the Laptev Sea but
then veers toward Fram Strait.

The processes transforming the deeper layers of the
Arctic Ocean can be deduced by examining profiles of
potential temperature ® and salinity S and ®-S curves
from different parts of the Arctic Ocean. They also
give some hints about the circulation pattern. The two
stations shown in Figure 2 were taken by FS Polarstern
in 1995 north of the Laptev Sea: for station positions see
Figure 1(b). The one closest to the continental slope
reveals the cold, low salinity water of the Barents Sea
branch, while the other station located further into the
basin is dominated by the warmer, more saline Fram
Strait branch.

In Figure 3 three profiles from a section occupied by
IB Oden in 1991 are shown, one from the Makarov
Basin, one from the Amundsen Basin and one from
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above the Nansen—-Gakkel Ridge. The temperature
maximum is lowest in the Makarov Basin and highest
over the Nansen—Gakkel Ridge. All curves display
inversions. The strongest are found in the Atlantic Layer
but they are also seen in the intermediate layers. The
inversions suggest that the Atlantic core has interacted
with shelf water at the continental slope and their
presence over the Nansen—Gakkel Ridge and in the
Amundsen Basin is an indication that the Atlantic core
here is returning toward the Fram Strait (Quadfasel
et al, 1993). The same conclusion was reached by
Anderson et al. (1994) and Rudels et al. (1994), who also
noticed that the layers below the Atlantic core were
colder in the Amundsen Basin than in the Makarov
Basin and over the Nansen—Gakkel Ridge. They pro-
posed that the cooling and the inversions observed in the
Eurasian Basin were due to the merging of the two
Atlantic inflows, which then would mainly be recirculat-
ing in the Eurasian Basin. The Fram Strait branch
would dominate over the Nansen—Gakkel Ridge and
the Barents Sea branch in the Amundsen Basin.
The Canadian Basin would, above 1700 m, be sup-
plied mainly by the boundary current crossing the
Lomonosov Ridge north of Siberia carrying mostly
waters of the Barents Sea branch.

The fact that the Makarov Basin water column is
warmer and more saline than the Eurasian Basin water
column below the Atlantic Layer indicates, since no
other heat source is available for the Canadian Basin,
that dense waters from the shelves partly sink into and
cool, partly pass through the Atlantic Layer entraining
warmer Atlantic Water. When the plumes then enter the
water column at their terminal density levels they have
redistributed Atlantic Water downward increasing the
temperature of the deeper layers. The higher salinity is
caused by the higher shelf salinities required for the
slope convection to reach the deepest levels (Rudels
et al., 1994; Jones et al., 1995).

When the slope convection is below the temperature
maximum it no longer cools but heats the water column.
This change appears to occur at about 1300 m, as is seen
if we compare the water columns from the Amundsen
and Makarov Basins. This is close to the value often
given for the sill depth of the Lomonosov Ridge (e.g.
Carmack, 1990), which was actually deduced from the
differences in temperature between the two basins
(Worthington, 1953). These considerations then suggest
that the layer between 1300 and 1700 m has higher
temperature than the corresponding layer in the
Amundsen Basin not because, as has earlier been
believed, the colder Amundsen Basin water cannot cross
the Lomonosov Ridge but because the water of the
boundary current entering the Canadian Basin at these
levels is heated by the slope convection.

The Makarov Basin water column has between 2300
and 3200 m (Fig. 3) an isohaline layer with temperature
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Figure 4. ®-S curves for three stations: O40: 85°18'N 014°09'W,
046: 84°36'N 014°12'W, 048: 83°59'N 000°16'W. Taken by IB
Oden in 1991 between the Morris Jesup Plateau and the
Nansen—Gakkel Ridge. The differences in temperature and
salinity reflect the different history of the outflowing waters.
The same isopycnals are shown as in Figure 2.

slowly decreasing with depth above the 800 m deep
isothermal and isohaline bottom layer. Such a tempera-
ture decrease cannot be generated by slope convection
because of the entrainment of warmer intermediate
water into the sinking plumes but could be caused by a
spillover of colder Amundsen Basin water through
deeper gaps in the central part of the Lomonosov Ridge
(Jones et al., 1995). By contrast the bottom water of the
Eurasian Basin has almost constant temperature but the
salinity increases with depth suggesting that the deepest
levels here are predominantly influenced by brine-
enriched water either from the shelves or from the
St Anna Trough inflow.

The intermediate depth and deep waters of the
Canadian Basin recross the Lomonosov Ridge mainly as
a boundary current north of Greenland and they con-
verge north of the Fram Strait with the waters returning
along the Amundsen Basin and the Nansen—Gakkel
Ridge. The characteristics of the Arctic Ocean water
column as it is about to exit through Fram Strait are
seen in Figure 4 where again the ®-S curves from three
stations taken at the Morris Jesup Plateau (O 40), in the
Amundsen Basin (O 46) and over the Nansen—Gakkel
Ridge (O 48) are shown. The deep water from the
Canadian Basin is seen as a salinity maximum at 1800 m
(O 46). This maximum is also observed further to the
east in the Amundsen Basin (Fig. 3, stn. O 18). The
different sources of the Atlantic, intermediate, and deep
waters give large ranges of temperature and salinity,

J. Meincke et al.

especially for the Atlantic Layer, where the temperature
extends from close to 0 in the thermocline to above
1.5°C for the maximum above the Nansen—Gakkel
Ridge. The salinity of the Atlantic Layer ranges from
below 34.7 in the thermocline to a weak maximum of
above 34.9 again found above the Nansen—Gakkel
Ridge (O 48), where, in contrast to the other stations,
strong interleaving can still be seen.

In the Fram Strait the Arctic Ocean outflow in the
East Greenland Current encounters the recirculating
waters of the West Spitsbergen Current. The tempera-
ture of the Atlantic Layer of the East Greenland Current
then increases while the salinity and temperature of the
layers below are reduced. These changes are clearly seen
on the potential temperature and salinity sections. In
Figure 5 the Oden section between the Morris Jesup
Plateau and Svalbard is shown together with Polarstern
sections in the Fram Strait along 79°N and across the
Greenland Sea along 75°N.

Above the Greenland continental slope the tempera-
ture and salinity of the Atlantic Water increase
between the northern section and the Fram Strait (Fig.
S5a, b) because of the recirculating West Spitsbergen
Current. At 75°N the temperature maximum at the
slope is less than 1.5°C, and the high temperatures and
salinites of the recirculating Atlantic Water have
largely been removed, either by cooling from above or
by isopycnal mixing with waters from the central
Greenland Sea (Strass et al., 1993). A further possi-
bility is that a part of the Atlantic Water has been
deflected by the Hovgaard Fracture Zone eastward
into the Boreas Basin north of the Greenland Sea. The
high salinity characteristics of the Arctic Ocean deep
waters are prominent at the deeper part of the
Greenland continental slope, in the Fram Strait (Fig.
5b) as well as in the Greenland Sea (Fig. 5c). This has
been noticed earlier (Rudels, 1986; Aagaard et al,
1991; Buch et al., 1992, 1996).

Convective and advective contributions to the
Greenland Sea water column

The characteristics of the Greenland Sea water column
are best appreciated by comparing them with those of
the Arctic Ocean. Figure 6 shows one ®-S curve from
the Arctic Ocean outflow and two ®-S curves from the
Greenland Sea, one from the Greenland slope, the other
from the central gyre. The impression from the sections
shown in Figure 5 are reinforced. The waters on the
continental slope have distinct Arctic Ocean character-
istics. The stable ®-S slope of the upper Polar Deep
Water, uPDW, (Rudels et al, 1994), the intermediate
salinity maximum originating from the Canadian Basin
outflow, CBDW, and the deep salinity maximum deriv-
ing from the Eurasian Basin, EBDW, are identified. The
upper 800-1000 m in the central part of the Greenland
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Figure 5. Three potential temperature and salinity sections across the Arctic Ocean outflow. (a) Between Morris Jesup Plateau and
Svalbard occupied by IB Oden in 1991 (from Anderson et al., 1994). Continued on following pages.

Sea is occupied by cold, locally formed, Arctic
Intermediate Water, AIW. Below the AIW a tempera-
ture maximum and a deep salinity maximum allows us
to recognise the presence of the denser Arctic Ocean
deep waters (CBDW and EBDW) also in the central part
of the Greenland Sea basin.

The flow of Arctic Ocean deep waters in the East
Greenland Current bifurcates at the Jan Mayen Frac-
ture Zone (Aagaard et al., 1991). Part of the boundary
current crosses the ridge (Buch ez al., 1992, 1996) while
the rest turns eastward as is seen on the north—south
section shown in Figure 7. The salinity maximum at
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Figure 5. (b) Along 79°N in Fram Strait occupied by FS Polarstern in 1993 (ARK IX/1).

the southern rim extends from 1000 to 2000 m and upper 800 to 1000 m are in the central part of the
indicates that both CBDW and EBDW take part in Greenland Sea occupied by cold, locally formed AIW.
the eastward circulation along the southern rim. The Below this layer a temperature maximum and a deep
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Figure 5. (c) Along 75°N across the Greenland Sea occupied by FS Polarstern in 1993 (ARK IX/1).

salinity maximum indicate the presence of the denser
Arctic Ocean deep waters (CBDW and EBDW) also in
the central part of the Greenland Sea basin. The Arctic
Ocean deep waters thus appear to move around the
Greenland Sea gyre while they gradually penetrate

towards its centre (Rudels er al, 1993; Meincke and
Rudels, 1996).

A decrease in the deep convection activity in the
Greenland Sea has recently been observed (GSP-Group,
1990; Rhein, 1991; Schlosser et al., 1991). Convection
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Figure 6. ®-S curves for three stations: O47: 84°13'N 002°30'W,
taken in the outflow area north of Fram Strait by IB Oden in
1991. V23: 73°00'N 011°42'W on the Greenland Slope and V13:
74°00'N 006°30'W in the central Greenland Sea gyre. Taken by
FS Valdivia in 1993. Note the similar density of the deep
salinity maximum in the Greenland Sea and the Eurasian Basin
Deep Water and the similar density of the upper salinity
maximum of the Canadian Basin Deep Water and the tem-
perature maximum in the central Greenland Sea. The same
isopycnals are shown as in Figure 2.

has been limited to about 1000 m and AIW has been
formed but the Greenland Sea Deep Water, GSDW, has
not been ventilated by local convection. This change can
be seen in Figure 8 which shows the ®-S curves from the
central Greenland Sea from 1982 and 1993. In 1982
the temperature maximum was much colder, indicating
that the upper salinity maximum of the CBDW, if it
penetrated into the central gyre at all, was transformed
into GSDW. In more recent winters the convection has
been shallower and the presence of the CBDW has
become more prominent.

By GSDW we understand here the water mass found
below the inflexion point (in a ®-S diagram) in the
thermocline between the temperature minimum of the
AIW and the temperature maximum of the CBDW. It
comprises three different water masses: the CBDW, the
EBDW and the input from local convection. Its ®-S
characteristics are not constant but vary depending
upon which source is the most prominent one.

By GSBW we shall understand the part of GSDW
which cannot be renewed by advection from the Arctic
Ocean but only by local convection. In the absence
of convection it will be diluted and slowly removed
by turbulent mixing. In essence the GSBW is the part
of the water column below the deep salinity maxi-
mum related to the EBDW. If the deep maximum
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Figure 7. North-south potential temperature and salinity sec-
tions across the central Greenland Sea from stations occupied
by FS Valdivia in 1993 (Valdivia cruise 136) showing the
presence of Arctic Ocean waters on the southern rim of the
Greenland Sea.

reaches the bottom we consider the GSDW to be
absent.

The invasion of Arctic Ocean deep waters into the
Greenland Sea is likely to be related to the present day
weak convection (Meincke et al., 1992). A higher con-
vection activity would increase the density of the central
gyre and obstruct the penetration of the Arctic Ocean
deep waters towards the centre. When they do reach the
central parts it will be at shallower levels as is seen from
the location of the deep salinity maximum in 1982 and
1993 (Fig. 10b).

What are the reasons for this weaker convective
activity and are there optimal conditions for deep con-
vection and deep water renewal in the Greenland Sea?
One obvious cause would be that a temperature increase
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Figure 8. ®-S curves for stations from the central Greenland
Sea gyre. H58: 75°02'N 005°11'W taken by RV Hudson in 1982
(Clarke et al., 1984) and V8: 74°00'N 004°20'W, taken by FS
Valdivia in 1993 (Cruise 136) showing the increase in salinity
and temperature of the Greenland Sea Deep Water. The
isopycnals o, s=30.45, 6,=35.15, 6;=39.75 are shown.

has occurred, either locally over the Greenland Sea or
regionally in the Arctic, leading to smaller ice formation
and more fresh water in the surface layer, or in the
North Atlantic bringing warmer Atlantic Water into the
Arctic Mediterranean.

Our concern here is not the history of the local and
regional climate but rather which ®-S characteristics of
the Greenland Sea water column are most favourable
for deep convection and dense water formation. Essen-
tially two possibilities exist (Aagaard and Carmack,
1989). One requires that the upper waters are dominated
by saline Atlantic Water and that the freshwater content
in the mixed layer is small. This leads to a short period
of ice formation and a thermal convection regime is
quickly established, bringing already saline water into
the deep. The second view suggests that ice formation
leads to a more rapid increase in density in the upper
layer and provided that the created ice does not become
too thick a high heat loss will persist and large densities
are reached in the surface mixed layer by brine ejection,
permitting it to sink into the deep by haline convection.
For reviews of ocean deep convection we refer to
Carmack (1986), Killworth (1983), and Rudels (1993).

Convection occurs on small scales and its detailed
description involves non-linear dynamics and the effects
arising from the non-linear equation of state for sea
water (Jones and Marshall, 1993; Garwood et al., 1994;
Backhaus, 1995). Moreover, the presence of sea-ice
greatly complicates the behaviour of even the simplest
energy balance mixed layer model and much depends
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upon how the interactions between heat loss to the
atmosphere and entrained heat from below and between
freezing and ice melt are prescribed (Lemke, 1987;
Houssais, 1988; Houssais and Hibler, 1993; Walin, 1993;
Visbeck et al., 1995).

Lemke (1987) and Houssais and Hibler (1993) assume
that all heat entrained from below first goes to ice melt.
After this the surface heat balance with the atmosphere
is closed by renewed ice formation. In a two-layer
one-dimensional energy balance model (Niiler and
Kraus, 1977) this, as well as any assumption that
decouples the ice melt from the freshwater content in the
mixed layer, would lead to the removal of the density
step below the mixed layer while sea-ice is still present,
and to the convection of the mixed layer into the deep.

Walin (1993) and Visbeck er al. (1995) consider the
net ice melt (or freezing) resulting from a balance
between entrained heat and heat loss to the atmosphere.
This relates the buoyancy flux caused by the ice melt
directly to the freshwater content in the mixed layer. The
stability at the base of the mixed layer will then not go to
zero before all the ice has melted. When the ice is gone a
deep thermal convection is established.

If convection out of the mixed layer occurs when ice is
still present we would expect the reformation of a low
salinity mixed layer after the convection event as the
warmer deep waters are brought close to the sea surface
and the ice. This appears to have taken place in the
winter 1987-1988. One station in the central Greenland
Sea showed an almost homogenous cold and low salinity
1250 m deep water column capped by a low salinity
colder surface layer (Rudels et al., 1989 and Fig. 9a). By
contrast the three successive temperature and salinity
profiles obtained from the same position in the winter
1988-1989 and shown in Figure 9(b) (GSP-Group, 1990)
do not have such a low salinity surface layer and they
suggest deep, homogenising thermal convection.

Roach et al. (1993) and Visbeck et al. (1995) describe
the evolution of the mixed layer and the ice cover in the
period before these stations were taken. From their
observations it appears that some ice was left when the
convection started and that the ice melted when warmer
water was brought to the surface from below. Two
events with colder water passing downwards were
recorded before a gradual deepening and cooling of the
mixed layer was established. This would support a
picture where first an event of haline convection occurs
emptying the mixed layer and bringing the underlying
water to the surface. The subsequent ice melt creates a
low salinity surface layer with temperature above freez-
ing and a weak stability at its base. Entrainment will
cause the ice to melt before the freezing point is reached
again and with further cooling the mixed layer becomes
unstable and a second, cold thermal convection event
occurs before the gradually deepening thick mixed layer
seen in Figure 9(b) is established. However, the evidence
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Figure 9. Temperature and salinity profiles from the central
Greenland Sea. (a) Two neighbouring stations from February
1988 taken on the RV Valdivia cruise 67. On the colder, less
saline station the low salinity surface mixed layer suggest a
previous haline convection down to 1200 m (also shown by
Rudels et al, 1989). (b) Three successive stations taken in
winter 1989 on the Valdivia cruise 78. No low salinity surface
layer is observed and the deepening is primarily due to thermal
convection down to 2000 m (also shown by the GSP-Group,
1990).
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for such a scenario is not conclusive. Roach ez al. (1993)
favour an initial convection out of the mixed layer and a
subsequent ice melt while the mixed layer model applied
by Visbeck et al (1995) gives, with a prescribed ice
export, the removal of the ice before the deep convection
begins.

The latest observed and reported deep convection
events have been limited to 2000 m and have then, if not
earlier, entered the thermal convection stage (GSP-
Group, 1990). In the winter of 1994 no ice was formed in
the central Greenland Sea and the pure thermal convec-
tion only reached 600 m (D. Quadfasel, pers. comm.).
Thermal convection might then not be capable, in spite
of the high heat loss taking place through the open
ocean surface, to create densities high enough to renew
the bottom water. If, by contrast, the convection
remains longer in its haline phase, several cold, haline
convection events could occur. Higher densities could
then be reached and injections of cold water into the
underlying water column would take place. Such a
situation is favoured if the intermediate waters are cold
and only a small amount of warm Atlantic Water is
present in the central gyre, and the freshwater content in
the mixed layer is high enough to maintain the ice cover
over a longer period. The support for such a mechanism
is, however, at best a combination of negations — no
deep, haline convection has been observed and no
renewal of the bottom water has occurred.

When really deep convection is active the water mass
below the deep salinity maximum is renewed and the
salinity maximum is observed high in the water column.
As the convection becomes weaker the salinity maxi-
mum is displaced downward (Fig. 10b). This could
partly be due to an outflow of the deeper layers but it
also implies that the doming of the isopycnals in the
central Greenland Sea gyre weakens when the deep
convection ceases. The doming of the density surfaces of
the Greenland Sea would then not only be a wind-driven
phenomena (Helland-Hansen and Nansen, 1909) but
also influenced by the convection. During deep convec-
tion periods some of the denser GSDW was found to
exit through the rift north of Jan Mayen (Selen, 1986).
In recent years the outflow through this gap has been
replaced by a weak inflow from the Norwegian Sea
(S. Osterhus, pers. comm.).

Estimates of vertical diffusion and deep water
renewal

The absence of deep convection in the Greenland Sea
has led to a decrease in density but an increase in salinity
of the bottom water, while the density of the salinity
maximum has remained the same in spite of an increase
in salinity. This implies that the salinity maximum is
advectively renewed by the Arctic Ocean deep outflow
while the layer below is tranformed only by turbulent
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vertical diffusion. This should make it possible to esti-
mate a turbulent vertical diffusion coefficient for the
deepest layer. The estimates below are, as should be
obvious from the crude assumptions made, very
approximate and are to be considered as exploratory.

The salinity of the salinity maximum has increased
from 34.896 to 34.905 and it has been displaced down-
ward from 1600 to 2400 m between 1982 and 1993.
During the same period the salinity of the GSBW, the
layer with constant salinity below the salinity gradient,
has risen from 34.892 to 34.900 and its height decreased
from 1000 to 400 m. The thickness of the salinity gradi-
ent layer below the salinity maximum has changed from
1000 to 800 m (Fig. 10b). The mean vertical salinity
gradient between the bottom water and the salinity
maximum is then estimated to 3S/0z=4.4-10"°m™".
Taking the mean thickness H of the GSBW to be 700 m
between 1982 and 1993 the flux of salt into the bottom
layer in those years can be found from:

ASgH  4S

= 1
N, (1)

where AS;=0.007 is the change in salinity in the bottom
layer and t is 11 years. This leads to

K,~3.7-107°m?>s ! )

This value is very high compared to the 10 ~*m?s ™!
obtained by Munk (1966) and is especially high in
comparison with ¥, =107 ° m? s~ ! found by Ledwell
et al. (1993) in the thermocline of the subtropical
Atlantic. However, the Greenland Sea is weakly strati-
fied, quite small and is subject to a large energy input at
the surface from wind and convection, which might
radiate into the deep and enhance the mixing. Moreover,
the currents may interact with the bathymetry, dissipate
and generate boundary mixing.

As a control we also derive, in a similar manner, the
turbulent diffusion coefficient for heat which should be
the same. The temperature difference between the sal-
inity maximum layer and the Greenland Sea Bottom
Water was 0.12°C in 1982 and 0.08°C in 1993 giving an
average of 0.10°C. Using the same thickness for the
gradient and bottom layers as above and the observed
increase of ATz=0.103°C in the bottom water we get
k,=2.1-1073 m? s~ ', a little more than half but
reasonably close to the value obtained for the salt
diffusion.

A further possibility to increase the mixing would be
by double-diffusive convection. Carmack and Aagaard
(1973) and McDougall (1983) have invoked the double-
diffusive transfer across diffusive interfaces as a mechan-
ism for the formation of GSDW. The cooling of the
surface layer in winter keeps the stability ratio small and
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a constant ratio of the upward heat and salt fluxes can
be assumed. The density increase associated with the
heat loss is larger than the density decrease due to the
corresponding salt flux. Atlantic Water, which pen-
etrates toward the centre of the gyre, then becomes
denser. It was supposed to have attained the density of
the GSDW when it reaches the centre and would then
convect into the deep.

Here we are concerned with processes occurring below
the salinity maximum and the only possible double-
diffusive transfer would be saltfinger transports from the
salinity maximum to the bottom layer. However this
cannot be the dominating mechanism since double-
diffusive convection transports density downward. The
density of the bottom layer should then increase, not
decrease, as is observed. Saltfinger fluxes could, how-
ever, add to the turbulent fluxes of salt and heat in such
a manner that the estimate of the turbulent diffusivity
coefficient for salt becomes larger than that for heat.
Such a difference was found in the estimate above but we
believe that this difference is rather due to the sparse
data and to the crude model than an effect of saltfinger
fluxes.

For the 1982 Hudson data we have used the CTD
values given in the Data Report (Clarke et al., 1984).
These values were later subject to a revision upwards
(Aagaard et al, 1991). However, the Meteor obser-
vations from the same year indicate that the GSBW is
less saline than 34.890 (Koltermann and Luthje, 1989),
lower than what was observed at the Hudson cruise
(Clarke et al., 1984). Swift and Koltermann (1988) give,
using the same data, the GSBW salinity as 34.8925.
Because of these low values we have used the un-
corrected Hudson Data report.

Changes in the deep salinity maximum layer in
the Greenland Sea

Not just the deepest waters of the Greenland Sea have
changed over the last 15 years: the waters in the deep
salinity maximum layer have become more saline. While
the salinity in this layer along the western boundary has
increased from 34.910 (Meteor) in 1982 to 34.912
(Polarstern) in 1993, the increase in the centre of the gyre
has been from 34.895 (Hudson) in 1982 to 34.904
(Valdivia) in 1993. Since convection does not appear to
have reached deeper than 2000 m in the last 15
years these changes can only arise through horizontal
advection and vertical diffusion.

If the water at the Greenland continental slope is
renewed by the outflow from the Arctic Ocean its
salinity should remain fairly constant. The Meteor
stations from 1982 give a salinity at the rim of about
34.910. However, the Meteor data set gives lower salini-
ties for the GSBW compared to the Hudson data set and
may be low. The assumption of a constant salinity at the
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rim related to the outflow of EBDW should therefore be
justified. This implies that the salinity difference in the
salinity maximum layer between rim and centre of the
gyre would have been 0.017 in 1982. We therefore put
the mean salinity difference ASg to 0.013.

The change of salinity in the layer equals the diver-
gence of advective flux plus the divergence of vertical
flux. We approximate the Greenland Sea gyre to a
cylinder with the radius R of 150 km and put the
thickness D of the salinity maximum layer to 800 m. We
also assume that the inflow from the rim takes place
through one-quarter of the circumference and the out-
flow through one-quarter of the circumference at the
opposite side. The flow through the gyre can then be
likened with the flow through a tube (Fig. 9). The
expression for the salinity change AS,;=0.009 of the
salinity maximum layer then becomes:

DrR?ASy,

R oS
. UD%ASR—ZTCRZK — (3)

Yoz

The diffusion downward has already been estimated
and we assume that an upward diffusive flux of similar
magnitude occurs. This is a strong assumption. Even if
the diffusion coefficient obtained for the deep water can
be applied, the salinity of the overlaying water will
depend upon the salinity of the overlying water mass.
Since convection could reach down to 2000 m either low
salinity Arctic Intermediate Water created locally by
convection or more saline CBDW advected from the rim
could be present. This would affect the gradients and the
fluxes. We simply ignore this uncertainty.

By introducing the values for the salinity differences
proposed above and the derived value of the diffusion
coefficient we find that the generalised velocity through
the Greenland Sea gyre becomes u=0.15cm ~'. This
corresponds to an inflow of 0.3 Sv and the salinity
maximum layer within the central cylinder is replaced in
about 6 years.

The diffusion from above decreases and the diffusion
from below increases the density of the salinity maxi-
mum layer and a level where the density of the salinity
maximum layer is conserved must exist. This level has
been displaced downward in recent years, which must be
due, perhaps mainly, to the export of GSBW but also to
a weakening of the doming of the density surfaces and
the circulation of the Greenland Sea central gyre.

The reduction of the volume of the GSBW implies an
outflow of 0.2 Sv, which in the absence of an outflow
just north of Jan Mayen must pass across the Mohn
Ridge into the Norwegian Sea or northward into the
Boreas Basin. When the convection is absent, the GSBW
is not renewed but rather replaced by a corresponding
volume of the temperature maximum water of the
CBDW. The deep water of the central Greenland Sea
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would then be ventilated at a rate of 0.5 Sv regardless if
convection occurs or not.

Possible effects of recent observed changes in the
waters of the Arctic Mediterranean

Even if no deep convection has occurred recently in the
Greenland Sea the AIW can provide overflow water for
the Denmark Strait dense enough to resupply the North
Atlantic Deep Water. Moreover, in addition to the
known source of overflow water in the Iceland Sea
(Swift et al., 1980; Swift and Aagaard, 1981), there are
several upstream sources capable of producing suffi-
ciently dense water for the overflow like the Arctic
Ocean shelves and the Barents Sea inflow to the Arctic
Ocean. Also that part of the Atlantic Return Current,
which after its recirculation in Fram Strait interacts with
the AIW of the Greenland Sea (Strass et al., 1993) is as
dense as the main overflow water. A shutdown of the
Greenland Sea deep water production is thus primarily
of importance for the deep circulation internal to the
Arctic Mediterranean, where now the Arctic Ocean
sources appear to dominate (Rudels, 1995).

Will a reduction of the Greenland Sea deep water
formation have any influence on the inflow of Atlantic
Water to the Arctic Mediterranean? A lower convective
activity implies a smaller demand of Atlantic Water and
the northernmost part of the global thermohaline circu-
lation could then be weakened. However, after at least
10-15 years with reduced convective activity the
Greenland Sea surface water is warmer and more saline
than before and its seasonal ice cover is less developed.
The Atlantic Layer of the Arctic Ocean has also revealed
higher temperatures than have previously been recorded
(Quadfasel et al., 1991; Carmack et al., 1995).

High temperatures both in the Arctic Ocean and in
the upper layers in the Greenland Sea (D. Quadfasel,
pers. comm.) can only mean that either the Atlantic
inflow or its temperature (or both) has increased or that
the heat is no longer removed at the same rate as before.
None of these explanations suggest that the benevolent
oceanic influence on the climate of north-western
Europe should be disappearing.

A situation which could, hypothetically, also close the
formation of AIW would be a weakening of the Polar
Front. This could permit a massive flow of low salinity
Polar Surface Water into the central Greenland Sea
(Stigebrandt, 1985; Dickson et al., 1988; Aagaard and
Carmack, 1989) and would limit the convection to the
low salinity layer and create a low salinity surface layer
similar to that of the Arctic Ocean allowing for a
stronger ice formation. Clarke et al. (1990) believed this
to have happened in 1982 when the convection was
limited to the upper 200 m.

If such a situation were to persist the southern edge of
the Arctic Ocean ice cover would move into the
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Greenland Sea and the haline convection would, as in
the Arctic Ocean, be permanently limited to the upper
low salinity layer (Stigebrandt, 1985). The small ice
formation in the Greenland Sea in 1994 (D. Quadfasel,
pers. comm.) indicates that such a situation is not in the
process of being established as yet.
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