
Geophysical Journal International
Geophys. J. Int. (2012) 191, 207–223 doi: 10.1111/j.1365-246X.2012.05598.x

G
JI

S
ei

sm
ol

og
y

Evidence for remotely triggered microearthquakes during salt
cavern collapse

Philippe Jousset1,2 and Jérémy Rohmer1
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S U M M A R Y
Microseismicity is a good indicator of spatio-temporal evolution of physical properties of rocks
prior to catastrophic events like volcanic eruptions or landslides and may be triggered by a
number of causes including dynamic characteristics of processes in play or/and external forces.
We show evidence of triggered microseismicity observed in the vicinity of an underground salt
cavern prone to collapse by a remote M ∼ 7.2 earthquake, which occurred ∼12 000 km away.
High-dynamic range broad-band records reveal the strong time-correlation between a dramatic
change in the rate of local high-frequency microseismicity and the passage of low-frequency
seismic waves, including body, Love and Rayleigh surface waves. Pressure was lowered in
the cavern by pumping operations of brine out of the cavern. We demonstrate the near critical
state of the cavern before the collapse by means of 2-D axisymmetric elastic finite-element
simulations. On this basis, we show that the increment of stress necessary for the failure of
the Dolomite layer, which ensures the stability of the whole system, is of the same order
of magnitude as the maximum dynamic stress magnitude observed during the passage of the
earthquakes waves. This suggests that the stress oscillations due to the seismic waves correlated
with the recorded microearthquakes induced damage of the overburden, which eventually led
to the collapse of the salt cavern. We show that the contribution of Rayleigh waves is the
most efficient to trigger microseismicity at periods close to the natural fundamental frequency
of the cavern system found at about 10–20 s by investigating the impulse response of the
cavern + overburden + brine system.

Key words: Time series analysis; Earthquake dynamics; Broad-band seismometers; Earth-
quake interaction, forecasting and prediction; High strain deformation zone; Calderas.

1 I N T RO D U C T I O N

Correlated distant main shocks and triggering local seismicity activ-
ity have been observed and investigated in many contexts for over a
decade (Velasco et al. 2008). Large remote earthquakes at distances
ranging from several faults lengths to thousands of kilometres are
known to induce or modulate seismic activity at volcanoes (Walter
et al. 2009; Cannata et al. 2010), at geothermal systems (Ingebritsen
& Rojstaczer 1996; Manga & Brodsky 2006), to trigger earth-
quakes (Brodsky & Prejean 2005), non-volcanic tremor (Miyazawa
& Brosdky 2008), and slow slip event (Itaba & Ryosuke 2011).
In this work, we investigate relationships between stress changes
induced by seismic surface waves generated by the M ∼ 7.2
Kepulauan Talaud earthquake (Indonesia; Table 1) and the occur-
rence of microseismicity around an unstable cavern prone to col-
lapse. The cavern is located within the salt deposits of the Keuper
epoch (Late Triassic period around 200 Ma, Bourquin et al. 1997)
at the eastern edge of the Paris sedimentary basin, Lorraine, France
(salt mining concession of Cerville-Buissoncourt).

The cavern was created through an original mining technique
solution, known as ‘channel and drilling’ method (see Fig. 1). In
a first step (Fig. 1a), an ‘exploitation’ channel (conduit of ∼1 km
long and several meters thick) is created through dissolution of the
rock salt layer (∼80 m thick at ∼200 m depth) by water injection
through aligned exploitation wells (line denoted A and B in Fig. 2).
In a second step (Fig. 1b), brine is extracted at one end of the
line of exploitation wells and fresh water is injected at the other
end leading to the formation of a cavern progressively growing
and extending upwards. In early 2009, the brine-filled cavern has
reached critical dimensions in terms of mechanical instability (e.g.
Mercerat et al. 2010), and the mine operator decided to proceed to
the collapse of the cavern overburden. This was achieved through
pumping brine out of the cavern, which reduced the inner cavern
fluid pressure. Its stability was mainly ensured by the Beaumont
Dolomite (e.g. Nothnagel 2003; Mercerat et al. 2010), composed
of an un-fractured, stiff dolomite of Young’s modulus ∼79 GPa
and anhydrite layer of Young’s modulus ∼88 GPa (see Figs 1 and
2; Table 2). More than 12 500 m3 of brine had to be pumped to
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Table 1. GPS coordinates of the broad-band stations and of the M ∼ 7.2
Kepulauan Talaud earthquake.a

CE1 CE2 CE3 M ∼ 7.2
Earthquake

Latitude 48.675361◦ N 48.675527◦ N 48.6775◦ N 3.902◦ N
Longitude 6.32025◦ E 6.324583◦ E 6.318278◦ E 126.4◦ E
Elevation/depth 20 km
aSeismic waves hit the network with an azimuth of 324◦ (see Fig. 2).

break the Dolomite and destabilize the overburden up to the final
overburden surface collapse on 2009 February 13.

Mine monitoring uses mainly geophysical techniques (see ISRM
2008 for a review in the context of post-mining) including ground
deformation (see e.g., Raucoules et al. 2003 for an illustration of
both surface-based measurements and space-borne interferometry)
and seismic monitoring (Ford et al. 2008). Within the GISOS frame-
work (Scientific Grouping of Research Interest on the Impact and
Safety of Underground Works), real-time monitoring geophysical
multiparameter monitoring experiment (Daupley et al. 2010) of the
cavern behaviour has been undertaken from its stationary state in
fall 2004 to the surface collapse (Mercerat et al. 2010; Contrucci
et al. 2011, Lebert et al. 2011).

In this work, we deployed three high-dynamic range broad-band
seismometers from 2008 July to 2009 March, at less than 200 m
from the cavern (Fig. 2). Broad-band seismology has been used

at many sites including volcanoes (Neuberg et al. 1994; Surono
et al. 2012; Jolly et al. 2012), geothermal systems (Jousset et al.
2011), tectonic environments (Jousset & Douglas 2007) and, to our
knowledge for the first time, in a mining environment (Jousset et al.
2010). Advantages of broad-band seismology in mining environ-
ment are demonstrated in Section 2. We discuss criteria (Section
3) and possible mechanisms (Section 4) for remote triggering by
modelling the stress state evolution during the brine pumping and
by assessing the failure tendency of the Beaumont dolomite layer
using the Mohr-Coulomb failure criterion.

2 O B S E RVAT I O N S

2.1 Seismic network and experiment

Each of our three seismic stations (Table 1; Fig. 2) comprised a
Güralp CMG-40TD (60 s) broad-band seismometer, a GPS antenna
for synchronization between records at different stations, and a
battery and solar panel for power supply. Data was sampled at
100 Hz and continuously stored on a local disk through a Güralp
CMG-DCM data logger.

The pressure in the cavern was measured at the brine extraction
wells (see Fig. 1) by the brine level height (measured in metres with
reference being the general levelling of France, denoted NGF). On
2009 February 10 at ∼7:00 UTC, the pressure was lowered from

Figure 1. Schematic representation of two stages of the cavern mining. (a) Creation of the ∼1-km long and several metres thick exploitation channel through
dissolution of the rock salt using water injection via the aligned exploitation wells. (b) Creation of the cavern through fresh water injection at the southern tip
of the exploitation channel and brine extraction at the northern tip of the channel.
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Triggering of microseismicity at Cerville 209

Figure 2. (a) Areal view (Google Earth) of the Cerville-Buissoncourt site in 2004, with the broad-band stations CE1, CE2 and CE3 (triangles), the exploitation
wells (white rectangles) along two parallel N–S lines A and B, the cavern limits at the beginning of the experiment (thin dashed red line). The thick white dash
line A-B corresponds to the section shown in Fig. 2(c). The red arrow indicates the propagation direction of the waves from the M ∼ 7.2 earthquake that hit
the cavern. (b) Same view as in Fig. 1(a), after the collapse on 2009 February 13. The white arrow indicates North direction. (c) Schematic cross-section of the
salt cavern with 2009 dimensions before the collapse and a simplified geological structure with main lithological units (Table 2 for details). (d) Mesh of the
finite element model with geometric dimensions of the geological units used (Table 2).

Table 2. Physical properties of each layer.a

Layer Density Young’s Poisson’s
(kg m–3) modulus (GPa) ratio (−)

Overburden 2500 10 0.25
Anhydrite 2910 79 0.29
Dolomite 2890 88 0.27
Intercalated marls 2657 15 0.30
Salt 2150 30 0.28
Collapsed rocks 2000 15 0.20
Clay 2500 12 0.25
Limestone 2500 21 0.25
aBased on: Mercerat (2007). Sismicité induite et modélisation numérique
de l’endommagement dans un contexte salin. Thèse de doctorat
LAEGO/INERIS et IPG Paris. Nothnagel (2003). Modélisation des
instabilités en Mécanique des Roches : application à l’exploitation de la
concession de Drouville. Thèse de Doctorat, École des Mines de Paris.

200 m NGF (Nivellement General de la France; i.e. ∼2.32 MPa,
assuming a constant brine density of ∼1200 kg m–3 at 25◦C) to
165 m NGF (∼1.91 MPa) at ∼15:30 UTC, followed by a constant
pressure phase for about 13 hr. On 2009 February 11, pressure was
lowered again at 04:20 UTC down to 145 m NGF (∼1.68 MPa) at
17:50 UTC. At that time, although pumping was stopped for an hour,
we observed a sharp rise of the brine level, a strong change in the
subsidence regime recorded by deformation instruments (Daupley
et al. 2010) and a sharp increase in the rate of local seismicity
activity (Fig. 3). These changes are interpreted by the start of the
irreversible overburden collapse due to the rupture of the Dolomite,
which led to the surface collapse on February 13 at 4:45 UTC.

2.2 Broad-band seismicity observations during the 3-days
collapse events

At Cerville-Buissoncourt, the use of broad-band seismometer was
mainly motivated by the idea that different types of earthquakes may
well happen. Broad-band records include not only high frequency
(5–50 Hz) signals associated with local microseismic activity due to
the damage of the brittle rocks surrounding the cavern, but also low
frequency (0.017–5 Hz) signals associated with long-period phe-
nomena during the collapse (Jousset et al. 2010) and long-periods
waves associated with remote large tectonic earthquakes.

Seismic signals observed on volcanoes and hydrothermal sys-
tems are classified according to their frequency content (e.g.
McNutt 2000). In our broad-band seismological data, we observed
three types of earthquakes, which we may classify according to their
frequency content, although the contexts are not really the same. At
Cerville-Buissoncourt:

(1) We define microearthquakes the signals containing frequen-
cies ranging 2–50 Hz (Fig. 4, top). It is widely accepted that they
correspond to brittle fractures of stressed rocks.

(2) We define ‘long-period’ (denoted LP) earthquakes the signals
containing frequencies ranging 0.2–5 Hz (Fig. 4, bottom). On hy-
drothermal systems and volcanoes, suggested mechanisms for LP
earthquakes include resonance of fluid-filled cavities (Chouet 1986;
Ferrazzini & Aki 1987; Jousset et al. 2003, 2004) or oscillations
due to fluid-driven flow (Julian 1994). Frequencies are the same at
all stations of the network (two stations are shown), which demon-
strates that the mechanism, which produces those frequencies is a
source process and not a path effect. The presence of brine circulat-
ing in cracks within the collapsing cylindrical overburden may be
one mechanism for such signals.
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210 P. Jousset and J. Rohmer

Figure 3. (a) Seismic record (station CE1) low-pass filtered (0.01–0.1 Hz) showing long period waves from the M ∼ 7.2 Kepulauan Talaud, Indonesia
earthquake. The high amplitude event on February 13 at 4:45 UTC is the surface collapse (see Fig. 4 for details). (b) Same seismic record as in Fig. 2(a)
high-pass filtered (1–30 Hz) revealing microseismic earthquakes associated to the local collapse. High frequency noise on 2010 February 10 from ∼06:00 UTC

to ∼18:00 UTC is due to a snow storm. (c) Number of microearthquakes recorded by the broad-band network correlated with the brine level temporal evolution
(measured at 1 km from the cavern) between 2009 February 10 and 13. The sudden decrease of the brine level on 2010 February 13 at ∼02:00 UTC is due to
instrumental artefact because brine over-flooded out of the well at surface.

(3) Very-long Period (VLP) earthquake have frequencies lower
than 0.2 Hz. They are linked to inertial displacement of material
(e.g. Chouet et al. 2005; Jolly et al. 2012). At the final collapse, the
broad-band stations recorded a large amplitude VLP signal (Jousset
et al. 2010) clearly associated with the surface collapse (See photo
of the lake after cavern collapse, right top panel, Fig. 2 and the
seismic signal and its spectrum in Fig. 5).

Fig. 5(a) shows details of the signals recorded during the surface
collapse. The spectral content of the collapse signal is very rich
(Fig. 5b), reflecting many mechanisms, including brittle fracture
within the collapsing blocks, brine flow from the cavern to the
surface and inertial movements of the large blocks of the overburden
falling down into the cavern. We note a dominant period around
10–15 s. This period corresponds to oscillations starting just at the
time of the final collapse lasting several minutes (signal not shown
in Fig. 5). This observation suggests that a resonance mechanism
takes place after the surface collapse and was triggered by the
collapse itself. Oscillating inertial waves (‘seiche’) within the newly

formed lake (Jackson 1833) after the collapse may be invoked. A
fundamental frequency of 12 s requires a depth for the newly formed
lake about 50–100 m (with a diameter of 200 m, see Fig. 2), which
is the order of magnitude of the cavern’s height before its collapse.
We discuss the significance of this peak further later in the paper
as a possible natural resonance frequency of the cavern + conduit
system.

2.3 Dolomite rupture and teleseismic remote waves

The number of microseismic events is strongly correlated with the
phasing of the brine pumping operations resulting in pressure lower-
ing (Fig. 3). From few microearthquakes per day prior to the starting
of the pumping operations, the number of earthquakes slightly in-
creased to less than 10 earthquakes per hour in the 3 hr preceding
the Dolomite rupture. The local microseismic events rate increased
to more than 200 earthquakes per hour on February 11 at 17:50
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Triggering of microseismicity at Cerville 211

Figure 4. (a) Three-component records of the ground velocity records at station CE1 for two types of earthquakes; (top panel) microearthquake associated
with brittle rupture; (bottom panel) long-period earthquake overprinted with small microearthquake. (b) Corresponding spectra of the signals shown in Fig 3a.
Note the similar frequency content in the long-period earthquake seen at two different stations (spectrum at CE3 is also shown).

UTC for more than 40 min. The number of earthquakes decreased
to down to about 50–70 microearthquakes per hour 2 hr later. It
remained at about the same level up to the surface collapse. In total,
more than 5000 microearthquakes were recorded on the broad-band
stations.

Surprisingly, the dramatic increase in local seismicity rate occurs
within seconds of the arrival of body and surface waves generated
by an M ∼ 7.2 earthquake at 17:34:50 UTC at Kepulauan Talaud
(Indonesia, latitude ∼3.902◦, longitude ∼126.4◦, depth 20 km), that
is, ∼11 800 km distant from the cavern (Figs 3 and 6).

Careful analysis of the occurrence times of the microearthquakes
with respect to the remote waves reveals that the most power-
ful microearthquakes (based on amplitudes) occurred when sur-
face waves passed on the cavern (Fig. 6); in addition, at sev-
eral occasions body wave’s phases were also accompanied with
single larger microearthquake. The first large microearthquake
is in phase with the SKiKP phase (at 17:56:46 UTC); the fol-
lowing largest microearthquakes happen after the phases PS
passed (18:02:45 UTC) and at the time of the PKKP se-
quence (18:04:30–18:04:50 UTC). Then, several small earthquakes
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Figure 4. (Continued.)

occurred during the SKKP and SKKS phases with a swarm of
larger microearthquakes (18:09:30–18:10:00 UTC). Another high
frequency microearthquakes swarm occurred at 18:18 UTC, with no
apparent correlation with expected arrival of waves (Lay & Wal-
lace 1995) from the Kepulauan Talaud earthquake. The dramatic
rate increase occurred at 18:24:30 UTC, and coincides with the
beginning of the Rayleigh waves train (Fig. 6). The relative mi-
croearthquake magnitudes (based on the amplitudes) were much
higher when the seismicity rate was higher. The correspondence

between the amplitude peaks of the surface waves and the occur-
rence of microearthquakes is sometimes striking (Fig. 6b). Note that
once the surface waves train had passed, both microseismicity rate
and amplitudes decreased (Figs 3 and 9).

These observations suggest the triggering of the local seismicity
by stress changes due to remote long period seismic waves. There-
fore, we naturally question the possible mechanism for the causal
relationship between the passage of the earthquake and the sudden
increase of the local seismicity activity, that is, the possible remotely
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Figure 5. (a) Three component record of the ground velocity record at station CE1 at the time of the surface collapse. (b) Corresponding spectra revealing the
strong very-long-period component of the collapse and low frequency content in the signals. Note the peak at ∼0.1 Hz (especially visible on the NS component
of both stations), which corresponds to the resonance of the collapsed cavern just after the surface collapse, suggesting a natural frequency of the cavern +
brine + overburden system at long periods (10–20 s).

triggered increase of overburden damage, and possibly acceleration
of the collapse.

3 C R I T E R I A F O R R E M O T E
T R I G G E R I N G

3.1 Previous observations

Stress changes induced by earthquakes are categorized as (1) per-
manent, that is, static and (2) transient, that is, dynamic asso-
ciated with the passage of seismic waves (Manga et al. 2009).
The amplitude of static stress decays as power-law function
of the distance from the epicentre with exponent −3, whereas
dynamic stresses propagating with seismic waves decays more
slowly as a power-law function of the distance with exponent
∼−1.5 and −2 for surface and body waves, respectively (Hill &
Prejean 2007), the former type of waves inducing the largest am-
plitude shaking (Brodsky & Prejean 2005). As suggested by vari-
ous authors (Gomberg et al. 2001; Manga & Brodsky 2006; Hill
& Prejean 2007), only dynamic stresses are significant in the far
field.

Several studies (Peng et al. 2009; Rubinstein et al. 2009; Cannata
et al. 2010) outlined that one major controlling factor in the remote
triggering potential of a teleseismic earthquake is the peak dynamic
stress magnitude of the order of a few to tens of kilopascals. For
instance, Cannata et al. (2010) reported a peak dynamic stress of
13 ± 3 kPa and 4 ± 0.7 kPa at Etna volcano (Italy) for an M ∼ 6.8
Southern Greece earthquake in 2006 (760 km distant) and the M ∼
7.9, Sichuan province (China) earthquake in 2008 (7830 km distant),
respectively. Even smaller threshold values have been reported, that
is, 7–8 kPa threshold recently inferred by Chao et al. (2011) at
Taiwan based on 45 teleseismic earthquakes, or 2.4 kPa threshold
estimated for the 2007 Mw 8.1 Solomon event, or tremor-triggering
with ∼2–3 kPa threshold at Parkfield in central California (Peng
et al. 2009), or long-range triggering down to ∼0.1 kPa in some
instances (van der Elst & Brodsky 2010).

3.2 Dynamic strain and stress computation

After instrumental responses have been removed from our broad-
band records, peak particle velocity of the surface waves (dominant

C© 2012 The Authors, GJI, 191, 207–223

Geophysical Journal International C© 2012 RAS

D
ow

nloaded from
 https://academ

ic.oup.com
/gji/article/191/1/207/586405 by guest on 23 April 2024



214 P. Jousset and J. Rohmer

Figure 5. (Continued.)

Figure 6. Details of time correlation between stress changes due to remote teleseismic long-period waves recorded at station CE1 associated to local
microearthquakes (a) Body wave correspondence. (b) Detail of the surface wave correspondence; longitudinal and transverse signals (see text for details).
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Figure 6. (Continued.)

frequency of 0.03–0.1 Hz) reach ∼4.5 10−5 m s–1. We note that this
small value is almost twice as high as the expected amplitude value
(Lay & Wallace 1995); this may be explained by the presence of
the cavern (Nasseri-Moghaddam et al. 2007) which traps and con-
centrates seismic energy, increasing the amplitude of the ground
response above and around the cavern (Smerzini et al. 2009). The
increased dynamic stress could therefore contribute to amplify pos-
sible triggering mechanisms of local microseismicity around the
cavern, even if of low amplitude. In order to estimate the dynamic
stress generated by the surface waves on the cavern, we used two
methods.

In the first method, we investigate stress at the cavern depth from
our surface observations. We extrapolated the observed dilatational

strains to depth using solutions for Rayleigh wave equation for
a simple half-space structure (e.g. Lay & Wallace 1995), and we
calculate the displacements and then the resulting strain and stress
components. Miyazawa & Brosdky (2008) showed that the normal
strain changes across radial err and vertical ezz directions and the
shear strain changes erz at depth can be obtained by

err = eref
rr

uz(z=0)
uobs

z

ezz = eref
zz

uz(z=0)
uobs

z

erz = ezr = 1

2

(
ur,z

ur (z=0)
+ uz,r

ur (z=0)

)
uobs

r (1)
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with

eref
rr = −A0k2cos(kr − ωt)

[
exp(−ωηαd) + 1

2

(
c2

β2
− 2

)

× exp(−ωηβd)

]

eref
zz = A0k cos(kr − ωt)

[
cωη2

αexp(−ωηαd) + ω

2c

(
c2

β2
− 2

)

× exp(−ωηβd)

]
ur,z

ur (z=0)
=2

β2

c2

[
ωηαexp(−ωηαd) + ωηβ

2

(
c2

β2
− 2

)
exp(−ωηβd)

]

uz,r

ur (z=0)
=2k

β2

c2

[
cηαexp(−ωηαd) + 1

2cηβ

(
c2

β2
− 2

)
exp(−ωηβd)

]

uz(z=0) = A0k cos(kr − ωt)

[
cηα + 1

2cηβ

(
c2

β2
− 2

)]
, (2)

where A0 is a constant, k is the wave number, ω is the angular
frequency, r is the radial distance, d is the depth, t is the time, α is
the compressional wave velocity, β is the shear wave velocity and
c is the phase velocity of the Rayleigh wave, uobs

z and uobs
r are the

observed vertical and radial (in the direction of the Rayleigh wave
propagation) components of the displacement at surface, uz(z=0) is
the observed vertical particle motion at surface, and

ηα =
√

1

c2
− 1

α2
, ηβ =

√
1

c2
− 1

β2
. (3)

The Rayleigh-wave dynamic stress tensor with compression
taken as positive is

δTR = −[κδ�(t)I + 2GδD(t)], (4)

where κ and G are the bulk and shear elastic modulii, respectively;
δ�(t) = eii (t) is the dynamic dilatational strain; I is the identity
matrix; and

δD(t) = δE(t) − 1

3
δ�(t)I

δE(t) = [ei j (t)]
(5)

Similar formulas can be derived for Love waves (Hill 2010). This
approach leads to dynamic stresses ranging 1–2 kPa.

In the second method, we took the opportunity to have close
stations (distance of about 250 m) in order to estimate the strain
only from our records. We integrated the three-component velocity
records into displacement records at each station. Knowing the
relative positions of the stations (Fig. 2) and elastic properties
(Table 1), we computed the dynamic strain and stress tensors with
time. By analysing stresses for different waves in our record, we
obtain peak dynamic stress values in the range 0.1–2 kPa. For in-
stance, P-wave corresponds to a peak-to-peak dynamic stress of the
order of 0.4 ± 0.2 kPa. The S-wave corresponds to a peak-to-peak
dynamic stress reaching 1 ± 0.5 kPa. Both Love and Rayleigh waves
correspond to peak-to-peak dynamic stresses up to 2 kPa.

Stresses are dependent on the layer where the stress is com-
puted and may be influenced by the regional stress. The Cerville-
Buissoncourt sedimentary deposits comprise marls sandstones and
the Dolomite layer (Fig. 2; Table 2). Higher dynamic stresses are ob-
tained in the large rigidity Dolomite layer. The regional stress in the
area is poorly known, and we assume it to be isotropic (Nothnagel
2003; Mercerat 2007).

3.3 Near critical state of the fluid-filled cavern

To be sensitive to such small dynamic stresses, the system compris-
ing the low pressurised brine cavern, the highly stressed Dolomite
layer should be in near critical state, that is, close to or undergo-
ing failure, before the arrival of the waves (Di Grazia et al. 2009;
Rubinstein et al. 2009; Gomberg 2010; Hill 2010; Cannata et al.
2010).

Several observations at the Cerville-Buissoncourt site before the
2009 collapse have shown the susceptibility of the system ‘brine-
filled cavern + Beaumont dolomite + overburden’ to change in
response to very small stress perturbations (Mercerat et al. 2010).
The evolution of vertical displacements recorded at extensometers
located at the Dolomite layer depth was monitored during two pres-
sure tests conducted in 2005 and 2007. They consisted in a short
brine pressure lowering (of 40 and 20 kPa, respectively) followed
by a pressure restoration to its initial value. Negligible recovery in
the strain-metre data in the pressure restoration phase indicated an
irreversible behaviour of the cavern overburden and a very likely
damaged state of the intercalated marls composing the overburden
(Mercerat et al. 2010). During the pumping operations in 2009 aim-
ing at the cavern collapse, the brine pressure was lowered by a much
larger value (more than 70 kPa); therefore, small stresses variation
could be sufficient to trigger the collapse. The cavern was therefore
about to collapse when the long-period remote waves hit it.

In order to quantify the near critical state of the system prior
to the collapse, we modelled the pressure changes of inner cavern
pressure induced by pumping operations using 2-D axisymmetric
elastic finite-element simulations of the cavern (see mesh in Fig. 2d).
The cavern dimensions are monitored directly with in situ (courtesy
of the exploiting company), but due to the risk of sudden collapsing
associated to a late survey, the exact cavern geometry was not known
in 2009. We assumed its geometry (radius of about 100–120 m and
height of about 40 m, see Fig. 2) from the last sonar survey in
2004 and the location of earthquakes seismicity (Daupley, private
communication 2011). The top of the cavern is located at ∼130 m
depth (below the Beaumont dolomite layer). Assuming an in situ
initial stress state isotropic and equal to the lithostatic vertical stress,
the spatio-temporal evolution of stress state during the pumping
phasing of 2009 is calculated so that both excavations of the cavern
and changes of inner cavern pressure were modelled by modifying
the nodal forces applied at the cavern walls.

Let us define the failure zone as the region where the Coulomb
stresses σ coul exceed zero. The Coulomb stresses σ coul are formu-
lated from the minimum and maximum principal stresses σ min and
σ max obtained from the elastic calculations (King et al. 1994), and
assuming that a cohesionless fluid-filled fracture could exist at any
point of the studied zone

σcoul =0.5 · (σmax−σmin) · (sin(2β)−μcos(2β))−0.5 · (σmax+σmin),
(6)

where μ∗ of average value 0.4 (e.g. King et al. 1994) is the effective
friction coefficient accounting for the presence of fluid within the
fracture and is expressed according to standard isotropic poroelastic
relation μ(1−B) with μ the friction coefficient and B the Skempton’s
coefficient, typically ranging from 0.5 to 0.9 (e.g. Roeloffs 1996).
The orientation angle of the cohesionless fracture β is assumed to
be critically oriented accordingly to the stress directions so that β =
0.5.arctan(1/μ∗). Fig. 7 depicts the evolution of the failure zone
estimated for μ∗ varying between 0.4 and 0.6 during the pumping
phases. It shows that the zone of failure is very likely to cross the
whole cavern overburden (the stiff Dolomite and marls), that is,
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Triggering of microseismicity at Cerville 217

Figure 7. Evolution of the Coulomb stresses calculated for optimally oriented cohesion-less fractures assuming different effective friction coefficient μ∗
(varying between 0.4 and 0.6) during the pumping phases (a: start of pumping with brine level hbrine = 200 m; b: constant pressure phase with hbrine = 165 m;
c: lowest brine level phase with brine level hbrine = 145 m). The heavy black line defines the volumes of the brine-filled cavity and the underlying collapsed
rocks.

creation of a macro-scale discontinuity, considering μ∗ of ∼0.5.
The influence of μ∗ is further discussed later.

4 M E C H A N I S M S F O R DY NA M I C
T R I G G E R I N G

4.1 Triggering mechanisms

Though the underlying physical mechanisms for dynamic triggering
remain a matter of continuing research studies, two main mecha-
nisms are usually invoked to explain remote triggering, either (1)
fluid activation and transient deformation, for example, (Miyazawa
& Brosdky 2008), and (2) frictional failure on critically stressed
faults (Hill 2010). The first mechanism is generally characterized
with a delay in the triggered seismic swarm occurrence with dom-
inant energy release developing hours to days after the passage of
the surface waves (Hill 2010) and recently observed at Mount Etna
(Cannata et al. 2010) with a delay of 2 hr of the swarm occurrence
after the passage of the earthquake waves. Careful look at the timing
of the microearthquakes with respect to the long period waves indi-
cates that most large microearthquakes occur at the time or shortly
after the Rayleigh waves hit the cavern (Fig. 6a), with a more sig-
nificant correspondence with the longitudinal signal (Fig. 6b). We
suggest that the second mechanism is therefore more efficient than
the first one in our case, as it is consistent with observed prompt on-
set of triggered seismicity (Hill 2010), although the presence of the
brine may also contribute to a lesser extent or later in the collapse
processes, and more specifically in the resonance of the system as
discussed later.

4.2 High sensitivity of the system

We assume that the surface-wave dynamic stresses induce a trig-
gered response, which corresponds to an initiation of fracture slip by
temporarily boosting the total stresses acting on the preexisting frac-
ture planes toward the failure threshold. We approximate the failure
threshold by a combination of Coulomb failure for dynamic shear
stresses and by Griffith mixed-mode failure for dynamic dilatational
stresses (Hill 2010). Failure once initiated will be controlled by dy-
namic friction, rate-state friction, or crack-growth dynamics (Noda
et al. 2009). Let us define the increment of stress δT as the addi-
tional stress magnitude necessary to initiate the whole rupture of
the Beaumont dolomite layer (creation of a macroscale discontinu-

ity across the formation), so that σ coul + δT exceeds zero over the
whole thickness of the Beaumont dolomite layer.

Fig. 8 depicts δT assuming μ∗ = 0.495; 0.497 and 0.5 (Figs 8a–c,
respectively) and shows that δT varies from a few kilopascals to tens
of kilopascals. Focusing on the point 1 where δT is minimum, the
parametric analysis (Fig. 6d) demonstrates the very high sensitivity
of δT to μ∗ such that it ranges from ∼2 to ∼20 kPa when varying
μ∗ by an increment of only 0.005 (1% of the nominal value of
0.5), corresponding to a change of less than 1◦ in terms of effective
internal friction angle.

Aside the uncertainties on both the cavern geometry and in situ
conditions (e.g. rock properties, initial stress, and fractured state),
several physical processes are not fully appreciated and deserve
further investigations: ductility of the marls constituting the cavern
surroundings that may have played a role in the 2005 and 2007
pressure tests (see above); strength and modulus degradation due
to damage localization and accumulation over the loading whole
history of the system from 2004 to 2009 (see e.g. Amitrano 2006);
fluid-mechanical interaction such as liquefaction as invoked to ex-
plain failure of fault gouge (Gomberg et al. 2001) and possibly
the softening-to-weakening dynamic non-linear behaviour of the
fractured (quasi granular) medium surrounding the cavern (see ex-
perimental studies at lab scale by Johnson & Jia 2005). Hence, care
should taken not to consider the calculated δT of 2–20 kPa as a
direct comparison measure, but rather as evidence of the unstable
state reached by the system at the final stage of pumping and during
the passage of teleseismic surface waves.

A complementary approach to the afore-described physical-
based method would focus on the investigation of the statistical sig-
nificance of the suspected dynamic triggering. Over the last decades,
several statistical tests have been developed (see a review by Marsan
& Nalbant 2005), either using modified versions of the commonly
used β-statistic (see Gomberg et al. 2001 and Hough 2005), or us-
ing new statistic, as the one recently developed by van der Elst &
Brodsky (2010) based on the interevent times. The basis of all these
statistical tests is the estimate of the probability of the observed
increase on the number of earthquakes (see Fig. 3) occurring by
chance using an estimate of the background seismic rate, that is,
analysing a local earthquake catalogue over the study period. Yet,
this approach in the case of Cerville-Buissoncourt would require
analysing the events when the system has reached its critical state,
that is, over a very short time interval (less than a few days or even
hours), hence greatly limiting the number of events in the catalogue
and its completeness.
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218 P. Jousset and J. Rohmer

Figure 8. (a), (b), (c): Iso-contour of the increment of stress magnitude δT (expressed in kPa) necessary for the failure zone to cross the entire thickness of the
dolomite layer. The failure zone is defined as the region where the Coulomb stresses exceed zero, respectively assuming μ∗ = 0.495; μ∗ = 0.497 and μ∗ = 0.5.
The point 1 indicates the location where δT and μ∗ were sampled, as shown in (d): relationship between δT and μ∗ at the point 1; the values δT corresponding
to each cases (a, b, c) are reported.

Therefore, we restrict our analysis to the inspection of the large
earthquake (magnitude larger than 7) catalogue in the year preced-
ing the collapse. This analysis did not reveal any change of the
seismicity rate when surface waves passed at the cavern site. This
confirms that seismicity triggering under normal conditions does
not occur and that triggered seismicity requires the system to be in
a critical state.

4.3 Role of frequency

The cavern rupture initiation may not be only explained by the
magnitude of the stress perturbation. As outlined by several authors
(Brodsky & Prejean 2005; Peng et al. 2009; Rubinstein et al. 2009;
Guilhem et al. 2010; Chao et al. 2012), the transient nature of the
teleseismic waves, and the frequency content of the signals, may
also play a role.

In particular, one commonly invoked mechanism for mi-
croearthquake triggering is oscillatory stress changes due to Earth
tides (e.g. Cochran et al. 2004; Metivier et al. 2009; Hawthorne &
Rubin 2010). The amplitude of the stress is about 1 kPa for the M2

phase, that is, of the same order as the one recorded during the pas-
sage of the surface waves at Cerville-Buissoncourt, but of very long
period of ∼12 hr, that is, far larger than the 30 s period suggested
by several authors. For instance, Brodsky & Prejean (2005) have
suggested that long-period waves with dominant periods of about
30 s are more effective at generating local seismicity than short
period waves of comparable amplitude. Yet, the role of Earth tides
in modulating the earthquake rate accurately would be very chal-
lenging to investigate due to the short duration of the experiment at
Cerville Buissoncourt.

A possible triggering process linked with a well-defined range
of frequencies was also suggested at laboratory scale. Experiments
either on nanoscale contacts (Socoliuc et al. 2006) or at larger

scale, on sheared granular media (Johnson & Jia 2005) showed that
small mechanical vibrations may help in driving a contacting sliding
interface out of equilibrium when applied at suitable frequency and
amplitude ranges. More recently Capozza et al. (2009) showed the
appearance of a friction suppression regime in a well-defined range
of frequencies that depends among others on the wave amplitude
and on the loading. Furthermore, cyclic fatigue from the oscillatory
waves may also be invoked as proposed by Gomberg et al. (2001).

Fig. 9 shows the relations of the observed microseismicity and fil-
tered signals of the longitudinal and transverse long-period records.
We show that the frequency content >0.1 Hz has no influence on
the triggering of the high-frequency events. Microearthquakes were
generated during the whole period of longitudinal and transverse
waves (Fig. 9). The occurrence of microearthquakes started as soon
as longitudinal signals (Rayleigh waves) with periods around 30 s or
above hit the cavern (see e.g. the temporal correlation of the swarm
of high-frequency events occurring around 18:24 in Figs 6 and 9).
We acknowledge that the role of frequency may be more complex
and a time-dependency effect may exist, as the frequency threshold
for triggering appears not to be the same over the passage of waves.
The swarm of high frequency events occurring before 18:36 (Fig. 9)
may be correlated with the events within the range 0.033–0.05 Hz,
but the swarm just after 18:36 (Fig. 9) may both be related to events
within the range 0.033–0.05 Hz and 0.05–0.1 Hz.

We note that the excitation frequencies of the surface waves
may be in the range of the natural frequency of the cavern system
(dolomite, fluid-filled cavern and overburden). In Fig. 5(b), we ob-
served a resonance frequency at ∼12 s; although the system is not
the same before and after the collapse, we may interpret this value
as being close to the natural frequency of the cavern system before
its collapse.

As aforementioned, the exact cavern shape at Cerville-
Buissoncourt was unknown in 2009 and instead of trying to model
accurately the resonance natural frequency of the complex shape,
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Triggering of microseismicity at Cerville 219

Figure 9. (a) Longitudinal (in the direction of the earthquake azimuth) and (b) transversal (in the direction perpendicular to the earthquake azimuth) of the
seismic records station CE1 for different frequencies indicated at the upper left part of each trace. It appears that triggered seismicity started for Rayleigh waves
at very long periods, and then that all periods (30 to 5 s) contributed.
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we rather estimated it from simple approaches. Approximating the
cavern system as a sphere (Kubotera 1974) does not satisfactorily
explain our observations. For a cavern of radius r filled with a fluid
having acoustic velocity α the underground cavern fundamental
mode of vibration frequency f0 may be approximated by

f0 ≈ 4.4

2π

α

r
. (7)

Using eq. (7), a resonance fundamental period <20 s requires a
cavern radius >20 km. The over-simplified geometrical vision of
the cavern may overlook a major structural aspect corresponding to
the fluid-filled channels (conduits) of several metres thick located
behind the cavern in the salt layer (outlined by the white lines A and
B in Figs 1 and 2). On this basis, we invoke a model of the resonance
of the brine-filled NS exploitation conduit. Pressure waves initiated
by the collapse travelled within the brine into the conduit. The
impedance contrast between the brine and the surrounding rock
traps the seismic energy into the conduit generating the resonance.
Similar models have been invoked on volcanoes to explain the
occurrence of long-period signals (Chouet 1986; Neuberg 2000).
This type of models was studied in great detail, as they are able to
explain many characteristics of long-period signals with reasonable
resonator sizes (Ferrazzini & Aki 1987).

In order to find the natural frequencies of the system, we inves-
tigated the impulse response of the exploitation conduit modelled
as a 1-km long, 5 to 10 m thick dyke filled with brine (density of
1100 kg/m3; acoustic velocity of 1500 m/s). We modelled wave
propagation in viscoelastic media with finite-difference methods,
following the approach of Jousset et al. (2003) and Jolly et al.
(2012). We numerically triggered a 10 s long source in the dyke at
a defined location within the conduit and recorded at the surface
the spectral response. Modelled as a sinc function, this approxi-
mate source has constant amplitude for all frequencies below a cut
frequency chosen arbitrarily at 5 Hz, value allowing numerous res-
onance modes to be modelled and recorded at surface above the
conduit. The time step is 0.0001 s and grid nodes are defined with
0.5 m spacing. Absorbing boundary conditions at the side of the
domain and a free-surface condition are used like in Jousset et al.
(2003). We computed several models with different source location.
For all models, the natural frequencies of the resonator have higher
amplitudes. At constant geometry (we use a dyke model having
1 km long, 10 m thick), the natural dominant frequencies of the
system appear, wherever the impulsive source is located. However,
amplitudes for each mode in different source location may be dif-
ferent as they may be excited with different amplitude depending
on the position of the source. In order to excite the lowest frequency
of resonance (fundamental mode) we triggered the source in the
middle of the conduit. We found the period with the largest am-
plitude at about 10 to 30 s (Fig. 10). Note that the interface waves
propagating along the interface between the brine and the salt and
producing the resonance are dispersive (Chouet 1986; Jousset et al.
2003; Jousset et al. 2004; Karpfinger et al. 2010). We neglected the
dispersion in our modelling as we focus of the order of magnitude
of the resonance period.

On the basis of those over-simplified models, we suggest that the
excitation frequencies of the remote earthquake waves, although of
small amplitudes, may have provided vibrations with frequencies
spanning values close to the natural resonance frequency of the
cavern + brine overburden system. This could have contributed to
amplify displacements and increase the local stress changes and
trigger micro-earthquakes.

5 S U M M A RY A N D F U RT H E R W O R K S

We monitored the collapse of a salt cavern with three broadband
seismometers. We document for the first time in a mining environ-
ment, three types of earthquakes (brittle-like micro-earthquakes,
Long Period events and Very Long Period earthquakes), similar to
those recorded in volcanic or hydrothermal systems. We surmise
that the existence of such similarities is due to the presence of fluid
in cracks, under stress conditions.

We demonstrated that the cavern was in a critical state, prone to
collapse, by modelling the stress around the cavern by means of 2D
axisymmetric elastic finite-element simulations. We acknowledge
the oversimplification of our modelling as plasticity, the role of flu-
ids and the possible dynamic non-linear behaviour of the damaged
overburden were not fully incorporated, and we suggest further nu-
merical modelling investigations using for instance distinct element
method (Hazzard & Young 2004).

We found that waves generated by an M∼7.2 earthquake at more
than 10000 km were clearly correlated with micro-earthquake oc-
currence and more specifically with a dramatic increase in both
number and magnitude of micro-earthquakes. We observed that
micro-seismicity occurred around the cavern during the Rayleigh
waves train from the remote earthquake and neither before or shortly
afterwards.

We investigated the role of the exploitation channels, which may
trap the seismic energy due to the impedance contrast between
the brine and the surrounding rock (Chouet 1986; Neuberg 2000;
Jousset et al. 2003). We showed that the excitation of the system
is poorly explained by the only presence of fluid-filled cavern, but
far better by the presence of these fluid-filled 1 km long horizontal
conduits at the rear of the cavern.

Our analysis suggests that the triggering of microseismicity lead-
ing to the collapse could have been provoked by the passing waves
of the remote earthquake for at least two reasons:

(1) The cavern was ready to collapse so that a slight stress in-
crease was sufficient to trigger microseismicity;

(2) The excitation frequency was close to the resonance fre-
quency of the fluid-filled cavern and channel, which amplified the
ground response by a factor of 2 as observed compared to the ex-
pected Rayleigh wave amplitude.

This may explain why the seismicity rate increased very suddenly
and sharply and did not follow a pattern like power-law accelerations
described in failure forecast methods (Bell et al. 2011).

Both surface waves have frequencies ∼10–30 s of the same order
as the natural resonance frequency. Distinguishing between contri-
butions of Love and Rayleigh waves as main contributors to mi-
croseismicity is not straightforward. The correspondence between
microearthquakes and the passage of Rayleigh waves (Fig. 6b) in-
dicate that Rayleigh waves were the most efficient for triggering
the microearthquakes. Can we identify which fractures were first
initiated? This question would need investigating the relative con-
tribution of the normal stress versus tangential stress for specific
fracture planes with various dip and azimuth with respect to the
direction of the propagation of the remote waves. Based on Hill
(2008, 2009, 2010), we computed stresses for several crack orien-
tation and we find that for all crack directions and dip, the largest
stress contribution is the normal component for the Rayleigh wave,
which is in accordance with our observation. Further analysis of
the triggered swarm of microearthquakes (moment tensor analysis)
may help in defining the respective role of normal and tangential
components for both Love and Rayleigh waves.
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Triggering of microseismicity at Cerville 221

Figure 10. (a) Synthetic signals computed for an array of several virtual seismometers along the 2-D conduit; its location is indicated with the thick black line.
The ultra long period of about 20 s corresponds to the fundamental frequency of the fluid-filled conduit. (b) Spectral content of the vertical component of one
of the records above the conduit.

These results could be the start of new research investigations
with respect to unstable systems in mining environment con-
tinuously subjected to internal fluctuations and under the threat
of external forces, like natural triggering effects like earth tides

(Hawthorne & Rubin 2010) or anthropogenic small perturbations
(e.g. drilling activities). Evidence of highly stressed rocks in the
system at Cerville-Buissoncourt was given by Lebert et al. 2011.
They recorded precursors to the collapse in the very-high frequency
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range. The relationship between these precursory signals and micro-
seismicity remains to be examined, in particular with source mech-
anism of microearthquakes (Daupley et al. 2010; Mercerat et al.
2010). Studying these artificially created unstable systems may also
allow gaining further understanding of the dynamics of complex
out-of-equilibrium natural systems like geysers or volcanoes with
pit-craters or even calderas.
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